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Abstract
Landfast ice is near-motionless sea ice attached to the coast. Despite its potential for modifying sea ice and ocean properties,
most state-of-the-art sea ice models poorly represent landfast ice. Here, we examine two crucial processes responsible for the
formation and stabilization of landfast ice, namely sea ice tensile strength and seabed–ice keel interactions. We investigate
the impact of these processes on the Arctic sea ice cover and halocline layer using the global coupled ocean–sea ice model
NEMO-LIM3. We show that including seabed–ice keel stress improves the seasonality and spatial distribution of the landfast
ice cover in the Laptev and East Siberian Seas. This improved landfast ice representation sets the position of flaw polynyas to
new locations approximately above the continental shelf break. The impact of sea ice tensile strength on the stability of the
Arctic halocline layer is far more effective. Incorporating this process in the model yields a thicker, more consolidated, and
less mobile Arctic sea ice pack that further decouples the ocean and atmosphere. As a result, the available potential energy of
the Arctic halocline is decreased (increased) by∼30kJ/m2 (∼30kJ/m2) in the Amerasian (Eurasian) compared to the reference
simulation excluding sea ice tensile strength and seabed–ice keel stress. Our findings highlight the need to better understand
landfast ice physical processes conjointly with the subsequent influences on the ocean and sea ice states.

Keywords Arctic landfast ice · Arctic Ocean halocline · Available potential energy · Sea ice model ·
Ocean general circulation model

1 Introduction

Arctic sea ice strongly modifies the heat, momentum, and
mass exchanges between the atmosphere and the Arc-
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tic Ocean, with far-reaching effects on the global climate
(Bourassa et al. 2013). However, Arctic sea ice has become
thinner (Kwok2018), younger (Maslanik et al. 2011), smaller
in extent (Serreze and Meier 2018), and more mobile (Ram-
pal et al. 2009; Tandon et al. 2018; Lipatov et al. 2021) since
the late 1970s. We expect these changes to continue in the
coming decades (Haine and Martin 2017) as Arctic sea ice
is transitioning towards a seasonally ice-free state (Meredith
et al. 2019).

The Arctic halocline layer is a second barrier, limiting the
interactions between Arctic sea ice and the Arctic Ocean.
This layer lies between the surface mixed layer and the
Atlantic waters of the Arctic Ocean. The Arctic halocline
restricts thermally driven deep convection, enabling sea ice
to grow over deep waters (Untersteiner 1975). Three main
mechanisms have been suggested to explain the formation of
theArctic halocline: 1) salinification of the cold and fresh sur-
face water under sea ice; 2) horizontal advection of cold and
saline continental shelf waters; 3) modified Atlantic waters
due to the melting of sea ice in the ice-covered Arctic shelves
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(Metzner et al. 2020). Observations indicate an erosion of the
Arctic halocline in theEurasianBasin (Steele andBoyd1998;
Polyakov et al. 2017; Timmermans et al. 2018; Polyakov
et al. 2020), concurrent with sea ice loss and increased ocean
heat transport in the Arctic Basin (Årthun et al. 2012; Lind
et al. 2018; Polyakov et al. 2017). The weakening of the Arc-
tic halocline stratification facilitates the intrusion of Atlantic
water into the surface mixed layer, promoting sea ice loss
and atmosphere-ocean interactions (Årthun et al. 2012; Lind
et al. 2018; Polyakov et al. 2017). This process describing
the rising influence of Atlantic water on the Arctic Ocean is
referred to as the “Atlantification” of the Arctic Ocean (e.g.,
Polyakov et al. 2017). In the coming decades, the influence
of Atlantic water is expected to extend farther into the inte-
rior of the Arctic Ocean (Metzner et al. 2020; Årthun et al.
2019).

Landfast ice is the near motionless part of sea ice attached
to the shore, to an ice wall (seaward margin of a glacier
aground), to an ice front (seaward margin of a glacier afloat),
between shoals or grounded icebergs (WMO 1970). Arctic
landfast ice generally forms in early winter, reaches a max-
imum extent around April, and breaks up in June (Mahoney
et al. 2014). It is commonly found in coastal regions of the
Arctic, such as the Canadian Arctic Archipelago (CAA) or
the shelf waters along Siberia (Fig. 1). The landfast ice edge
can extend 100–200km offshore in the East Siberian Sea (Li
et al. 2020). The landfast ice growth is mainly thermodynam-
ically driven, limiting the mean thickness of this type of ice
to∼1.5m in most of the Arctic (Barry et al. 1979; Brown and
Cote 1992; Li et al. 2020).

Fig. 1 Bathymetry (m) of the Arctic Ocean from our configuration of
NEMO-LIM3. The purple boxes mark the regions used for the land-
fast ice analysis. The dashed orange lines indicate the oceanic transect
positions used to assess the Arctic halocline stratification

Landfast ice acts as a buffer zone between drift ice and
the coastline, consequently inhibiting the piling of sea ice
due to convergent ice motion (Itkin et al. 2015). Moreover,
the landfast ice cover shields the shelf water and river runoff
from interactions with the atmosphere in winter (Itkin et al.
2015; Janout et al. 2020). Landfast ice sets the position of low
sea ice concentration areas known as flaw polynyas (Dethleff
et al. 1998; Morales Maqueda et al. 2004). These polynyas
contribute significantly to the total sea ice volume produced
in the Arctic (Tamura and Ohshima 2011; Iwamoto et al.
2014; Preußer et al. 2016). Freezing in flaw polynyas leads to
the formation of dense waters in winter. Part of these dense
waters feed into the Arctic halocline layer (Aagaard et al.
1981). As a result, Arctic landfast ice can influence theArctic
halocline (Itkin et al. 2015).

The modelling community has developed parameteriza-
tions targeting sea ice processes leading to the development
of landfast ice in large-scale sea ice models. We can clas-
sify the most advanced of these parameterizations of landfast
ice processes into two main groups. In the first group, a sea
ice stress term is added to the momentum equation for sea
ice to represent frictional forces between the sea ice keels
and the seafloor. Lemieux et al. (2015) developed a basal
stress parameterization, hereafter referred to as the seabed
stress parameterization, to represent the effect of grounded
ice keels on sea ice dynamics. Dupont et al. (2022) refined
this formulation to account for the subgrid-scale variability of
the sea ice thickness and ocean bathymetry. In addition, Huot
(2021) andVanAchter et al. (2022) simulatedAntarctic land-
fast ice in NEMO-LIM3 by prescribing grounded icebergs as
masked land points. These masked land points act as anchor-
ing platforms for landfast ice. In the second group, the sea ice
rheology is modified to better account for the tensile strength
properties of landfast ice. Olason (2016) and Dumont et al.
(2009) showed that static ice arches are sustainable in mod-
els thanks to the uniaxial compressive strength property of
the commonly used elliptical ice yield curve. König Beatty
and Holland (2010) proposed to modify this yield curve to
include isotropic tensile strength. Indeed, observations sup-
port evidence of a non-zero isotropic tensile strength for
drift ice (Coon et al. 2007) and landfast ice (Tremblay and
Hakakian 2006; König Beatty 2007). Itkin et al. (2015) sim-
ulated landfast ice in the Siberian shelf regions of the Arctic
by prescribing positive isotropic tensile strength and increas-
ing sea ice internal strength in shallow water areas. Later,
Lemieux et al. (2016) improved the simulation ofArctic land-
fast ice by combining ice tensile strength (König Beatty and
Holland 2010) with an ice grounding scheme based on a
seabed stress parameterization (Lemieux et al. 2015). More
recently, Liu et al. (2022) modified the no-slip lateral bound-
ary condition in their sea ice model to include a coastal drag
term. This term expresses the friction between sea ice and
the coastline.
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Today, the physical processes sustaining landfast are not
yet fully understood. Seabed stress schemes improve the sim-
ulation of landfast ice in shallow seas (Lemieux et al. 2015).
However, these schemes are suboptimal over deep waters,
where ice ridges may not reach the seafloor (Lemieux et al.
2016; Dupont et al. 2022). On the other hand, Itkin et al.
(2015) showed that prescribing positive tensile strength in
shallow water regions may also improve the simulation of
landfast ice in the Laptev and East Siberian Seas (LESS).
Nonetheless, available observations poorly constrain the
amount of isotropic and uniaxial ice tensile strengths (Coon
et al. 2007). Liu et al. (2022) suggest including a coastal drag
term in the ice momentum equation to improve the simula-
tion of Arctic landfast ice. Tidal effects further complicate
the modelling of landfast ice by increasing the ocean surface
stress under sea ice thus dynamically weakening the stratifi-
cation of the landfast ice cover (Lemieux et al. 2018).

Updating the tensile stress parameterization results in the
modification of the rheology in the sea ice model; there-
fore, its impacts are not limited to landfast ice modelling, but
also apply to the whole ice pack simulations more or less
(Lemieux et al. 2016; Liu et al. 2022). Yet, these indirect
effects on Arctic sea ice are not well known despite having
the potential to influence the underlying polar ocean. Fur-
thermore, Itkin et al. (2015) demonstrated the influence of
Arctic landfast ice on the Arctic Ocean stratification from the
surface down to 50m. The full extent of the impact of land-
fast ice on the Arctic Ocean stratification remains unknown.
Additionally, most climate studies examining landfast ice
processes rely on relatively high horizontal model resolu-
tions and short periods of time for their analyses (e.g., Itkin
et al. 2015; Lemieux et al. 2015; Olason 2016; Liu et al.
2022). It is unclear how current state-of-the-art landfast pro-
cess schemes would perform using modest horizontal model
resolutions (∼1◦) and more than decade-long simulations.

The main objective of this study is to improve our under-
standing of the importance of landfast ice for the Arctic sea
ice state and to determine the influence of this type of ice on
the stability of the Arctic halocline. First, we implement the
seabed stress parameterization of Lemieux et al. (2015) and
the ice tensile strength formulation of König Beatty and Hol-
land (2010) in our 1◦ horizontal resolution global ocean–sea
ice model NEMO-LIM3. Next, we perform a series of sensi-
tivity experiments of the Arctic landfast ice cover from 1980
to 2015 and compare the results to landfast ice observations
based on the National Ice Center (NIC) sea ice charts (Fet-
terer andFowler 2006;Dupont et al. 2022). Then,we examine
the influence of those parameterizations on various charac-
teristics of the Arctic sea ice cover simulated by the model.
Finally, we evaluate the effects of the landfast ice process
schemes on the stability of the Arctic halocline layer using
the diagnostics introduced by Polyakov et al. (2018). In par-
ticular, we use the available potential energy (APE), which

integrates potential density anomalies from the base of the
Arctic halocline layer up to the sea surface. This diagnostic
allows us to estimate the strength of the stratification of the
Arctic halocline layer quantitatively over its entire thickness
(e.g., Uotila et al. 2006).

Section 2 describes the ocean–sea ice modelling frame-
work NEMO-LIM3, its global configuration, the implemen-
tation of the seabed stress and tensile strength schemes in
NEMO-LIM3, the diagnostics used for assessing the Arc-
tic halocline stability, and the experimental setup. Then,
Section 3.1 presents a validation of the simulatedArctic land-
fast ice cover, mean sea ice state, and halocline layer. Next,
the effects of the landfast ice process schemes on the Arctic
mean sea ice state are examined in Section 3.2. The impact of
these schemes on the Arctic Ocean is investigated in Section
3.3. Lastly, Section 4 provides concluding remarks.

2 Methods

2.1 Numerical models

In this study, we use the modelling framework Nucleus for
European Modelling of the Ocean (NEMO), version 3.6
stable (SVN revision 7169), which couples the Océan PAral-
lélisé (OPA) ocean model with the Louvain-la-Neuve sea
ice model, version 3 (LIM3). OPA is a finite-difference,
hydrostatic, primitive equation model using the Boussinesq
approximation (Madec et al. 2017). The turbulent kinetic
energy (TKE) closure model solves the vertical ocean eddy
viscosity and diffusivity coefficients using a prognostic equa-
tion for the TKE and a closure assumption for the turbulent
length scales (Blanke and Delecluse 1993; Madec et al.
2017). LIM3 is a state-of-the-art thermodynamic-dynamic
sea ice model (Vancoppenolle et al. 2009; Rousset et al.
2015). This model features a discrete subgrid-scale ice thick-
ness distribution (ITD) (Thorndike et al. 1975) configured
with five ice categories. The boundaries of the thickness cat-
egories used in our simulations are 0, 0.45, 1.13, 2.14, 3.67
and 99m (Massonnet et al. 2019, see Eq. 2 ). The formula-
tions of Bitz and Lipscomb (1999) and Vancoppenolle et al.
(2007) solve the vertical sea ice thermodynamics for each
ice category using five layers of ice and one of snow. The
second-order moment-conserving scheme of Prather (1986)
advects the sea ice and snow properties for each thickness
category. The modelling of the ice interactions is based on
the viscous-plastic rheology with an elliptical yield curve
(Hibler 1979). This rheology is solved by iteration using the
elastic-viscous-plastic (EVP) method (Hunke and Dukowicz
1997; Bouillon et al. 2009). This method adds an artificial
time scale term to control the rate of damping of elasticwaves
for regularization.
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2.2 Configuration of the numerical models

The ocean starts from rest with the temperature and salinity
fields initialized from theWorld OceanAtlas 2013 (WOA13)
climatology (Locarnini et al. 2013; Zweng et al. 2013). Grid
cells are initialized with sea ice when the sea surface tem-
perature (SST) is less than 2◦C above the freezing point
of seawater. We prescribe river runoffs with the climato-
logical dataset of Dai and Trenberth (2002) north of 60◦S.
In the south of this latitude, the product of Merino et al.
(2016) prescribes the freshwater flux due to melting ice-
bergs. Themodel distributes the ice shelf calving fluxes along
the calving front, following Depoorter et al. (2013). NEMO-
LIM3 uses a sea surface salinity (SSS) restoring towards the
WOA13 climatology to avoid spuriousmodel drifts. Its relax-
ation is reduced proportionally to the ice concentration to
preserve ocean–ice interactions in polar regions. The relax-
ation time scale is equivalent to 300 days for a mixed layer
depth of 50m in the absence of sea ice.

The ocean and sea icemodels share the same1◦ curvilinear
tripolar horizontal ORCA grid (Madec and Imbard 1996).
This horizontal grid has a cell edge length of ∼112km at the
equator, down to ∼46km in the Arctic Ocean. There are 75
levels along the vertical axis in partial step z-coordinates. The
vertical resolution ranges from 1m near the ocean surface to
200m near the ocean floor, following a double hyperbolic
tangent function.

The surface boundary conditions of NEMO-LIM3 are
computed using the formulation of the Coordinated Ocean-
ice Reference Experiments (CORE-II) of NEMO-LIM3.
We select the DRAKKAR forcing set (DFS), version 5.2
(Brodeau et al. 2010; Dussin et al. 2016) to prescribe the
atmospheric surface state. This atmospheric dataset, which
covers the period 1958–2015, extends the ERA-interim
reanalysis (Dee et al. 2011) prior to 1979 using the ERA40
product (Uppala et al. 2005) and a set of corrections (Dussin
et al. 2016). DFS provides NEMO-LIM3 with the wind
velocity components at 10m, the specific humidity and air
temperature at 2m, the solid and liquid precipitation rates,
and the shortwave and longwave radiations.

2.3 Landfast ice process parameterizations

2.3.1 Sea ice tensile strength scheme

Our implementation of the sea ice tensile strength in LIM3
is identical to the ones of Huot (2021) and Van Achter et al.
(2022). This implementation is based on the initial work by
König Beatty and Holland (2010) and the later studies by
Itkin et al. (2015) and Lemieux et al. (2016). We adjust the
isotropic tensile strength (T ) using the parameter kt = T /Pp,
where Pp is the compressive sea ice strength (Lipscomb et al.
2007) . kt = 0 is equivalent to no tensile strength (T = 0).

kt = 1 gives asmuch tensile strength as compressive strength
(T = Pp).

The constitutive law relates the components of the inter-
nal ice stress tensor, σ11, σ12 and σ22, to the components
of the strain rate tensor: the horizontal divergence DD =
∂u/∂x + ∂v/∂ y, tension DT = ∂u/∂x − ∂v/∂ y and shear
DS = ∂u/∂ y + ∂v/∂x strain rates, where u and v are the
horizontal ice velocity vector components. Let us define e
as the eccentricity of the elliptical yield curve (ellipse ratio)
for sea ice, � a measure of the deformation rate given by√
D2

D + (D2
T + D2

S)/e
2, σ1 = σ11+σ22 and σ2 = σ11−σ22.

The internal stresses are determined by:

∂σ1

∂t
+ σ1

2Td
+ p

2Td
= ζ

Td
DD (1)

∂σ2

∂t
+ e2σ2

2Td
= ζ

Td
DT (2)

∂σ12

∂t
+ e2σ12

2Td
= ζ

2Td
DS (3)

where ζ is the bulk viscous coefficient, p is a pressure like-
term, and Td corresponds to the elastic damping timescale.
Following König Beatty and Holland (2010), ζ = Pp(1 +
kt )/(2�) and p = (1 − kt )P . P is a replacement pressure
term for Pp to ensure that p tends to zero when the defor-
mation rate is near zero. Further, � is imposed a minimum
value to avoid divisions by zero.

In sea ice models, the resistance of sea ice to tension has
customarily been defined as null at a large scale, assuming
that the number of ice leads is large in 100km elements (Coon
1980). However, observational evidence has shown that this
assumption is not valid for sea ice on scales from10 to 100km
(Coon et al. 2007) and landfast ice (Tremblay and Hakakian
2006; König Beatty 2007). The tensile strength is often given
as 1/20th of the compressive strength (kt = 0.05) (e.g.,Hibler
and Schulson 2000;Wang 2007; Lemieux et al. 2018). Trem-
blay and Hakakian (2006) suggest a range of values for kt
between 0.5 and 0.8 based on reanalyses and satellite obser-
vations.

Setting e = 2 is usual in most sea ice models based on
a viscous-plastic ice rheology (Bouchat et al. 2022; Hut-
ter et al. 2022). This value is standard for e in LIM3. Yet,
observations poorly constrain this parameter. Models stud-
ies exhibit better representations of landfast ice and reduced
ice thickness biases for e < 2 (Miller et al. 2005; Dumont
et al. 2009; Lemieux et al. 2016). Furthermore, Bouchat and
Tremblay (2017) found a better agreement between the sim-
ulated and observed PDFs of the ice deformation rates when
using e < 2.

As a result of these uncertainties,model studies examining
landfast ice select various values for kt and e. Itkin et al.
(2015) used kt = 0.5 and e = 2 for modelling landfast
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ice where the water depth is less than 25m. Later, Lemieux
et al. (2016) estimated ranges for these parameters as 0.1 <

kt < 0.2 and 1.4 < e < 1.6 based on sensitivity studies.
Huot (2021) and Van Achter et al. (2022) modelled Antarctic
landfast ice by prescribing icebergs and setting kt = 0.2 and
1.2 < e < 1.4. In this study, we select kt = 0.05 and
e = 1.4 for the sea ice tensile strength scheme following
the updated work of Lemieux et al. (2018) and the studies of
Coon et al. (1998) and Bouchat and Tremblay (2017). For the
ice rheology formulation with no isotropic tensile strength,
we use kt = 0 and e = 2.

Figure 2 shows four different elliptical yield curves nor-
malised by the compressive ice strength in principal stress
space (σp,1, σp,2). The principal stress components σp,1 and
σp,2 of the internal ice stress tensor correspond to the max-
imum and minimum normal stresses, respectively. They are
obtained for the orientation of the system of coordinates with

no shear stress: σp,1, σp,2 = σ1
2 ±

√(
σ2
2

)2 + σ 2
12. Among

these four yield curves, only those with kt > 0 enter the
first quadrant, enabling both σp,1 and σp,2 to be positive. In
other words, yield curves with kt > 0 allow sea ice to have
isotropic tensile strength. Decreasing e results in greater uni-
axial tensile strength, i.e., σp,2 enters the second quadrant
and σp,1 enters the fourth quadrant. The combined effect of
lowering e and setting kt > 0 leads to higher resistance to
pulling forces than the single effects of decreasing e or setting

Fig. 2 Elliptical yield curves for sea ice normalised by the compressive
ice strength (P) in principal stress space (σp,1, σp,2) with parameters
e = 2 and kt = 0 (continuous black), e = 2 and kt = 0.05 (green),
e = 1.4 and kt = 0 (orange), e = 1.4 and kt = 0.05 (dashed black)

kt > 0. Indeed, the yield curve with e = 1.4 and kt = 0.05
(black dashed ellipse) enclose the other yield curves shown
in Fig. 2. Finally, the standard yield curve with e = 2 and
kt = 0 has little uniaxial tensile strength and no isotropic
tensile strength.

2.3.2 Seabed stress scheme

The seabed stress scheme of Lemieux et al. (2015) repre-
sents the effect of grounded ice ridges on the seafloor. This
scheme defines an additional seabed stress term �τb for the
ice momentum equation. It relies on two free parameters:
k1 is a critical thickness parameter without units determin-
ing whether ice keels reach the seafloor; k2 is a maximum
seabed stress parameter (N/m3) setting the magnitude of �τb.
The scheme considers ice ridges grounded if the mean ice
thickness per unit area (h) is higher than the critical value
hc = Ahw/k1, where hw is the water depth and A is the sea
ice concentration. The seabed stress is calculated as follows:

�τb =
{
k2

( �u
‖�u‖+uo

)
(h − hc) exp (−Cb(1 − A)) if h > hc

0 if h ≤ hc
(4)

where �u is the ice velocity, u0 = 5.0e − 5m/s is a small
velocity parameter and Cb is a constant set here to 20. The
factor in Eq. 4 on the right-hand side of k2 ensures a smooth
transition between static and kinetic friction regimes. (h−hc)
represents the weight of the ice ridge above the hydrostatic
balance. The exponential aims to decrease the seabed stress
with the sea ice concentration.

In our current setup, the minimum ocean depth is 20m
to ensure the numerical stability of the model in shallow
water areas. However, this precludes the possibility of ice
grounding in shallow waters. To circumvent this limitation,
we implemented in NEMO-LIM3 a specific non-truncated
bathymetry file providing hw to the seabed stress scheme.We
kept the minimum ocean depth as 20m in the ocean model.
This approach allows for refined coastal bathymetry for the
seabed stress scheme and a preserved ocean model stability
in shallow water areas. We interpolated the ETOPO1 - 1
Arc-Minute Global Relief Model (Amante 2009) onto the
horizontal grid of themodel to create this specific bathymetry
for the seabed stress scheme.

The simulated landfast ice is highly sensitive to k1 but only
moderately sensitive to k2 (Lemieux et al. 2015). For this
reason, we selected k2=15N/m3, as suggested by Lemieux
et al. (2015). We estimated the best value of k1 for our model
setup by building a cost function with k1 as the unknown
variable. This cost function calculates the root mean square
error of the total landfast ice area in shallowwaters (depth less
than 30m) between any two datasets. We minimised this cost
function over 2006–2015 using the extension of the National
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Ice Center (NIC) observations provided by Environment and
Climate Change Canada (ECCC) (Dupont et al. 2022) and
a simulation including the tensile strength scheme with no
seabed stress scheme. The minimum of this cost function is
k1 = 7.8. We rounded k1 to 8 in this study to agree with
Lemieux et al. (2015).

2.4 Experimental setup

We performed four model runs with a global configuration of
NEMO-LIM3 from 1958 to 2015. The analysis is restricted
to the last 35 years to exclude spin-up effects. The number
of sub-iterations for the EVP algorithm is increased to 920
in the four model runs to allow convergence of this algo-
rithm (Lemieux et al. 2016). The first experiment is a control
run (CTRL). This run uses no specific landfast ice process
schemes. In the SEABED run, the seabed stress scheme
(Lemieux et al. 2015) is activated. In the TENSILE run, we
select the tensile strength (König Beatty and Holland 2010).
Finally, we use the two landfast ice process schemes simulta-
neously in the fourth run (TENSEAB). Table 1 summarises
the settings of the landfast ice process schemes utilised in
these four model runs:

2.5 Diagnostics assessing the stability of the Arctic
halocline

We define the depth of the upper boundary of the Arctic
halocline as the surfacemixed layer depth (HSML ), following
Polyakov et al. (2018). We chose the definition of NEMO-
LIM3 for calculating this depth. It corresponds to the depth
at which the density is 0.01kg/m3 higher than the density at
10m depth. This definition likely overestimates the simulated
mixed layer depth in deep convection regions (Courtois et al.
2017) but is found appropriate for polar regions (Barthélemy
et al. 2015; Peralta-Ferriz and Woodgate 2015).

The depth Hhalo of the base of the Arctic halocline is
calculated following Bourgain and Gascard (2011) by using

Table 1 Names and descriptions of the simulations carried out in the
study

CTRL SEABED TENSILE TENSEAB

k1 0 8 0 8

k2 0 15 0 15

kt 0 0 0.05 0.05

e 2 2 1.4 1.4

k1 is a critical thickness parameter without units, k2 is the maximum
seabed stress parameter (N/m3), kt is the isotropic tensile strength frac-
tion, and e is the ellipse ratio of the ice yield curve

the density ratio:

Rρ = α
∂θ/∂z

β∂S/∂z
(5)

where α is the seawater thermal expansion coefficient, β is
the seawater haline contraction coefficient, θ is the potential
temperature and S is the salinity. Rρ evaluates the relative
importance of the thermal and haline contributions to the
stratification of the ocean. A large (small) Rρ corresponds to
a stratification dominated by temperature (salinity). Accord-
ing to Bourgain and Gascard (2011), the depth at which Rρ

is equal to 0.05 marks the transition between the Arctic halo-
cline and the Atlantic water of the Arctic Ocean. This depth
corresponds to Hhalo.

The available potential energy (APE) is the amount
of the total potential energy available for conversion into
kinetic energy via adiabatic redistribution of the density
field (Lorenz 1955). This energy can be converted to kinetic
energy, for example, through baroclinic instabilities. Con-
trary to the Brunt-Väisälä buoyancy frequency, the APE
provides an overall bulkmeasure of the stability of the stratifi-
cation of an ocean layer.We calculate the APE by integrating
potential density anomalies vertically from the surface down
to the base of the halocline layer, as suggested by Polyakov
et al. (2018):

APE =
∫ Hhalo

0
g

(
ρ − ρre f

)
zdz (6)

where z is the vertical depth with z = 0 referenced by the
sea surface, g is the acceleration due to gravity, ρ and ρre f
are the potential density at z and Hhalo, respectively. The
term

∫ Hhalo
0 gρre f zdz corresponds to the reference potential

energy of a homogeneous density profile. APE diagnoses
how much potential energy deviates from this homogeneous
density profile. Thus, the APE reflects the strength of the
ocean stratification. The greater the APE, the stronger the
ocean stratification.

3 Results and discussion

3.1 Validation of the numerical simulations

3.1.1 Validation of Arctic landfast ice

In this section, we assess the simulation of the Arctic land-
fast ice cover by NEMO-LIM3 using the National Ice Center
(NIC) sea ice charts in gridded format (Fetterer and Fowler
2006) from 1980 to 2007 and an extension of this prod-
uct made by the Environment and Climate Change Canada
(ECCC) from 2008 to 2015 (Dupont et al. 2022). NIC sea
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ice charts are analyses performed by experts of available in-
situ, remote sensing, and model data weekly or bi-weekly
(Dedrick et al. 2001). These charts suffer from discontinu-
ities linked to the increasing number of data sources available
to the analyst, the level of expertise of the latter, changes
in procedures and conventions and errors due to data trans-
formations and re-gridding. Furthermore, more attention to
details has been paid to areas of high interest for theNIC (e.g.,
the Beaufort, Chukchi and Bering Seas) compared to some
other regions (e.g., the Central Arctic) (Fetterer and Fowler
2006). Figure 3 displays the map of the frequencies of land-
fast ice occurrences based on the NIC observational datasets
of Fetterer and Fowler (2006) and Dupont et al. (2022). In
NEMO-LIM3, we define sea ice as landfast ice when the
two-week average sea ice speed is less than 5mm/s, following
VanAchter et al. (2022). The discrepancy between themodel
and NIC definitions of landfast ice arises from the difference
in methodology between the modelled sea ice velocities and
interpreted sea ice charts.

In addition to the landfast ice occurrence frequencies,
we examine the mean seasonal cycles of the observed and
modelled landfast ice extents in the Arctic Ocean and its
peripheral seas (Fig. 5). The landfast ice extent from the NIC
sea ice charts corresponds to the total grid cell area marked
as landfast ice within a defined spatial domain. In NEMO-
LIM3, the landfast ice extent is the total grid cell area covered
by landfast ice in a spatial domain and where the ice concen-
tration is at least 15%. This sea ice concentration threshold

Fig. 3 Frequency of occurrence of landfast ice for January to June from
datasets based on the National Ice Center (NIC) sea ice charts (Fetterer
and Fowler (2006) for 1980-2007 and Dupont et al. (2022) for 2006-
2015)

reflects the commonly admitted method for calculating the
sea ice extent.

The spatial distribution of the frequency of occurrence of
landfast ice from the TENSEAB run (Fig. 4d) is in relatively
good agreement with the NIC observations (Fig. 3). Addi-
tionally, the seasonality of the total Arctic landfast ice extent
from the TENSEAB run compareswell with theNIC datasets
(Fig. 5f). Most of the modelled landfast ice in the TENSEAB
run is located in the CAA (Figs. 4d and 5d). Landfast ice in
this region is due to the interlockingof sea ice between islands
and narrow channels (Lemieux et al. 2018). The TENSEAB
run overestimates the landfast ice extent in the CAA all year
round. This overestimation could be due to the missing effect
of tides on the landfast ice cover in our model setup. Indeed,
The modelling study of Lemieux et al. (2018) shows that
tidal effects enhance the ice–ocean stress, which leads to a
decrease in the landfast ice area in some regions of the CAA.

In winter, the total landfast ice extent simulated in the
CTRL run in the Arctic Basin is approximately half the value
of the landfast ice extent observed from theNIC sea ice charts
and simulated in the TENSEAB run (Fig. 5). This underesti-
mation is one argument supporting the inclusion of landfast
ice process schemes to simulateArctic landfast ice. However,
the results from the CTRL run suggest that the default setting
of the elliptical yield curve in LIM3 is sufficient to resolve
landfast ice in the CAA. Indeed, this model run exhibits a
high frequency of occurrence of landfast ice in the CAA
from January to June (Fig. 4a). This feature agrees with the
NIC observations (Fig. 3) and compareswell with the outputs
from the other model runs (Fig. 4b–d). Landfast ice is sus-
tainable in the CAAwithout isotropic sea ice tensile strength
thanks to the uniaxial tensile strength property of the ellipti-
cal yield curve (Olason 2016). Note that this is possible only
if the EVP algorithm fully converges.

In the Beaufort and Chukchi Seas, the observed landfast
ice appears as a narrow strip of sea ice attached to the coast-
line (Mahoney et al. 2007; Yu et al. 2014). In these two seas,
easterly prevailing winds and ocean surface currents yield
highly deformed ice ridges and rubble piles known as sta-
mukhi that becomegrounded inwinter (Reimnitz et al. 1994).
The mid-season landfast ice edge in the Beaufort Sea resides
near the 18m isobath (Mahoney et al. 2007). The horizontal
model resolution does not allow a good representation of this
narrow landfast ice strip (Fig. 4d). Instead, the TENSEAB
run features pixel-sized points with high frequencies of land-
fast ice occurrence along the coastline.

The grounding of ice ridges is the principalmechanism for
sustaining landfast ice over large distances to the shore in the
LESS (Haas et al. 2005; Selyuzhenok et al. 2015; Lemieux
et al. 2016; Selyuzhenok et al. 2017; Liu et al. 2022). For
this reason, the seabed stress scheme is skillful in allow-
ing for the emergence of landfast ice in the LESS (Fig. 4b).
In these regions, the CTRL run presents some occurrences
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Fig. 4 Frequency of occurrence
of landfast ice (1980–2015) for
January to June from the CTRL
(a), SEABED (b), TENSILE (c)
and TENSEAB (d) runs

of landfast ice close to the shoreline. Moreover, the TEN-
SILE run exhibits static ice arches between the New Siberian
Islands (145◦E) and Siberia. However, only the simulations
with the seabed stress parameterization achieve a spatial dis-
tribution of landfast ice occurrence comparable to the one
derived from the NIC products in these regions (Fig. 4b and
d). Combining the tensile strength scheme with the seabed
stress scheme improves the winter maximum in landfast ice
extent in the Beaufort and Laptev Seas (Fig. 5e and b). The
increased tensile strength allows a longer offshore extension
of landfast ice, thanks to using grounded ice ridges as fasten-
ing platforms. In the East Siberian Sea, the maximum winter
landfast ice extent from the TENSEAB and SEABED runs
are nearly identical (Fig. 5c), suggesting only a minor role
of the sea ice tensile strength in the landfast ice development
in this region.

According to Divine et al. (2005), the landfast ice in
the Eastern Kara Sea follows three principal spatial con-
figurations (modes). The bathymetry and a chain of islands

constrain these spatial modes. The so-called S-mode, the
most frequent of these three modes, is visible in Fig. 3
between Severnaya Zemlya (around 97◦E) and the coast of
Siberia. This spatial mode is seen in Fig. 3 as the ice arch
where the frequency of landfast ice occurrence is more than
0.60 in the Kara Sea, westward of Severnaya Zemlya. Nei-
ther the TENSILE nor the SEABED run displays an S-mode
comparable to the one seen in the NIC observations. The two
landfast ice process schemesmust be combined tomodel this
spatial mode in the Laptev Sea (Fig. 4d). In the Kara Sea,
the TENSEAB run underestimates the frequency of occur-
rence of landfast ice by ∼0.40 (Fig. 4d) and the observed
winter maximum in landfast ice extent by a factor of two
(Fig. 5a). These underestimations may appear disappointing
regarding the past modelling studies of Olason (2016) and
Lemieux et al. (2016). In the study of Lemieux et al. (2016),
the numerical simulation prescribing e = 1.4, kt = 0 and no
seabed stress is the closest to our SEABED run in terms of
the landfast ice parameters. This simulation from Lemieux
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Fig. 5 Mean seasonal cycles of
the landfast ice extent
(1980–2015) in the Kara Sea
(a), Laptev Sea (b), East
Siberian Sea (c), Canadian
Arctic Archipelago (d), Beaufort
Sea (e) and Arctic Ocean (f).
The black line corresponds to
the NIC observational dataset
(Fetterer and Fowler 2006)
extended by the ECCC dataset
(Dupont et al. 2022). The blue,
orange, green and red lines
correspond to the CTRL,
SEABED, TENSILE and
TENSEAB runs, respectively.
Figure 1 shows the spatial
domain used to integrate the
landfast ice extent

et al. (2016) tends to overestimate the seasonal maximum in
landfast ice extent in the Kara Sea, whereas our SEABED
run underestimates this seasonal maximum (Fig. 5a). Thus,
the tuning of sea ice tensile strength in our study is unlikely
to have caused the underestimation of the modelled land-
fast ice extent in the Kara Sea. On the other hand, our 1◦
horizontal model resolution is coarser than the horizontal
grids used by Lemieux et al. (2016) and Olason (2016). Liu

et al. (2022) improved the simulation of landfast ice in their
model setup by replacing the lateral boundary condition with
a coastal drag term to represent subgrid interactions with
small islands and bathymetric features. These highlight that
the sea ice tensile strength and seabed stress are not the only
factors controlling the landfast ice development in the Kara
Sea.

123



Ocean Dynamics

3.1.2 Validation of the Arctic sea ice characteristics

To evaluate the modelled Arctic sea ice concentration and
velocity over 1980–2015, we select the Nimbus-7 SMMR
and DMSP SSM/I-SSMIS passive microwave data prod-
ucts (Cavalieri et al. 1996) and the Polar Pathfinder sea ice
motion vector dataset (Tschudi et al. 2019). We refer to
these observations as NSIDC-SIC, and NSIDC-drift, respec-
tively. Concerning the modelled sea ice thickness, we use
the Pan-Arctic Ice Ocean Modeling and Assimilation Sys-
tem (PIOMAS) (Zhang and Rothrock 2003; Schweiger et al.
2011).Note that PIOMAS is not a pure observational product,
but rather a reanalysis of sea ice based on a numerical ocean–
sea ice model. This model system assimilates observed sea
ice concentrations and sea surface temperatures to constrain
the simulated sea ice state.With these three climate products,

we evaluate the modelled mean seasonal cycles and time
series in March and September of the total sea ice extent,
total sea ice volume, and mean sea ice speeds in the Arctic.
Orval (2021) analysed more extensively the simulated sea
ice features from our four model runs. The interested reader
may refer to the studies of Lecomte et al. (2015), Docquier
et al. (2017), and Sterlin et al. (2021) for more insights on
the simulation of Arctic sea ice using a similar model setup
to ours.

The mean seasonal cycles of the total sea ice extent
from the four model runs agree reasonably well with the
NSIDC-SIC observations (Fig. 6a). However, the simulated
minimum sea ice extent occurs about two to three weeks
earlier than in the NSIDC-SIC products. This bias is com-
mon in other studies based on thismodel (Rousset et al. 2015;
Lecomte et al. 2015;Docquier et al. 2017; Sterlin et al. 2021).

Fig. 6 Mean (1980–2015)
seasonal cycles (left column) of
the total sea ice extent (SIE) (a),
total sea ice volume (SIV) (d)
and mean sea ice speed (g).
Times series in March (middle
column) and September (right
column) of the total SIE (b, c),
total SIV (e, f) and mean sea ice
speed (h, i). The mean sea ice
speeds are calculated following
the method of Tandon et al.
(2018). The black dashed lines
correspond to either the
NSIDC-SIC (a–c), PIOMAS
(d–f) or NSIDC-drift (g–i)
datasets. The blue, orange,
green and red continuous lines
correspond to the CTRL,
SEABED, TENSILE, and
TENSEAB runs, respectively
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NEMO-LIM3 accurately represents the decline in Arctic sea
extent observed over the past decades in March (Fig. 6b)
and September (Fig. 6c). This decline is more pronounced in
September as observed (e.g., Fetterer and Fowler 2006). Dur-
ing this month, the trend in sea ice extent from the CTRL run
amounts to -86860km2 per year over 1980–2015, compared
to -91772km2 per year in the NSIDC-SIC observations.

The general shape of the mean seasonal cycle of the
total sea ice volume from NEMO-LIM3 is similar to the
one derived from PIOMAS (Fig. 6d). However, the total sea
ice volumes from the model runs are overestimated by 0.8-
3.4e3km3 in October and 2.1–4.6e3km3 in March compared
to PIOMAS. On the other hand, the uncertainties in the total
sea ice volume from the PIOMAS product are 1.35e3km3 in
October and 2.25e3km3 in March (Schweiger et al. 2011).
Thus, the total sea ice volume fromNEMO-LIM3 is generally
within the range of uncertainties of PIOMAS. NEMO-LIM3
and PIOMAS show a good agreement in terms of trend and
variability in total sea ice volume for bothMarch andSeptem-
ber (Fig. 6e and f). The trend in sea ice volume from theCTRL
run in September is -2.67e3km3 per decade over 1980–2015,
against -3.20 ×±1.0e3km3 from the PIOMAS reanalysis
(Schweiger et al. 2011).

The mean sea ice speeds from NEMO-LIM3 and NSIDC-
drift are calculated using the method of Tandon et al. (2018).
This method aims to determine the mean sea ice drift of the
Arctic ice pack. The spatial averaging domain excludes areas
within 150km of the coast. The means are calculated from
daily sea ice drift vector components to include sub-monthly
variations in the ice drift direction (Docquier et al. 2017;
Tandon et al. 2018).

In winter, the modelled mean sea ice speeds are close to
the NSIDC-drift observations, especially for the simulations
using the sea ice tensile strength scheme (Fig. 6g). In summer,
the mean sea ice speeds increase in the four model runs as
the sea ice pack tends to a free drift state. This behaviour
is coherent with observations from the International Arc-
tic Buoy Programme (IABP). Indeed, the observed sea ice
speed from the IABP program is maximum in late summer
when sea ice is thinner (Olason and Notz 2014). By contrast,
NEMO-LIM3 simulates a seasonal maximum in mean sea
ice speed in July–August. The timing of the seasonal max-
imum in sea ice speed in the simulations is consistent with
the early seasonal minimum in sea ice extent simulated by
NEMO-LIM3. Themean sea ice speed from theNSIDC-drift
product does not display the observed late summer and early

Fig. 7 Oceanic transects of salinity (g/kg) from the Polar Science Cen-
ter Hydrographic Climatology (PHC), version 3.0 (a, b) and from the
CTRL run (c, d) along the transects AB across the Eurasian Basin (a,

c) and CD across the Amerasian Basin (b, d) (see Figure 1). The green
and blue lines indicate the depth of the surface mixed layer (HSML ) and
the lower boundary of the halocline layer (Hhalo), respectively

123



Ocean Dynamics

winter seasonality from the IABP (Docquier et al. 2017).
The NSIDC-drift dataset is prone to uncertainties, partic-
ularly during the melt season (Sumata et al. 2015; Szanyi
et al. 2016). Lastly, the NSIDC-drift observations indicate
positive trends in the mean sea ice speed in September and
March. This increased mobility in the Arctic ice pack is con-
firmed by other studies (Rampal et al. 2009; Tandon et al.
2018; Lipatov et al. 2021) but is partially captured by our
model configuration. The modelled trends (1980–2015) in
Arctic sea ice drift in March are ∼ 0.43cm/s per decade in
our model simulations against 1.08cm/s in the NSIDC-drift
observations. In September, these simulated trends are weak
and not statistically significant. These contrast with the posi-
tive trend of 1.01cm/s seen in the NSIDC-drift observations.
It is worth mentioning that the Climate Model Intercompar-
ison Project Phase 5 (CMIP5) model experiments also fail
to accurately represent the observed positive trends in Arctic
mean sea ice speed (Rampal et al. 2009; Tandon et al. 2018).
Moreover, the NSIDC-drift product is likely overestimating
the trends in Arctic sea ice drift as these trends exceed the
ones calculated by Tandon et al. (2018) using the IABP buoy
measurements over a similar time span.

3.1.3 Validation of the structure and stability of the Arctic
halocline

The Polar Science Center Hydrographic Climatology (PHC),
version 3.0 (Steele et al. 2001) is selected to validate the
structure and stability of the Arctic halocline simulated in
the CTRL run. The CTRL run is chosen as a reference to
exclude the effects of the landfast ice process parameteriza-
tions on the Arctic Ocean. We analyze two oceanic transects
of salinity (Fig. 7) and potential temperature from the PHC
and CTRL run (Fig. 8). The first transect AB runs across the
Eurasian Basin and the second transect CD runs across the
Amerasian Basin. The positions of these transects are shown
in the bathymetry map (Fig. 1). Lastly, we examine the spa-
tial distribution of the APE from the CTRL run in the Arctic
regions (Fig. 9).

The Arctic surface mixed layer is a quasi-homogeneous
layer that caps the Arctic Ocean. The melting and freezing
cycles of sea ice, ocean surface stress, and heat fluxes control
the thickness of this layer. The depth HSML of the surface
mixed layer is 20-30m in summer, down to 25-50m in the
Western Arctic and 70–100m in the Eastern Arctic in win-
ter (Peralta-Ferriz and Woodgate 2015). As mentioned in

Fig. 8 Same as in Fig. 7, but for the potential temperature (◦C)

123



Ocean Dynamics

Fig. 9 Annual mean (1980–2015) available potential energy (APE)
(kJ/m2) integrated from the surface down to Hhalo from the CTRL run.
The APE is calculated for latitudes greater than 60◦ N where sea ice
concentration is at least 15%

Section 2.5, HSML forms the upper boundary of the Arctic
halocline layer.

The Arctic halocline includes the upper halocline, also
known as the cold halocline, and the lower halocline or per-
manent halocline. The upper and lower halocline layers sit
below the surface mixed layer. This upper halocline layer
is characterised by quasi-homogeneous near-freezing tem-
peratures down to 50-100m (Polyakov et al. 2018). This
layer is evident in the temperature transects from the PHC
climatology (Fig. 8a and b). In the lower halocline, the salin-
ity dominates the stratification. The transition from salinity
to temperature-driven stratification regimes marks the base
of the halocline (Bourgain and Gascard 2011; Polyakov
et al. 2018). The base of the lower halocline layer lies at
a depth between 100-150m and ∼ 200m in the Eurasian and
Amerasian Basins, respectively (Timmermans and Marshall
2020).

The relatively warm and saline water mass below the Arc-
tic halocline is characteristic of the Atlantic water of the
Arctic Ocean. Atlantic waters flow into the Arctic Basin
through the Fram Strait and the Barents Sea Opening. During
their transits, the upper parts of these two branches undergo
freshening and cooling, such that the warm core of the AW
branches resides at depth (Timmermans andMarshall 2020).
The Fram Strait and Barents Sea branches meet north of
the Kara Sea (Dmitrenko et al. 2015). These two branches
merge and circulate in theArctic at intermediate depths along

the continental slopes and ridges of the basin cyclonically
(Rudels et al. 1994).

The oceanic transects from the PHC climatology exhibit
the vertical structure of the Beaufort Gyre (Fig. 7b and b).
The relatively warm temperature (more than −1.4 ◦C) below
the upper halocline layer at 60-220m depth is a signature
of Pacific waters (Pickart et al. 2005; Carmack et al. 2016).
Pacificwaters flow into theArctic Ocean via the Bering Strait
and the Chukchi Sea. From there, these waters propagate
into the Amerasian Basin (Steele et al. 2004). The direction
of the Pacific outflow is dictated by wind conditions, and the
strength and extent of theBeaufortGyre (Lin et al. 2021). The
Pacific water ventilates the upper halocline (Pickart 2004).
Lastly, the transects across the Amerasian Basin show cold
and hypersaline waters (salinity more than 34g/kg) sand-
wiched between the relatively warm Pacific and Atlantic
waters. This hypersaline water mass originates from brine-
enriched waters produced in the coastal polynyas located
along the coast of Alaska (Weingartner et al. 1998). It then
ventilates the lower halocline of the Amerasian Basin (Wein-
gartner et al. 1998).

The salinity transects from the CTRL run do not fully
agree with the PHC climatology (Fig. 7). The CTRL run
overestimates the ocean salinity between the surface mixed
layer and the upper halocline layer by about 1.0g/kg in the
interior of the Eurasian Basin (Fig. 7a and c). On the other
hand, this simulation underestimates the salinities towards
Greenland and in theLaptevSea by∼ -0.6g/kg and∼0.6g/kg,
respectively. These underestimations are associated with the
too steep isohaline contours simulated in these regions com-
pared to the PHC climatology. In the Amerasian Basin, the
salinities from the CTRL run are ∼ -0.4g/kg smaller than
the PHC observations (Fig. 7b and d). These fresh salinity
biases are related to too deep transitions between salinity and
temperature-driven stratification regimes in the CTRL run
compared to the PHC observations. Consequently, the CTRL
run overestimates Hhalo by 30-50% with respect to the PHC
climatology in the Eurasian Basin towards the Laptev Sea
and Greenland, as well as in the Amerasian Basin.

The potential temperature transects from the CTRL run
present noticeable differences compared to the PHC clima-
tology (Fig. 8). Our configuration of NEMO-LIM3 poorly
simulates the upper (cold) halocline layer. The near-freezing
temperatures are confined to a shallow water region roughly
corresponding to the surface mixed layer in the CTRL run.
Below this region, the temperature increases with depth. The
poor simulation of the cold halocline layer is a recurrent
problem of ocean general circulation models. For instance,
similar biases are present in the models that participated in
the Arctic Ocean Model Intercomparison Project (AOMIP)
(Holloway et al. 2007).

The transects in the Amerasian Basin from the CTRL
run show no sign of warm Pacific waters and cold hyper-
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salinewaters, as observed byWeingartner et al. (1998). These
absences are related to the modelled extent and strength of
the Beaufort Gyre. Indeed, NEMO-LIM3 simulates a warm
water mass analogue to Pacific water in the Beaufort Sea
(not shown). However, we find no clue of a cold hypersaline
water mass in the CTRL run. Note that the 1◦ horizontal grid
of our model setup resolves Bering Strait using two points at
the minimum width of this strait (83km). Lastly, our model
setup fails to simulate the observed horizontal stratification
in the shallow Siberian shelves.

According to Ilıcak et al. (2016), there is a large spread
in the simulated temperature of the Arctic Ocean between
CORE-II forced ocean–sea ice models. These authors iden-
tified two processes contributing to the temperature spread:
1) the inflow of warmAtlantic water at Fram Strait and 2) the
formation of cold and densewater on the eastern shelf. As the
NEMO-based models reviewed by Ilıcak et al. (2016), our
model presents a cold bias in the Atlantic water. This bias is
more pronounced in the Eurasian Basin. Ilıcak et al. (2016)

pointed to either an issue with the vertical mixing of the cold
bias anomaly or simply a too weak advection of heat in the
Eurasian Basin. CORE-II forced models show fresh ocean
biases between 50 and 400m (Ilıcak et al. 2016). In the CTRL
run, this negative salinity bias is clear in the Amerasian Basin
(Fig. 7b and d ). The underestimated salinity in the model in
the upper Arctic Ocean is possibly due to the representation
of brine rejection and vertical mixing in models (Nguyen
et al. 2009; Ilıcak et al. 2016). Barthélemy et al. (2015) found
that the brine rejection parameterization of Nguyen et al.
(2009) acts to restratify the polar mixed layer in NEMO-
LIM3, which is unrealistic. More complex brine rejection
parameterizations with a dependence on the ice thickness
distribution have shownmitigated results (Barthélemy2016).
More generally, analyses of the deepArctic Ocean inClimate
Model Intercomparison Project phase 6 (CMIP6) models
suggest significantmodel biases related to the inaccurate rep-
resentation of shelf processes (Heuzé et al. 2023).

Fig. 10 June-July-August (JJA)
mean (1980–2015) sea ice
concentration (A) from the
CTRL run (a), and sea ice
concentration differences
between the SEABED and
CTRL runs (b), the TENSILE
and CTRL runs (c), the
TENSEAB and CTRL runs (d)
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The spatial distribution of the APE from the CTRL run
(Fig. 9) is close to the one shown by Polyakov et al. (2018).
As expected, the APE is the largest in the Amerasian Basin,
where the Beaufort Gyre allows freshwater storage and
strong stratification. APE is small in the Eurasian Basin due
to a weaker stratification of the halocline layer. Polyakov
et al. (2018) estimated the APE in the Beaufort region as
120kJ/m2 in the early 1980s and 300kJ/m2 in the late 2010s
using hydrographic data. Regan et al. (2020) calculated the
APE in the Beaufort Gyre as 220 to 400kJ/m2 from 1990 to
2015, using a high-resolution, eddy-resolving ocean model.
We calculate an APE of 320kJ/m2 in the Beaufort Gyre
based on the PHC climatology. These values contrast with
the ones from our CTRL run. The simulated annual mean
(1980–2015) APE in the Beaufort Sea is ∼800kJ/m2 in the
CTRL run. In the Amerasian Basin, the base of the simulated
halocline layer lies at a deeper depth than in the PHC clima-
tology. Therefore, the simulated density anomalies from the
CTRL run are integrated over a longer vertical distance than

in the PHC climatology. The simulated halocline layer in the
Amerasian Basin is less dense because of a fresher ocean
with respect to the PHC climatology. These lighter water
parcels increase the simulated density anomalies (ρ − ρre f )
and hence the APE in the Beaufort Gyre (Eq. 6). Potential
temperature biases in the halocline layer are less relevant for
explaining the density anomalies because of the low-density
ratio (Rρ < 0.05). Therefore, we expect only a minor effect
of the poor representation of the cold halocline layer on the
simulated APE.

3.2 Arctic sea ice sensitivity to the landfast ice
process schemes

3.2.1 Impact of the seabed stress scheme on sea ice
conditions

The seabed stress scheme impacts the spatial distribution of
sea ice concentration in the LESS in June-July-August (JJA)

Fig. 11 Same as in Fig. 10, but
for the annual mean sea ice
thickness (h) (m)
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(Fig. 10b). During this period, the simulated sea ice concen-
tration from the SEABED run is higher towards the coast
but smaller offshore at the Siberian shelf break compared
to the CTRL run. In winter, the ice concentrations from the
SEABED and CTRL runs are close to unity, with only minor
differences between these two simulations.

The landfast ice edge marks the boundary between land-
fast ice and drift ice. In the coastal regions of Siberia, flaw
polynyas develop in this boundary due to prevailing winds
blowing offshore (Reimnitz et al. 1994). During the melt
season, the flaw polynyas turn into hotspots for high ocean
heat gain in the open water fraction, promoting sea ice losses
(Reimnitz et al. 1994;MoralesMaqueda et al. 2004).With the
seabed stress scheme, the fresh and cold shelf waters below
the landfast ice cover delay the melting of sea ice in coastal
regions during the melt season, as we will see in Section 3.3.

When the seabed stress scheme is activated, the annual
mean sea ice thickness (Fig. 11b) is generally smaller where
the frequency of occurrence of landfast ice is high (Fig. 4b),

especially in the CAA and the LESS. In the Eurasian Basin,
the simulated ice thickness is∼20cm smaller when using the
seabed stress scheme. However, this scheme leads to posi-
tive local differences in sea ice thickness (up to 40cm) in the
vicinity of the coast or small islands. Lemieux et al. (2015)
and Itkin et al. (2015) reported similar spatial differences in
the simulated ice thickness when improving the representa-
tion of landfast ice in their model setup.

To investigate the origin of the differences in sea thickness
between the SEABED and CTRL runs, Fig. 12 displays the
map of the December-January-February (DJF) mean ridged
ice production rates from the CTRL run alongwith the differ-
ences with the three other model runs. Ridged ice production
represents the volume of sea ice produced during ridging and
rafting events. In addition, Fig. 13 shows the DJF mean ther-
modynamic ice growth rates from the CTRL run and the
differences with the three other model runs. Thermodynamic
ice growth in LIM3 consists of bottom ice growth and lateral
ice formation. The ridged ice production and the thermody-

Fig. 12 Same as in Fig. 10, but
for the mean
December–January–Feburary
(DJF) ridged ice production
rates (m/year)
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namic ice growth rates are particularly active in most coastal
regions of theArctic in DJF (Figs. 12a and 13a). Hence, these
production rates are sensitive to the representation of landfast
ice.

In the Laptev Sea, prevailing winds blowing offshore
inhibit the piling of sea ice and the formation of pres-
sure ridges in coastal areas, making the landfast ice surface
smoother and less deformed in deep waters (Reimnitz et al.
1994). Landfast ice grows mainly thermodynamically in the
coastal regions of Siberia, limiting its mean thickness to
∼1.6m in winter (Li et al. 2020). The SEABED run presents
a lower ridged ice production than the CTRL run towards the
coast of the LESS (Fig. 12b). In addition, the seabed stress
scheme reduces the thermodynamic ice growth rates in these
regions (Fig. 13b). Low deformation and thermodynamical
ice growth rates are in agreement with the simulation of land-
fast ice along the coast of Siberia by the seabed stress scheme.
The reduced thermodynamic ice growth and ridged ice pro-

duction rates explain the thinner landfast ice cover simulated
with this scheme.

In the flaw polynyas of the Laptev Sea, the continuous
advection of cold Siberian air masses over the open water
areas produces a high volume of sea ice in winter (Reimnitz
et al. 1994; Morales Maqueda et al. 2004). Sea ice produced
in the flaw polynyas (and parts of the landfast ice) is advected
in the Transpolar Drift Stream across the Arctic Basin to
Fram Strait. With the seabed stress scheme, the sites along
Siberia with high thermodynamic ice growth rates move to
offshore locations in winter (Fig. 13b). However, the sea ice
volume produced in these offshore sites in the SEABED run
is less important than the sea ice volume produced close to the
Siberian coast in the CTRL run. As a result, the SEABED run
presents a thinner sea ice cover than the CTRL run offshore
of the Siberian coast (Fig. 11b). Eventually, sea ice velocity
advects this thinner sea ice cover modelled with the seabed
stress scheme in the Central Arctic (Fig. 14).

Fig. 13 Same as in Fig. 10, but
for the mean
December–January–Feburary
(DJF) thermodynamic (bottom
and lateral) ice growth rates
(m/year)
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The relocation of the high thermodynamic ice growth sites
in the SEABED run impacts the simulated ice-ocean salt
fluxes (not shown). In winter, the positions of the maxima
in ice-ocean salt fluxes shift from the Siberian coast in the
CTRL run to approximately above the continental shelf break
in the SEABED run. These effects of the modelled landfast
ice on sea ice production and salt fluxes agree with the results
of Itkin et al. (2015).

3.2.2 Impact of the sea ice tensile strength scheme on sea
ice conditions

The sea ice tensile strength scheme impacts the simulated
Arctic sea ice thickness all year round (Fig. 11c). The mod-

elled sea ice thickness is 10–30cm larger inmost of theArctic
with sea ice tensile strength. This effect is highest in the
region north of Greenland and the CAA. Note that the simu-
lated ice thickness is a little smaller in the Beaufort Sea with
the sea ice tensile strength scheme.

The annual mean sea ice speed in the TENSILE run is
∼1cm/s smaller than in the CTRL run (Fig. 14c). The slow-
down of the ice pack when including tensile strength is more
pronounced in winter when sea ice is not in a free drift state
(Fig. 6g). This slowdown reduces an existing overestimation
in the mean Arctic sea ice speed during March compared to
the NSIDC-drift observations from 2.7cm/s for the CTRL
run to 1.1cm/s for the TENSILE simulation. The mean sea
ice speed from the IABPbuoys is∼0.6cm/s higher than in the
NSIDC-drift product during March (Docquier et al. 2017).

Fig. 14 Same as in Fig. 10, but for the annual mean sea ice drift. The arrows indicate the direction of the vectors. The colour map shows the
magnitude of the vectors (cm/s). In the difference maps (b–d), the vectors whose magnitude is less than 0.05cm/s are masked
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Further analyses are required to confirm the reduced bias
in the modelled winter mean sea ice speed when including
tensile strength.

Zhang and Rothrock (2005) noted that prescribing fat
yield curves (e.g., e < 2) and including isotropic tensile
strength (kt > 0) tend to decrease sea ice drift and increase
sea ice thickness in most of the Arctic. The slowdown of
the ice pack is expected from the increase in tensile strength
properties. Indeed, decreasing e and increasing kt result in
higher shear strengths (Lemieux et al. 2016), meaning that
sea ice can withstand more shear stress before plastic defor-
mation. In turn, higher shear strengths are associated with
lower sea ice speeds (Hibler 1979; Ip et al. 1991; Lemieux
et al. 2016).

The lessmobile ice packmodelledwith the tensile strength
scheme likely increases the lifespan of sea ice in the Arctic
Basin. In addition, this scheme increases ridged ice produc-
tion rates nearly everywhere in the Central Arctic, with the
notable exception of the coastal regions of Greenland and
the CAA (Fig. 12c). Zhang and Rothrock (2005) reported
similar effects on their modelled ridged ice production rates
when selecting fat yield curves with isotropic sea ice tensile
strength. To some degree, the increased ridged ice produc-
tion rates in the Central Arctic allow sea ice to grow thicker
during an extended period while being advected in the Arctic
Basin.

In our model runs, thick sea ice collects in the region north
of the CAA and Greenland before exiting the Arctic Basin
through the Fram Strait (Fig. 11) in relation to the large-
scale sea ice motion in the Arctic (Fig.!14). The simulated
sea ice velocity is small in the region north of the CAA and
Greenland in the CTRL run (Fig. 14a). Including sea ice
tensile strength further accentuates the loss of mobility of
the sea ice cover in this region (Fig. 14c). As a result, the
tensile strength scheme facilitates the accumulation of thick
sea ice. Further, theTENSILE rundisplays reduced ridged ice
production rates north of the CAA and Greenland compared
to theCTRLrun (Fig. 12c). This indicates the formation in the
TENSILE run of a large static arch consisting of thick ridged
ice in this region. Thick sea ice in this area may either flow
westward towards Fram Strait or eastward along the northern
coast of the CAA and enter the Beaufort Gyre, following the
mean Arctic sea ice motion.

In the study of Zhang andRothrock (2005), the ice volume
export through the Fram Strait decreases when using fatter
yield curves, including isotropic sea ice tensile strength, or
both, because of the reduced sea ice velocity. In our model
configuration, the average (1980–2015) annual sea ice vol-
ume export through the Fram Strait is -2.83e3km3 in the
CTRL run and -2.83e3km3 in the TENSILE run. This little

difference between the two model runs arises from the com-
pensating effects of the increased sea ice thickness in the
western Arctic and the reduced sea ice speeds through the
Fram Strait when including the tensile strength scheme.

In the TENSILE run, the winter thermodynamic ice pro-
duction is smaller than in the CTRL run in the Central Arctic
and the region north of the CAA and Greenland (Fig. 13c).
The thick ice cover simulated in the TENSILE run damps
the growth and melt of sea ice and reduces the ice-ocean salt
fluxes between the ice and ocean systems (not shown). This
effect is greater north of Greenland and the CAA, where the
salt fluxes reduce by 15 to 30% in the simulations using the
sea ice tensile strength scheme. In the Kara, Laptev, and East
Siberian Seas, the relative differences in thermodynamic ice
production between the CTRL and TENSILE runs are less
than 5% in winter. Consequently, the impact of the tensile
strength schemeon the ocean–ice salt fluxes is less significant
during winter in these regions.

3.2.3 Effect of the two landfast schemes on sea ice
conditions

The impact of the seabed stress scheme in the TENSEAB
run on the simulated sea ice state is evident in the Siberian
shelf regions. In these regions, the TENSEAB run presents
thinner sea ice than the CTRL run, with local exceptions in
the proximity of the coast (Fig. 11d). These differences are
consistent with the reduced thermodynamic ice growth and
ridged ice production causedby the simulationof landfast ice,
as described for the SEABED run (Section 3.2.1). Moreover,
the June-July-August mean sea ice concentration difference
between the TENSEAB and CTRL runs (Fig. 10d) is close to
the difference between the SEABED and CTRL in the LESS
(Fig. 10b).As for the SEABEDrun, the simulation of landfast
ice in the TENSEAB run enhances (delays) themelting of sea
ice offshore (onshore) in the LESS. Lastly, the annual mean
sea ice drift from the TENSEAB run significantly reduces in
the LESS (Fig. 14d), where the frequency of occurrence of
landfast ice is high (Fig. 4d).

The signature of the sea ice tensile strength on the simu-
lated sea ice cover is visible in most of the Central Arctic.
Indeed, the TENSEAB run presents, compared to the CTRL
run, a thicker (Fig. 11d), slower (Fig. 14d) and more consol-
idated (Fig. 10d) Arctic sea ice cover. These differences in
the simulated sea ice conditions increase towards the Amer-
ican Continent as what we described for the TENSILE run
(Section 3.2.2). The thicker sea ice cover simulated in the
TENSEAB runs is linked to lower thermodynamic ice growth
rates compared to the CTRL run (Fig. 13d). Additionally, the
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ridged ice production increases in most of the Arctic when
including the sea ice tensile strength scheme (Fig. 12d).

The simulation in the TENSEAB run of the signatures
from the sea ice tensile strength and seabed stress schemes
is possible for the reason that these two schemes target spe-
cific sea ice processes, namely, seabed–ice keel interactions
and sea ice tensile strength properties. These processes can
interact, enabling the simulated landfast ice cover to expand
further. For instance, the grounding of ice ridges may act as
anchoring platforms from which sea ice arches may attach,
thanks to the non-zero sea ice tensile strength properties. As a
result, we anticipate a non-linear effect of these two schemes
on the simulated landfast ice cover and hence on sea ice con-
ditions. To investigate these effects, we compare the sum of
differences or anomalies from the TENSILE and SEABED
runs with respect to the CTRL run with the equivalent from
the TENSEAB run compared to the CTRL run. This compar-
ison is a preliminary assessment of the additive property of
the effects of the landfast ice process schemes. A comprehen-
sive analysis of the non-linearities would require examining
both the additivity and homogeneity (scaling) properties of
the impact of these two schemes. We consider such an anal-
ysis beyond the scope of the present study. Lastly, we limit
ourselves to the modelled sea ice thickness and velocity. The
impact of the non-additivity on the simulated sea ice con-
centration is relatively small (less than 10%) and limited to
summer months.

Combining the sea ice tensile strength and seabed stress
schemes further slows the sea ice motion in the LESS com-
pared to the sum of the individual actions of these schemes
on sea ice drift (Fig. 15a). These non-additive differences
amount to∼0.7cm/s against∼5cm/s for the difference in sea
ice drift between the TENSEAB and CTRL runs (Fig. 11d).
They are associated with more frequent occurrences of land-
fast ice in winter (Fig. 4d) and a positive difference in sea
ice concentration during JJA (Fig. 10d). Note the simulated

sea ice drift in the CAA is low and nearly equal in our four
model runs. Consequently, the non-additivity effect of the
landfast ice process schemes on the sea ice drift is weak in
this region. Otherwise, the ice velocities from the TENSEAB
run are close to those from the TENSILE simulation in the
Central Arctic.

The non-additive effects of the two landfast ice process
schemes on the modelled sea ice thickness principally con-
fine to the LESS and CAA and some of their neighbouring
regions (Fig. 15b). In the LESS, the sum of the ice thickness
anomalies from the SEABED and TENSILE runs exceeds
the equivalent anomalies from the TENSEAB run, with the
CTRL run as a reference. Indeed, activating both landfast ice
process schemes damps sea ice motion and thus enhances
the sea ice thinning effect of the modelled landfast ice cover
along Siberia. These non-additive ice thickness differences in
the LESS (∼15cm) are within the order of magnitude of the
ice thickness differences between the SEABED (TENSILE)
and CTRL runs.

In the CAA, the association of the two landfast ice pro-
cess schemes leads to spatially heterogeneous non-additive
effects on the sea ice thickness. We note that the thinning
effects of the two landfast ice process schemes in the interior
of the CAA are enhanced when these schemes are combined.
However, the simulated landfast ice extent in the CAA in the
TENSEAB run overestimates the NIC observations and all
our other model runs all year round (Fig. 5d). Based on the
results of Lemieux et al. (2018), we recommend investigating
the sensitivity of sea ice to landfast ice process parameteri-
zations in the CAA conjointly with the effect of tides. The
ice thickness anomalies shown in Fig. 15b suggest that the
non-linear effects are significant in the CAA in regard to the
mean sea ice thickness simulated in the CTRL run. It shows
the importance of landfast ice processes for modelling sea
ice in the CAA.

Fig. 15 Differences between the
sum of the anomalies from the
TENSILE and SEABED runs
and the equivalent anomaly
from the TENSEAB run with
the CTRL run as a reference for
the annual mean sea ice speed
(a) and thickness (b) over
1980–2015
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3.3 Arctic halocline sensitivity to the landfast ice
process schemes

3.3.1 Effect of the seabed stress scheme on the Arctic Ocean

The simulation of landfast ice and the new location of flaw
polynyas in the SEABED run strongly impacts the proper-
ties of shelf waters along the coast of Siberia. This impact
is clear in the transects showing the differences in ocean
potential temperature and salinity between the SEABED and
CTRL runs (Fig. 16). Landfast ice shields seawater from the
atmosphere in winter. This shielding effect allows freshwater
released by river runoff to accumulate on the shelves inwinter
(Itkin et al. 2015).Moreover, ice-ocean salt fluxes decrease in

landfast ice-covered regions owing to lower thermodynamic
ice growth rates (Fig. 13b). This further reduces the ocean
salinity in the coastal shelf regions of Siberia (Fig. 16a and
b). Landfast ice enables relatively cold waters to remain on
the continental shelves in spring. Later, these cold waters
delay the melting of the landfast ice cover during the melt
season in the simulations using the seabed stress scheme
(Fig. 16c and d). Hence, the simulated Siberian shelf waters
in the SEABED run are fresher and thus less dense (although
colder) than the ones in the CTRL run.

The low sea ice concentration in flaw polynyas promotes
ocean heat gain from solar radiation in spring and summer
and brine rejection from sea ice growth in fall andwinter.As a
result, the water column at the shelf break along Siberia tends

Fig. 16 Differences in the annual mean (1980–2015) ocean salinity (a,
b), potential temperature (c, d) and σθ (e, f) between the SEABED and
CTRL model simulations along the transects AB across the Eurasian
Basin (a, c, e) and CD across the Amerasian Basin (b, d, f). The blue

and green lines indicate the depth of the mixed layer and the lower
boundary of the halocline layer, respectively. Continuous (dotted) lines
correspond to the SEABED (CTRL) run. Figure 1 shows the position
of the oceanic transects

123



Ocean Dynamics

to be warmer and more saline when the seabed stress scheme
is activated. These changes in water properties weaken the
vertical stratification in the Siberian shelf break regions.

The Transpolar Drift Stream follows a route roughly par-
allel to line AB displayed in Fig. 1. This oceanic stream
transports the water mass properties from the Laptev Sea to
the interior of theEurasianBasin. Thus,with the seabed stress
scheme, the warmer and more saline water mass originating
from flaw polynyas tends to propagate into the interior of the
Eurasian Basin. This moderately increases the density in the
Eurasian Basin and results in a weaker stratification in this
basin.

In the Amerasian Basin, the water masses created by the
flaw polynyas along the coast of Siberia are advected anti-
cyclonically in the Beaufort Gyre or carried in the Transpolar
Drift Stream towards Fram Strait. In the SEABED run, this
water mass is warmer and more saline than the one from the
CTRL run. These modelled temperature and salinity differ-
ences reduce while being advected along the margins of the
Amerasian Basin. The signature of these differences can be
seen on the salinity transect across the Amerasian Basin CD
(Fig. 16b), in the East Siberian Sea where they originate,
and near the CAA after the reduction of these differences.
The upper layer of the halocline in the center of the Beau-
fort Gyre is fresher when using the seabed stress scheme.
This difference leads to a moderately strengthened halocline
stratification in the Beaufort Gyre.

Itkin et al. (2015) examined the stability of the Arctic
water column from the sea surface down to the upper sur-
face of the halocline layer (down to 50m). These authors
found a significant sensitivity of the halocline stability at its
upper boundary to the simulated landfast ice cover. Namely,
they reported that improving the representation of landfast
ice enhances the halocline stability in the Canada Basin. This
strengthening is a consequence of the freshening of the sur-
face mixed layer and salinification of the halocline layer. The
former relates to changes in river runoff, whereas the latter
is due to differences in the dense water production of flaw
polynyas. On the other hand, they reported for the Makarov
and Eurasian Basins a weakening effect of landfast ice for
the halocline stability due to increased ocean salinities. Our
results agree to some degree with the conclusions of Itkin
et al. (2015). Overall, the impact of the seabed stress scheme
on the stability of the Arctic halocline is weak in our model
setup. Although the salinity along the transects across the
Eurasian andAmerasianBasins are slightly different between
the SEABED and CTRL runs (Fig. 16a and 16b), the result-
ing density differences between these two runs are minor
(Fig. 16e and 16f). The little density differences between the
SEABED and CTRL runs in the upper part of the halocline
layer are related to the weak increase of 27kJ/m2 or 3%
in APE in the Amerasian Basin (Fig. 17b). An increase in
the APE corresponds to a stronger ocean stratification. Oth-

erwise, the differences in APE between the SEABED and
CTRL runs are close to zero in the Eurasian Basin.

Itkin et al. (2015) redistributed the 36 vertical levels of
their model grid to increase the resolution towards the sur-
face. This approach allowed for a better representation of
surface processes but at the price of deep ocean physics. In
addition, these authors reduced the vertical background dif-
fusivity of the k-profile verticalmixing scheme in theirmodel
setup. In doing so, they aimed to improve the simulation of
the upper halocline layer (Nguyen et al. 2009). These two
adjustments have not been considered in our model study.
The double hyperbolic tangent function defining the 75 ver-
tical levels of NEMO-LIM3 is kept unchanged in our setup
as a trade-off for the resolution of surface and deep ocean
processes. We left the tuning of the turbulent kinetic energy
(TKE) vertical mixing scheme for the Arctic and sub-Arctic
regions open for future model studies. These choices allow
us to examine the impact of the seabed stress scheme on the
stability of the Arctic halocline layer over its entire thick-
ness without interfering with the current model tuning of
theWorld Ocean. Realistic brine rejection parameterizations
may also help improve the representation of the Arctic halo-
cline layer (Nguyen et al. 2009; Barthélemy 2016).

The influence of the modelled landfast ice on the APE
of the Arctic halocline depends on the choice of the
landfast ice process scheme (Fig. 17). As described in
Section 3.1.1, TENSEAB and SEABED exhibit occurrences
of landfast ice close to the NIC observations (Figs. 4 and
3). Despite the improved representation of landfast ice in
these two model runs, the differences in the simulated APE
between theTENSEABandCTRL runs (Fig. 17d) do not cor-
respond to the equivalent differences between the SEABED
and CTRL runs (Fig. 17b). This suggests that the landfast ice
modelled with the seabed stress scheme plays a lesser role in
the stability of the Arctic halocline layer than the one played
by the sea ice tensile strength scheme in our model setup.

3.3.2 Effect of the sea ice tensile strength scheme on the
Arctic Ocean

The large-scale atmospheric circulation in the Arctic impacts
the freshwater distribution in the upper ocean on time scales
of several years to decades (Timmermans and Marshall
2020). In particular, a weak Arctic high-pressure system is
associated with a low freshwater content in the Beaufort
Gyre and a freshwater transfer from the Beaufort Gyre to
the Eurasian basin and vice versa (Timmermans et al. 2011).
Althoughourmodel runs share the sameatmospheric forcing,
the differences in sea ice properties between the simulations
can alter the freshwater content in the upper ocean. The sea
ice tensile strength scheme leads to an increased (decreased)
salinity in the halocline layer of the Amerasian (Eurasian)
Basin (Fig. 18). These distinct regional effects on the halo-
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Fig. 17 Annual mean
(1980–2015) available potential
energy (APE) (kJ/m2) integrated
from the surface down to Hhalo
from the CTRL run (a), and
APE differences between the
SEABED (b), TENSILE (c),
TENSEAB (d) runs with the
CTRL run as a reference. The
APE is calculated for latitudes
greater than 60 ◦N where sea ice
concentration is at least 15%.
Note that (a) is identical to Fig. 9

cline salinity originate from the impact of the scheme on the
Arctic sea ice state. In the TENSILE run, the modelled sea
ice is less mobile, thicker, and more consolidated than in the
CTRL run. These changes generate a more efficient decou-
pling between the atmosphere and ocean, limiting the direct
action of wind stress on the sea surface.

The less mobile ice pack enhances the importance of
ocean surface currents for ocean surface stress. In the Beau-
fort Gyre, these changes reinforce the role of the ice–ocean
stress governor mechanism in turning off the Ekman pump-
ing (Meneghello et al. 2018a). This mechanism describes
the self-regulation of the Beaufort Gyre spin-up. When the
Beaufort Gyre tends to equilibrium, the relative velocities
between sea ice and ocean surface reduce, leading to lower
ocean surface stress and lower Ekman pumping rates. As a
result, the annual mean Ekman downwelling rate simulated
in the center of the Beaufort Gyre is lowered from 17m per
year in the CTRL run to 13m per year in the TENSILE run.
The less efficient Ekman downwelling caused by the sea ice

tensile strength scheme reduces the freshwater content of
the Beaufort Gyre. Observations in the Beaufort Sea give
25m per year for the spatial maximum in the annual mean
(1979–2014) Ekman downwelling rate (Ma et al. 2017). For
reference, Meneghello et al. (2018b) estimated the average
Ekmandownwelling rate in theBeaufortGyre region as 2.3m
per year over 2003–2014.

The weaker Beaufort Gyre allows for the release of fresh-
water into the EurasianBasin, leading to the freshening of the
halocline layer in this basin (Timmermans et al. 2011). Thus,
the less efficient Ekman downwelling simulated in the TEN-
SILE run likely explains the freshening of the halocline in
the Eurasian Basin. In addition to thismechanism, the thicker
ice cover modelled using the sea ice tensile strength scheme
is associated with decreased thermodynamic ice growth rates
in winter (Fig. 13c). The negative difference in the DJF
thermodynamic ice growth rates between the TENSILE and
CTRL runs accentuates in the EurasianBasin towardsGreen-
land. This causes a reduction in the brine rejection rates (not
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Fig. 18 Same as Fig. 16, but for the differences between the TENSILE and CTRL runs

shown) and a less efficient salinification of the ocean surface
in winter. The Transpolar Drift Stream accentuates the neg-
ative salinity differences between the TENSILE and CTRL
runs by advecting water mass property anomalies towards
Fram Strait.

The re-stratification of the halocline layer in the Eurasian
Basin when activating the sea ice tensile strength scheme
is opposed to the “Atlantification” of the Arctic Ocean (e.g.,
Polyakov et al. 2017). The latter is a processwhereby aweak-
ened stratificationof theArcticOcean enables the intrusionof
Atlantic water into the polar surface mixed layer. The associ-
ated ocean heat fluxes promote sea ice loss, higher exchanges
between the upper ocean and the atmosphere, and deeper
winter ventilation. In the TENSILE run, the modified sea ice
state is responsible for the enhanced stability of the halocline
layer in the Eurasian Basin. The strengthened stratification of
the halocline layer prevents the intrusions of Atlantic water

into the surfacemixed layer. These changes limit deep winter
convection in the TENSILE run.

The shielding effect of shelf waters by landfast ice in the
coastal regions of Siberia is less efficient in the TENSILE
run than in the SEABED run. Contrary to the SEABED run,
the TENSILE simulation does not feature increased ocean
potential temperature and salinity in the water column above
the Siberian shelf break (Fig. 18). The little impact of the
sea ice tensile strength scheme on the Siberian shelf water
properties relates to the simulation of landfast ice with this
scheme. In the TENSILE run, the occurrences of landfast ice
are less frequent along the Siberian coast than in the NIC
observations or the SEABED run. This underestimation pre-
vents shifting the boundary between landfast ice and drift
ice to an offshore position. Thus, the locations of the winter
sea ice production, brine rejection, and summer ocean heat
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absorption in the TENSILE run are closer to the CTRL run
than those of the SEABED run.

The sea ice tensile strength scheme influences the depth
Hhalo of the base of the Arctic halocline layer. In the TEN-
SILE run, this depth is 20m greater in the western Eurasian
Basin but 30m smaller in the Amerasian Basin compared
to the CTRL run. These changes in Hhalo between the two
model runs essentially arise from the differences in the sim-
ulated Arctic halocline salinity. The fresher (more saline)
halocline layer simulated in the Eurasian (Amerasian) Basin
with sea ice tensile strength leads to a deeper (shallower)
transition between the stratification regimes (Rρ = 0.05).
These differences in halocline salinity influence the sim-
ulated density anomalies used for calculating the APE. In
the Eurasian (Amerasian) Basin, these density anomalies are
lower (higher) in the TENSILE run than in the CTRL run,
owing to the fresher (more saline) halocline layer. Conse-
quently, the APE simulated with the sea ice tensile strength
scheme is ∼130kJ/m2 lower in the Amerasian Basin but
∼30kJ/m2 higher in the Eurasian Basin (Fig. 17). The sea
ice tensile strength scheme moderately reduces the gap in
the APE simulated with our model configuration and obser-
vations from the PHC climatology in the Beaufort Sea.

The association of the seabed stress scheme to the ten-
sile strength scheme in the TENSEAB run does not yield
significant additional differences in APE compared to the
TENSILE run (Fig. 17). Indeed, the spatial distribution of
the differences in the modelled APE between the TENSEAB
and CTRL runs (Fig. 17c) is similar to the equivalent dif-
ferences between the TENSILE and CTRL runs (Fig. 17d).
This demonstrates that the tensile strength scheme has more
influence on the Arctic halocline stability than the seabed
stress scheme. In our simulations, the indirect impact of sea
ice tensile strength on the Arctic halocline stability via the
modelled sea ice state exceeds the direct effect of landfast
ice on this ocean layer.

4 Conclusion

In this paper, we investigatedwith the global, coupled ocean–
sea ice model NEMO-LIM3 the importance of the landfast
ice representation for the simulation of the Arctic sea ice
cover and its influence on the stability of the Arctic halo-
cline. We implemented two conceptually different landfast
ice process schemes to refine the representation of Arctic
landfast ice in this model. The first scheme prescribes a
seabed stress term in the ice momentum equation to simulate
the effect of grounded ice ridges on the seafloor (Lemieux
et al. 2015). The second scheme modifies the ice rheology
to include isotropic tensile strength and increases uniax-
ial tensile strength (König Beatty and Holland 2010). We
assessed the ability of the model to simulate the Arctic land-

fast ice cover using landfast ice observations (1980–2015)
derived from the NIC sea ice charts (Fetterer and Fowler
2006; Dupont et al. 2022). The novelty of this research is
that, in addition to the landfast ice assessment, we examined
the effects of this type of ice on thewhole sea ice pack and the
stability of theArctic halocline layer over its entire thickness.

As a reference to the scientific community, the following
enumerated paragraphs present the outcomes of this study.
In addition, Fig. 19 summarises these findings graphically as
an organizational chart.

1. NEMO-LIM3 simulates relatively well the landfast ice
extent in the CAA by default, albeit this requires a suffi-
ciently high number of EVP sub-iterations (equal to 920
in this study). The simulated landfast ice state improves
when combining the tensile strength scheme with the
seabed stress scheme. However, this combination still
underestimates the observed occurrence frequencies of
landfast ice in deep water regions, such as in the Kara
Sea. These findings confirm the suitability of the EVP
algorithm for simulating ice arches in the CAA, the role
of grounded ice ridges in the development of landfast
ice in the shallow Siberian shelf waters (Lemieux et al.
2015), and the importance of sea ice tensile strength for
Arctic landfast ice (Lemieux et al. 2016).

2. Improving the simulation of landfast ice leads to a shift
in the position of low sea ice concentration areas. With
the seabed stress scheme, the boundary between drift ice
and landfast ice moves offshore to a new location situ-
ated approximately above the Siberian shelf break. These
regions with low sea ice concentrations are hotspots for
oceanic heat gain in summer and ice growth in win-
ter (Morales Maqueda et al. 2004). On the other hand,
landfast ice shields seawater from interactions with the
atmosphere (Itkin et al. 2015). Furthermore, landfast ice
limits the production of sea ice volume by inhibiting
sea ice deformation (Fig. 12b) and damping thermody-
namic sea ice growth (Fig. 13b). Therefore, our model
runs using the seabed stress scheme tend to simulate 1)
warmer and more saline water masses near the Siberian
shelf break and 2) colder and fresher water masses in
the Siberian shelf regions. These changes in ocean and
sea ice properties promote summer sea ice melt at the
Siberian shelf break and delay landfast ice melt above
the Siberian shelves.

3. Modifying the sea ice rheology formulation to increase
the tensile strength significantly impacts the modelled
Arctic sea ice state. The Arctic sea ice cover is thicker,
more consolidated, and less mobile with sea ice tensile
strength. These changes are expected due to the higher
resistance to shear forces when lowering the eccentric-
ity of the elliptical yield curve (e < 2) and including
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Fig. 19 Organization chart
presenting the principal effects
of the seabed stress scheme
(SEABED), the sea ice tensile
strength scheme (TENSILE),
and their association (TENSILE
+ SEABED) on the Arctic
landfast ice and sea ice cover,
the Siberian shelve waters, the
Arctic Ocean and the Arctic
halocline layer properties. Text
in bold, thick arrows, and thick
lines (regular text, dashed
arrows, and thin lines) indicate
strong (weak) relationships

isotropic tensile strength (kt > 0). The thicker ice pack
modelled with the tensile strength scheme reduces basal
ice growth and brine rejection rates in winter. The sea ice
tensile strength scheme reduces an existing bias in the
simulated winter sea ice speed by 1.7cm/s compared to
the NSIDC-drift product (Tschudi et al. 2019) (Fig. 6g,
h). On the other hand, this scheme increases the posi-
tive difference in total sea ice volume between the CTRL
run and the PIOMAS dataset (Zhang and Rothrock 2003;
Schweiger et al. 2011). Generally, we may not conclude
whether the implemented landfast ice process schemes
improve or degrade sea ice drift or the total Arctic sea
ice volume because of uncertainties in the NSIDC-drift
dataset (Sumata et al. 2015; Szanyi et al. 2016) and the
PIOMAS product (Schweiger et al. 2011).

4. The influences of the seabed stress and tensile strength
schemes on the stability of the Arctic halocline are dis-
tinct. The seabed stress scheme slightly strengthens the
ocean stratification in the Amerasian Basin (APE is
∼27kJ/m2 higher) because of a fresherBeaufortGyre and
more saline water masses circulating anti-cyclonically
in the Amerasian Basin. These changes in hydrography

likely originate from the improved simulation of the land-
fast ice state and the boundary between drift ice and
landfast ice in the Siberian regions. The sea ice ten-
sile strength scheme weakens the stratification (APE is
∼130kJ/m2 lower) in the Amerasian Basin and strength-
ens it (APE is ∼30kJ/m2 higher) in the Eurasian Basin.
These changes in the halocline stratification are a conse-
quence of the effects of the tensile strength scheme on
the Arctic sea ice conditions. The thicker and more con-
solidated ice pack modelled with this scheme gives more
importance to the ice–ocean stress governor mechanism
for turning off the atmospheric forcing of the Beaufort
Gyre. The ice–ocean stress governor is a mechanism
describing the negative feedback between the Ekman
pumping and the relative ocean surface velocities in polar
ocean gyres (Meneghello et al. 2018a). As sea ice drift
and ocean surface velocities equalise, the ocean sur-
face stress driving the Beaufort Gyre decreases, and the
Ekman pumping tends towards zero. In the simulations
using the sea ice tensile strength scheme, the less mobile
ice pack attenuates the atmospheric forcing. This leads to
a less effective freshwater accumulation in the Beaufort
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Gyre and the likely freshwater transfer to the Eurasian
Basin.Additionally, thick sea ice and reduced brine rejec-
tion rates reinforce the stability of the halocline layer
in the Eurasian Basin. This effect of the sea ice tensile
strength scheme is the opposite of the “Atlantification”
of the Arctic Ocean (e.g., Polyakov et al. 2017).

Our simulations using the sea ice tensile strength scheme
underestimate the landfast ice extent and frequency of occur-
rence in deep water regions. We may not exclude issues
related to the difference in landfast ice definitions used for the
model and the NIC observations. However, the underestima-
tion of themodelled landfast ice extent contrasts with the past
model studies of Olason (2016) and Lemieux et al. (2016).
These authors successfully modelled landfast ice over deep
water by increasing the maximum viscosity for the EVP
algorithm (Olason 2016) or increasing the isotropic tensile
strength (Lemieux et al. 2016). Our 1◦ horizontal model grid
is likely missing key coastal features that could enable static
ice arches and offshore extensions of landfast ice over deep
water. Parameterizing subgrid-scale coastal information or
resolving them using high-resolution models would likely
help to simulate a more realistic landfast ice cover in our
model setup.We could further improve the simulation ofArc-
tic landfast ice by using a probabilistic method for the seabed
stress scheme (Dupont et al. 2022). Lastly, we neglected the
impact of tides on landfast ice in this study. Including this
effect limits the overestimation of the landfast ice extent in
tidal-active regions, such as the CAA (Lemieux et al. 2018).

We extended the study of Itkin et al. (2015) by examining
quantitatively the effect of Arctic landfast ice on the stabil-
ity of the halocline layer over its entire thickness. We used
the APE as a bulk measure of this stability (Polyakov et al.
2018). In our simulations, the stability of the Arctic halocline
layer is sensitive to the Siberian landfast ice cover but only
to a small degree. The impact of the sea ice tensile strength
scheme on the APE outpaces the corresponding effect of the
seabed stress scheme on this quantity in either the Eurasian
or Amerasian Basins (Fig. 17). The sea ice tensile strength
scheme influences the Arctic sea ice velocity and thickness
and, subsequently, the stratification of the Arctic halocline.
The seabed stress scheme acts on the stability of this ocean
layer via the representation of the landfast ice state.

The representation of the Arctic halocline layer would
benefit from realistic brine rejection and vertical mixing
schemes in our model setup (Nguyen et al. 2009; Barthélemy
et al. 2015; Ilıcak et al. 2016). Furthermore, our simulation of
the Arctic hydrography likely suffers from biases associated
with the inflowofAtlanticwater in theArcticBasin andocean
shelf processes in the Siberian regions (Heuzé et al. 2023).
Lastly, wemay need to revisit our results with a fully coupled
ocean–sea ice–atmosphere model setup. The coupling with

the atmosphere is relevant in regard to the effects of landfast
ice on the position of flaw polynyas (Morales Maqueda et al.
2004).
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