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Abstract 

 

Continental weathering of extrusive magmatic rocks, including pyroclastic 

materials (i.e. volcanic ash), is an essential component of the global 

geochemical cycles of key elements such as C and Si. However, we still lack 

an in-depth quantitative understanding of the controlling factors. In particular, 

the role of rock crystallinity and chemical composition in dictating dissolution 

and hence, weathering rates, remain unclear. In this PhD research, we 

determined experimentally the dissolution rates of polycrystalline magmatic 

rocks, spanning a range of representative chemical compositions and 

mineralogies. 

The rock dissolution rates were measured at steady sate and far-from 

equilibrium using a homemade fluidized bed reactor (Chapter 3). The 

experiments were carried out in alkaline and acidic pH conditions at 20-25 °C. 

We first document the formation of a micrometric leached layer at the surface 

of a basaltic ash subjected to dissolution in the pH range 2-11 (Chapter 4). The 

composition of this layer varies between a Si and Al-rich endmembers, 

depending on the reactive solution pH and highlights that dissolution is 

incongruent. The potential influence of the degree of crystallinity on 

dissolution rates was assessed by comparing the behaviour a low-Si (basalt) 

and high-Si (dacite) rocks with their glassy (non-crystalline) counterparts 

(Chapter 5). Our results show that in the case of the basaltic composition, the 

crystalline rock was less reactive compared to the glass, but the opposite was 

true for the dacite. Finally, we argue that the dissolution rates of andesite, 

dacite and rhyolite polycrystalline rocks can be approximated based on the 

dissolution kinetics of their major constituents, i.e. silicate glass and 

plagioclases ± pyroxenes (Chapter 6). 

The last part of this PhD is a modelling exercise. We applied a mechanistic 

box model (WITCH) to simulate the weathering of a modern-day, continent-

scale rhyolitic ash deposit and to assess its effects on atmospheric CO2 

consumption and weathering fluxes. WITCH relies largely on laboratory 

kinetics laws to describe chemical weathering in the natural environment. We 

simulated the weathering of an ash deposit (with variable thicknesses) 

representative of a supereruption of Yellowstone volcano, USA, and which 

covers much of North America. The calculations were performed for 

weathering periods ranging from 0.1 up to 10,000 years. The model results 

reveal the importance of the ash deposit thickness and drainage conditions in 

dictating the spatial distribution of the Si and base cation fluxes generated 

through weathering. They also highlight that the emplacement and subsequent 

weathering of a continent-size deposit of rhyolitic ash strongly enhances the 



continental flux of dissolved Si to the ocean for several thousands of years. 

However, in contrast with basaltic lavas, chemical weathering of the rhyolitic 

deposit has a minor influence on the concentration of atmospheric CO2. This 

reflects the low contents of calcium/magnesium silicate minerals in the silicic 

ash material. We further infer that the dissolution rate values for the rhyolitic 

ash as deciphered from the model outputs are in good agreement with those 

obtained experimentally. Overall, this PhD research provides new insights 

into the dissolution rates of polycrystalline magmatic rocks. It also 

demonstrates the potential of large-scale volcanic explosive eruptions to 

enhance the weathering flux of Si on the millennial timescale. 
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CHAPTER 1 General Introduction 

1.1. CONTEXT 

Weathering is one of the major geologic processes in the rock cycle that 

shapes Earth’s surface and alters rock materials, converting all kinds of rocks 

into sediment, eventually forming soils. Rock weathering occurs in response 

to the interaction of the lithosphere with the atmosphere, hydrosphere, and 

biosphere (Keller, 1957). Weathering includes both physical and chemical 

processes. Chemical weathering occurs when the minerals in a rock are 

chemically altered or dissolved. Chemical weathering of silicate minerals 

results from the differences in the thermodynamic conditions that existed at 

the time of the mineral formation and that of ambient conditions at the Earth’s 

surface (White and Brantley, 1995). 

The importance of chemical weathering of terrestrial rocks for the rock cycles 

and key biogeochemical cycles (e.g., C and Si) has long been recognized (e.g., 

White and Brantley, 1995). Chemical weathering has also gained recognition 

in environmental studies related to water quality, watershed acidification, 

nutrient cycling, and the feedback between chemical weathering and climate. 

The atmospheric CO2 consumption by chemical weathering of Ca- Mg silicate 

rocks has a direct link with global climate at the geological timescale (Berner, 

1995). This has been highlighted in laboratory experiments (e.g., Pronost et 

al., 2011), field test (e.g., Gislason et al., 2009; Matter et al., 2011) and 

geochemical modelling (e.g., Beaulieu et al., 2012, Goddéris et al., 2013). 

Most silicate rocks on Earth are magmatic rocks, either intrusive or extrusive. 

According to several studies, weathering of basalt rocks account for around 

20% of the global CO2 drawdown (Gaillardet et al., 1999; Hartmann et al., 

2009). Understandably, numerous laboratory, field and modelling studies 

focus on unravelling the mechanisms of weathering and quantifying its rate in 

different environmental conditions. These investigations focus largely on the 

weathering of silicate minerals and glass (i.e. representing the portion of 

magma that did not crystallize upon cooling) taken separately (Palandri et al., 

2004; Gislason and Oelkers, 2003; Wolff-Boenisch et al., 2004 and references 

therein). In comparison, much less is known regarding the weathering of 

polycrystalline silicate rocks that are comprised of minerals embedded in a 

glassy matrix.  

This PhD is concerned with the chemical weathering of magmatic 

polycrystalline rocks formed when a magma erupts from a subaerial volcano. 

Here, such rocks will be simply referred as to “volcanic rocks”. Rapid magma 

cooling at the Earth’s surface produces volcanic rocks spanning a broad range 

of crystallinities, from glassy to finely grained crystalline textures. One further 
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distinguishes the non-fragmentary (lavas) from fragmentary (pyroclastic) 

volcanic rocks, the latter resulting from the violent breaking of magma during 

an explosive volcanic eruption. Volcanic ash corresponds to a pyroclastic rock 

material <2 mm in diameter (Grozinger et al., 2007).  

The PhD research draws on two approaches: (i) experimental determinations 

of dissolution rates for volcanic rocks in aqueous solutions at various pH 

conditions and at room temperature and (ii) simulation of the weathering of a 

continent-scale ash deposit over different timescales using a geochemical 

model. These approaches seek to enlarge the current understanding of the 

weathering of volcanic rocks and of their potential geochemical implications. 

The first part of the PhD thesis relates to the measurement of dissolution rates 

of volcanic rocks with compositions representative of those found for 

terrestrial volcanic eruptions. The experiments are conducted in the laboratory 

using a fluidized-bed reactor built in our laboratory. The design of this 

equipment was inspired from the work of Chou and Wollast (1984). The 

second part of the thesis focuses on the application of a geochemical box 

model named WITCH (Goddéris et al., 2006) to simulate mineral weathering 

following the regional deposition of ash from a hypothetical modern day 

large-scale volcanic eruption (i.e. a so-called supereruption). The WITCH 

model incorporates laboratory-derived rate laws to describe chemical 

weathering in the natural environment quantitatively. 

 

1.2. AIMS AND OBJECTIVES 

The present PhD research presents the results of experimental and modelling 

studies aimed at improving our knowledge of the chemical weathering of 

volcanic rocks. The specific research objectives are: 

 

i. To develop and use a fluidized-bed reactor to measure the far-

from equilibrium, steady state dissolution rates of powdered 

volcanic rocks at different acidity conditions. 

ii. To describe the dissolution behavior of a basaltic ash at acidic and 

alkaline pH values using the fluidized-bed reactor. 

iii. To assess the effect of crystallinity on the dissolution rates of 

volcanic rocks with different chemical compositions. 

iv. To test the hypothesis that the dissolution rates of a crystalline 

volcanic rock can be approximated by considering the dissolution 

rates of its main constituents taken individually.  

v. To quantify the impact of a continent-size ash deposit on chemical 

weathering fluxes and atmospheric CO2 consumption at different 

timescales using the geochemical model WITCH. 
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1.3. THESIS OUTLINE 

Part I of the thesis provides an overview of the research topic and of the 

methods involved in the experimental work. Chapter 2 presents the 

background related to the main properties of volcanic rocks. This is followed 

by a general description of chemical weathering and chemical weathering rate 

of silicates. Chapter 3 describes the main analytical and experimental 

techniques. This includes the techniques applied for characterizing the 

volcanic rock samples as well those used to measure the composition of 

aqueous solutions generated during the dissolution experiments. Chapter 3 

also details the features of the fluidized-bed reactor that we built.  

Part II of the thesis comprises four data chapters. The first three relates to the 

experimental determinations of the dissolution rates of volcanic rocks, 

including polycrystalline rock, ash and glass, using the fluidized-bed reactor 

at room temperature (20–25 °C). Chapter 4 presents the results obtained for 

a basaltic ash subjected to dissolution at pH values of 2, 3, 5, 8, 10 and 11. 

Chapter 5 compares the experimental dissolutions rates measured for 

crystalline volcanic rocks of basaltic, dacitic and rhyolitic composition at pH 

4 with those obtained for their glassy counterparts. Chapter 6 reports the 

dissolution rates of a basalt, andesite, dacite and rhyolite polycrystalline rocks 

at pH 2, 3 and 5 and discusses these in light of the dissolution rates of the 

individual rocks’ constituents as available from the scientific literature. The 

fourth chapter (Chapter 7) of Part II starts with a brief description of the 

geochemical model WITCH. It then describes the results generated by 

applying WITCH to simulate the weathering of a continent-size ash deposit 

resulting from a modern-day eruption of Yellowstone volcano, USA.  

The final part of the thesis document Part III is Chapter 8, which highlights 

the key contributions made by this study. 
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Figure 1.1. sketches the context of the PhD research and shows the articulation 

of the thesis chapters  

 

 

Figure 1.1. Illustration of the context of the PhD research and articulation of 
the thesis chapters. 
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determinations for volcanic 
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Geochemical 
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CO2 consumption 

Construction of a 

fluidized bed reactor 

(Chapter 3) 
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CHAPTER 2 State of the art 
 

2.1. OVERVIEW OF VOLCANIC ROCKS 

 
Volcanic rocks (or extrusive igneous rocks) are formed at or very near the 

Earth’s surface when magma, including dissolved volatiles such as H2O, CO2, 

SO2, HCl, etc. are discharged at the surface during an effusive or explosive 

eruption (Hyndman, 1985; Grozinger et al., 2007). Volcanic rocks are found 

in nature as lavas or pyroclasts (Hyndman, 1985; Grozinger et al., 2007). Lava 

corresponds to a magma which has solidified at the Earth’s surface. It is the 

typical product of effusive eruptions. Pyroclasts are broken pieces of magma 

ejected violently during an explosive eruption. The fragments may be 

individual crystals, glass and/or rock fragments. The various types of 

pyroclasts are mainly distinguished by their size. Bombs and blocks have a 

mean diameter exceeding 64 mm. Pyroclasts of any shape with a mean 

diameter of 64 mm to 2 mm are defined as lapilli. Pyroclasts with a mean 

diameter less than 2 mm are ash grains being further divided into coarse ash 

(2 mm to 1/16 mm) and fine ash (less than 1/16 mm) (Le Maitre et al., 2002). 

Pyroclast deposits may be consolidated or not. The different types of volcanic 

rocks are shown in Figure 2.1. 

 

  
(a) LAVA (b) BLOCK 

  
(c) LAPILLI (d) ASH 

Figure 2.1. Different kinds of volcanic rocks: (a) A view of lava flowing from 

Kilauea (Hawai) (Photo: Russel McLendon); (b) Large ballistically ejected 

block on Santorini (Greece) (Photo: VolcanoDiscovery); (c) Lapilli from 

Vesuvius (Photo: J. Alean); (d) Volcanic ash (U.S. Geological Survey Photo: 

D.E. Wieprecht). 
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2.1.1. Texture 

Volcanic rocks display three types of texture: glassy, interlocking and 

fragmental (Fig. 2.2). The rock’s texture reflects the rate at which it cooled 

and therefore the environment in which it formed. A glassy texture is 

represented by rock made of a solid mass of glass, or of tiny crystals 

surrounded by glass. Volcanic rocks that consist of mineral crystals that 

intergrow when the melt solidifies, and thus fit together like pieces of a jigsaw 

puzzle, have an interlocking texture, and are called crystalline volcanic rocks. 

Depending on the size of the crystals, crystalline volcanic rocks are further 

subdivided into phaneritic, aphanitic and porphyritic (Fig. 2.3). Phaneritic 

rocks have crystals large enough to be identified with the naked eye. In 

contrast, aphanitic rocks have crystals too small to be identified with the naked 

eye. Porphyritic rocks have larger crystals surrounded by mass of fine crystals. 

In a porphyritic rock, the larger crystals are called phenocrysts, whereas the 

mass of finer crystals is called groundmass. 

GLASSY FRAGMENTAL 
INTERLOCKING/ 

CRYSTALLINE 

 
Figure 2.2. Photomicrographs of thin sections reveal the different textures of 

igneous rocks. 
Taken from Khattak (2016). 

 

   
PHANERITIC APHANITIC PORPHYRITIC 

 

Figure 2.3. Texture of crystalline volcanic rocks. 
Taken from Eifert (2011). 
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2.1.2. Chemical composition 

The chemical composition of a volcanic rock relates to that of its source 

magma. It reflects the original source of the magma and the way in which the 

magma evolved before finally solidifying. The different compositional classes 

are distinguished on the basis of silica content: basalt (45< SiO2 < 52 wt. %), 

andesite (52 < SiO2 < 63 wt. %), dacite and rhyolites (63 wt. % < SiO2). A 

more detailed classification is obtained by plotting the alkali element (Na + 

K) contents as a function of the SiO2 content using the so-called Total Alkali 

Silica (TAS) diagram (Gill, 2010; Fig. 2.4). 

 

 

Figure 2.4. Total Alkali Silica diagram used for classifying volcanic rocks.                                                   
Taken from Le Maitre et al. (2002). 

 

2.1.3. Mineralogy 

Glass 

Volcanic rocks show various degrees of crystallinity. In most cases, the 

crystals are entrapped in a glassy groundmass. Volcanic glass corresponds to 

the magma portion that did not crystallize during cooling and solidification. 

Glass is an amorphous material consisting of a random network of Si 

tetrahedra connected by bridging oxygens (Si-O-Si) (Mysen and Richet, 

2005). The tetrahedral is the basic structural unit of silicate glasses. The 
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tetrahedral have a well-defined geometry and are linked to each other through 

their corners in a manner similar to the connection between tetrahedral in 

crystalline SiO2 (Henderson et al., 2006). Beyond adjacent tetrahedral, the 

medium or intermediate- range structure contains rings of tetrahedral and 

other interconnected units whose exact structures are not well understood 

(Henderson et al., 2006). Trivalent Al or Fe can substitute tetravalent Si in the 

network if a cation is present nearby to compensate for the charge difference 

(Mysen and Richet, 2005).  

 

Silicon, O, Al and Fe are referred to as glass forming elements (GFEs). 

Monovalent and divalent cations (Na+, K+, Ca2+, Mg2+, Fe2+) may act either as 

charge compensators or network modifiers (GMEs) (Scholze, 1990; Oelkers 

and Gislason, 2001). The network formers act as the centers of glass 

polyhedral units (tetrahedral). The oxygen species linking the polyhedral units 

are called bridging oxygen (BO) and these not linking the polyhedra are called 

non-bridging oxygen (NOB). Modifiers and additives create non-bridging 

oxygen species to maintain charge neutrality in a glass structure (Henderson 

et al., 2006; Mahapatra and Lu, 2010). A schematic of glass structure showing 

network former (Si), network intermediates (Al and Fe), network modifiers 

(Na, K, Ca, Mg), network additives (minor components: Mn, Ti, Sr, Zr….), 

and bridging and non-bridging oxygen species is given in Figure 2.5. 

 

 

Figure 2.5. Schematic illustration of the aluminosilicate glass network. 

Taken from Mahapatra and Lu (2010). 
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Because of its amorphous structure, glass is not restricted to specific 

stoichiometries, as crystalline minerals are. This means that glass has a wider 

range of possible compositions. In order to better describe the glass structure, 

the network connectivity (NC) (polymerization state/connectedness) has been 

defined, as the average number of bridging oxygen (BO) atoms bound to a 

network-forming cation, generally Si. Thus, high values of NC typically 

indicate a well-connected glass network, which is not prone to dissolution. 

Lower values indicate a fragmented, disconnected network that has many 

reactive sites and is prone to dissolution (Liebau, 1985; Hill, 1996; Criscenti 

et al., 2005; Wolff-Boenish et al., 2006; Christie et al., 2016). 

 

Minerals 

 

The minerals found in volcanic rocks have crystallized in the source magma. 

They consist dominantly of silicate minerals. As new crystals form during 

magma crystallization, they extract certain chemicals preferentially from the 

melt. As a result, the chemical composition of the remaining melt 

progressively changes as the magma cools. In a cooling mafic (low-SiO2) 

magma, olivine and calcium-rich plagioclase form first. The Ca-plagioclase 

reacts with the melt to form more plagioclase, but the newer plagioclase 

contains more Na. Meanwhile, some olivine crystals react with the remaining 

melt to produce pyroxene, which may encase olivine crystals or even replace 

them. However, some of the olivine and Ca-plagioclase crystals settle out of 

the melt, taking Fe, Mg, and Ca atoms with them. As the melt continues to 

cool, plagioclase continues to form, with later-formed plagioclase having 

progressively more Na than earlier-formed plagioclase. Pyroxene crystals 

react with melt to form amphibole, and then amphibole reacts with the 

remaining melt to form biotite. At temperatures of between 650 ºC and 850 

ºC, only about 10% melt remains, and this melt has a high silica content. At 

this stage, the final melt freezes, yielding felsic minerals such as quartz, K-

feldspar, and muscovite. The specific sequence of mineral-producing 

reactions that take place in a cooling, initially mafic, magma is known as 

Bowen’s reaction series. Besides the silicate minerals, Fe-Ti oxide minerals 

such as Ti-magnetite and ilmenite also crystallize in most magmas (Hyndman, 

1985; Grozinger et al., 2007; Gill, 2010). Table 2.1 provides the chemical 

formula of minerals commonly found in volcanic rocks (Nakagawa and Ohba, 

2002).  
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Table 2.1. Common minerals found in volcanic rocks. 

Group Mineral End Member Chemical Formula 

Olivine Olivine Forstelite 

Fayalite 

Mg2SiO4 

Fe2+
2SiO4 

Feldspar Plagioclase 

 

Alkali feldspar 

Anorthite 

Albite 

Potassium 

feldspar 

CaAl2Si2O8 

NaAlSi3O8 

KAlSi3O8 

Pyroxene Orthopyroxene 

Clinopyroxene 

Enstatite 

Ferrosilite 

Wollastonite 

MgSiO3 

Fe2+SiO3 

CaSiO3 

Amphibole Hornblende 

 

 

 

 

 

 

 

Cummingtonite 

Actinolite 

 

Edenite 

 

Pargasite 

 

Tschermakite 

Ca2(Mg,Fe2+)5Si8O22 

(OH)2 

NaCa2(Mg,Fe2+)5AlSi7 

O22 (OH)2 

NaCa2(Mg,Fe2+)4Al3 

Si6O22 (OH)2 

Ca2(Mg,Fe2+)3Al3Si6 

O22 (OH)2 

(Mg,Fe2+)7Si8O22 

(OH)2 

Mica Biotite Annite 

 

Siderophyllite 

 

Phlogopite 

 

Eastonite 

K2Fe2+
6Al2Si6O20 

(OH)4 

K2Fe2+
5Al4Si5O20 

(OH)4 

K2Mg6Al2Si6 O20 

(OH)4 

K2Mg2+
5Al4Si5 O20 

(OH)4 

Spinel Titanomagnetite 

 

Ilmenite 

Magnetite 

Ulvospinel 

Fe2+Fe3+
2O4 

Fe2+2 TiO4 

Fe2+TiO3 

 

Figure 2.6 portrays how the mineral assemblages in volcanic rocks 

(intrusive/coarse-grained: granite, diorite, gabbro and periodotite; 

extrusive/fine-grained: rhyolite, andesite and basalt) change with chemical 

composition. The vertical axis shows the mineral composition of a given rock 

as percentage of its volume. The horizontal axis is a scale of silica content by 

weight (Grozinger et al., 2007). 
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Figure 2.6. Classification model of igneous rocks. The vertical axis shows the 
mineral composition of a given rock as a percentage of its volume. The 

horizontal axis is a scale of silica content by weight. 
Adapted from Grozinger et al. (2007). 
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2.2. VOLCANIC ASH AND ENVIRONMENTAL EFFECT OF 

TEPHRA DEPOSITION 

 

2.2.1. Overview of volcanic activity 
 

Volcanic eruptions represent fluxes of matter and energy from the interior to 

the surface of the Earth (Sigurdsson, 2015). Volcanism occurs when magmas 

and dissolved volatile species are extruded from pipes or cracks as lava or 

when they explode to produce pyroclastic materials. Magma (molten rock 

inside the Earth) rises buoyantly to the surface because, as a fluid, it is less 

dense that surrounding rock. (Grozinger et al., 2007). Dissolved volatile 

species found in molten magma include water (H2O), carbon dioxide (CO2), 

sulphur dioxide (SO2), hydrogen sulphide (H2S), hydrochloric acid (HCl) and 

possible hydrofluoric acid (HF) (Sigurdsson, 2015). 

 

Volcanic eruptions can produce localized phenomena (Figure 2.7), such as 

pyroclastic flows/pyroclastic density currents (fast moving current of hot gas 

and volcanic matter) and lahars (mudflow composed of pyroclastic material, 

rock debris and water), which are the most destructive and dangerous (Auker 

et al., 2013). However, the most frequent, and often widespread, volcanic 

hazard is tephra, occurring in more than 90% of all eruptions (Newhall and 

Hobllitt, 2002). Tephra comprises fragments of rock produced when magma 

or vent materials are explosively disintegrated during an eruption. Larger 

tephra (blocks or bombs) follow ballistic trajectories and pose a local threat 

(usually < 5 km). Smaller diameter tephra, comprising lapilli and ash are 

convected upwards within the eruption column and dispersed away from the 

volcano by winds or buoyancy forces (Loughlin et al., 2015). Ash particles 

can be carried hundred or even thousands of kilometres away from the source 

falling out of suspension over large multi-national areas to form ash falls 

(Scasso et al., 1994). Ash fall are the volcanic hazard with the greatest 

potential to directly or indirectly after the largest number of people worldwide 

(Simkin et al., 2001, Witham, 2005). 

 

2.2.1.2. Sizes of volcanic eruptions 

 

Volcanic eruption is usually measured by magnitude and/or intensity (Pyle, 

2015). The magnitude of an eruption is defined as total erupted mass (kg), 

while intensity is defined as the rate of eruption, or mass flux (kg per second). 

Magnitude, M, is defined as the base 10 log of the mass erupted in kilograms 

minus 7. Magnitudes range over 9 orders of magnitude with magnitude 9 

eruptions being the largest (e.g. the largest Holocene eruption being 

magnitude 7.4 as pointed by Brown et al., 2014). The range of intensities is 

very large, from a few kg s-1 to a billion kg s-1 in exceptional rare events 

(Loughlin et al., 2015). 
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Figure 2.7. Schematic representation of the main volcanic hazards associated 

to volcanic eruptions.                                                                                         
Taken from 1995 U.S. Geological Survey Open-File Report 96-231. 

 

 

The amount of material in an eruption can be also described in terms of 

volume of material. Volume is normally described in two ways: (a) DRE 

(dense rock equivalent) is an estimate of the pre-eruption volume of erupted 

magma (densities range from ~ 2.2-2.8 x 103 kg m-3) and for explosive 

eruptions (b) the volume of pyroclastic material emitted (density averages 

roughly ~103 kg m-3). The volume of pyroclastic material deposit at 

Earth’surface, commonly used to characterize explosive eruptions, is thus two 

or three times greater than that of the magma necessary to form the material 

due to the difference in density (Miller and Wark, 2008). 
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In order to compare the size of different types of eruptions, a magnitude scale 

is commonly used. For instance, the Volcanic Explosive Index (VEI) 

comprises a scale from 0 to 8 (Table 2.2). VEI is approximately equivalent to 

the magnitude (M), which is based on a logarithmic scale of mass. The VEI is 

based on the volume of material erupted during an explosive eruption (which 

can be estimated based on fieldwork after an eruption) and also the height of 

the eruptive column of ash (Newhall and Self, 1982). 

 

Table 2.2. Volcanic explosivity index (VEI).  
Modified after Newhall and Self (1982). 

VEI 

Ejected 

volume 

(km3) 

Frequency on Earth Example 

0 > 10-6 daily Kilauea, Hawaii 

1 > 10-5 daily Stromboly, Italy 

2 > 10-3 weekly Galeras, Colombia, 1993 

3 > 10-2 Yearly Nevado del Ruiz, 

Colombia, 1985 

4 > 10-1 ~every 10 a Soufrière Hills, West 

Indies, 1995 

5 > 1 ~every 50 a Mount St. Helens, USA, 

1980 

6 >10 ~every 100 a Pinatubo, Philippines, 

1991 

7 >100 ~ every 1000 a Tambora, Indonesia, 1815 

8 >1000 ~every 10,000 a -

100,000 a 

Supereruptions: Toba, 74 

ka 

 

 

2.2.2. Volcanic ash physical and chemical properties 
 

Volcanic ash is defined as the solid material < 2 mm in diameter produced by 

eruptive processes including magma fragmentation during volatile exsolution 

and bubble bursting, erosion of the conduit wall and vent, and collision and 

abrasion of larger pyroclasts (Fischer and Schmincke, 1984; Heiken and 

Wohletz, 1992). The bulk chemical composition of volcanic ash reflects that 

of the source of magma consists primarily of the major crustal elements silicon 

(Si), aluminium (Al), iron (Fe), magnesium (Mg), calcium (Ca), sodium (Na), 

potassium (K) and titanium (Ti). The ash comprises a mixture of glass and 

mineral components. (Heiken and Wohletz, 1992).  

 

The magma composition influences indirectly ash physical properties via its 

effect on melt viscosity. The more silica-rich, crystal-rich, metal-poor and 

volatile poor the magma, the higher its viscosity and therefore its 
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fragmentation energy, resulting in the production of finer ash (Mysen and 

Richet, 2005). The composition and viscosity of the source magma also 

influences ash properties such as density (Shipley and Sarna-Wojcicki, 1983) 

and shape (e.g., spherical, elongate, bubble wall shards) (Heiken and Wohletz, 

1992). 

 

2.2.3. Environmental effects of tephra (ash) emission-deposition 
 

Volcanic eruptions can produce a number of hazards that vary widely in their 

spatial distribution and in the impacts they can have for society (Loughlin et 

al., 2015). Tephra deposition can affect large areas and cause significant 

damage to natural and agricultural ecosystems. Among the tephra receiving 

environments, vegetation and soil systems are of high importance as their 

damage may result in lower agricultural potential of the affected areas due to 

the decreased net productivity, loss of crops, water contamination (Ayris and 

Delmelle, 2012). 

 

The intensity and duration of the environmental impacts of tephra are 

governed by a combination of factors, such as time of the year (e.g. harvest 

season or planting season), the residence time of tephra deposit in terrestrial 

ecosystems, the physico-chemical characteristics of the tephra deposit (e.g. 

deposit thickness, chemical reactivity) and environmental receptor 

characteristics (Ayris and Delmelle, 2012). 

 

2.2.3.1. Tephra emission in the atmosphere 

 

Airbone tephra may influence the atmosphere’s physical properties. If present 

in vast quantities, tephra in the stratosphere may be accompanied by increased 

reflection of solar radiation back to space (Mass and Robock, 1982). A 

continent-size ash deposit with a high albedo would induce changes in the 

energy budget of the atmosphere, as simulated by Jones et al. (2007). Tephra 

in the atmosphere could also serve as cloud condensation nuclei (CCN) 

(Lathem et al. 2011). Under certain conditions, the efficiency of tephra to 

initiate ice nucleation is though comparable to or greater than that of other 

natural mineral dust materials (Steinke et al., 2011). Similar to airborne 

mineral dust particles (Usher et al., 2003), tephra emissions may also 

temporarily affect the chemical composition of the atmosphere by interacting 

with significant trace gases including SO2, O3, NOx and organic compounds 

(Maters et al., 2016). 

 

2.2.3.2. Tephra deposition on vegetation 

 

Tephra deposition affects vegetation through both physical and chemical 

processes. Tephra deposition on leaves may result in the localized death of 
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leaf tissues caused by the abrasiveness of tephra to the plants. Besides, 

cementation of the surface tephra layer may serve as a barrier for seed 

emergence (Wilson et al., 2011). From the chemical perspective, tephra on 

foliage when in contact with water may damage plants due to the release of 

soluble compounds (e.g. halide salts), as it was suggested after the eruption of 

Mt. St. Helens (Cook et al., 1981). Tephra deposition on soil may indirectly 

affect vegetation via releases of elements and consequent plant uptake (Cronin 

et al., 1997). 

 

2.2.3.3. Tephra deposition on soil 

 

The direct effect of tephra deposition on soil can manifest in a soil albedo 

change, which increase (dark-colored) or decrease (light-colored) soil 

temperature, which may in turn cause heat stress in roots (Smith et al., 2010; 

Cook et al., 1981). A tephra deposit on soil can also affect water and gas 

exchanges between soil and atmosphere. For instance, tephra can enhance 

water conservation in soils (Tejedor et al., 2003). Besides, tephra cementation 

can further impact water infiltration rate (Leavesley et al., 1989). Thus, crusts 

formed in tephra deposits may diminish water storage in the underlying soil, 

cause runoff and hence erosion (Jones et al., 2017). 

 

Fresh tephra deposits on soil may release acidic compounds upon exposure to 

rainwater. This may result in a transient drop in pH of the soil. Tephra leaching 

could be accompanied by the release of toxic concentrations of Al in the soil 

solution along with some exchangeable cations (Ca, Mg, K and Na) 

(Dahlgren, 2008). Another effect impact of tephra on soils is contamination 

with fluoride (Weinstein and Davison, 2004). A tephra deposit on soil can also 

bring positive effects to nutrient poor soils by releasing key agronomically 

useful elements such as P, S, Ca, Na, K, Mg, Se and in small amounts B, Co, 

Cu and Zn (Cronin et al., 1998). 

 

2.2.3.4. Tephra deposition on ice/snow surfaces 

 

A tephra deposit can significantly reduce snow or ice albedo in the visible 

wavelengths, thereby affecting the snow or ice surface energy budget. 

Generally, a thin layer of tephra will be conductive to enhance snow or ice 

ablation rates due to increase absorption of solar energy and heat transfer into 

the ice or snow (Brock et al., 2007; Ayris and Delmelle, 2012). 

 

2.2.3.5. Tephra deposition on aquatic systems 

 

The entrance of tephra into water bodies may instigate a range of physical 

effect, shaping river or lake morphology and having detrimental impact on 

phytoplankton and larger plants (Ayris and Delmelle, 2012). Tephra 

deposition into lakes and rivers after an eruption will cause transient increases 
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in turbidity. High turbidity reduces light penetration and hence may impact on 

photosynthetic activity (Grobbelaar, 1985). 

 

Changes in the composition of rivers from the draining of catchments affected 

by tephra fallout have been also noticed in some studies (Lee, 1996; Klein, 

1984; Cushing and Smith, 1982, Flaathen and Gislason, 2007). Thus, tephra 

exposure to rain or snow in catchment areas may alter river water chemistry 

for a period of hours, days or weeks. Additionaly, when deposited in water 

bodies, tephra can be a direct source of nutrient for phytoplankton (Eicher and 

Rounsefell, 1957; Lotter et al., 1995; Telford et al., 2004). In addition, tephra 

deposits over lake bottom sediments may create an impermeable barrier; this 

impedes nutrient exchange across the water-sediment interface (Barker et al., 

2000; Telford et al., 2004). 

 

It is also recognized the potential role of tephra in supplying Fe to Fe-limited 

regions of the ocean (Dugge et al., 2007, 2010; Jones and Gislason, 2008, 

Olgun et al., 2011). It has been also proposed that frequent explosive eruption 

from silicic large igneous provinces may have been responsible for climate 

forcing by ocean Fe fertilization throughout Earth’s history (Cather et al., 

2009). While the presence of soluble elements in tephra can be beneficial for 

the aqueous biota, it may also have detrimental effects. Duggen et al. (2007) 

and Jones and Gislason (2008) pointed out that heavily loading of tephra in 

water bodies with low concentrations of organic ligands, such as open ocean 

surface waters and fresh water, could exceed the toxicity threshold of free Cu. 

Other soluble elements present in tephra, including Al, As, Ba, Cd, Co, F, Mn, 

Ni, Pb and Zn, could be also considered as potential inhibitors of biological 

growth in aquatic environments (Brand et al., 1983, 1986; Chakraborty et al., 

2010). 
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2.3. CHEMICAL WEATHERING 

 

Weathering is the response of the lithosphere with the atmosphere, 

hydrosphere, and biosphere (Keller, 1957). Weathering is one of the major 

geologic processes in the rock cycle that shapes Earth’s surface and alters rock 

materials, converting all kinds of rocks into sediment and forming soils 

(Grozinger et al., 2007). There are two types of weathering: physical and 

chemical weathering. Physical weathering takes place when solid rock is 

fragmented by mechanical processes that do not change its chemical 

composition. Chemical weathering occurs when the minerals in a rock are 

chemically altered or dissolved. Chemical weathering of silicate minerals 

results from the differences in the thermodynamic conditions that existed at 

the time of the mineral formation and that of ambient conditions at the Earth’s 

surface (White and Brantley, 1995). 

 

The importance of chemical weathering has long been recognized in relation 

to the Earth’s ecosystems and interactions with biology, hydrology and 

climate (White and Brantley, 1995). Chemical weathering has gained 

recognition in environmental studies related to water quality, watershed 

acidification, nutrient cycling, and the feedback between chemical weathering 

and global CO2 budgets and global warming (White and Brantley, 1995). 

 

During the weathering of silicate and carbonate minerals atmospheric CO2 is 

taken up and converted to dissolved bicarbonate (HCO3
-), which is then 

transferred to the ocean via river transport (Berner, 1995). The HCO3
- , after 

delivery to the oceans by rivers, can be stored there or removed from the 

oceans in the forms of carbonate minerals or organic matter in sediments (CO2 

is fixed to form biomass in the oceans, organic matter in sediments is the 

residue of organic life which is buried in the ocean) (Berner, 1995). Typical 

(simplified) chemical weathering reactions of carbonate and silicate minerals, 

including the possible precipitation reactions in the ocean are shown below 

(Hartmann et al., 2009).  

 

 

Carbonate 

 

𝐶𝑎𝐶𝑂3 + 𝐶𝑂2 ↓ +𝐻2𝑂 → 𝐶𝑎2+ + 2𝐻𝐶𝑂3
−  

                                                                   →  𝐶𝑎𝐶𝑂3 ↓ + 𝐶𝑂2 ↑ +𝐻2𝑂   [2.1] 
 

(No net-sink of consumed atmospheric CO2) 
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Olivine 

 

𝑀𝑔2𝑆𝑖𝑂3 + 4𝐶𝑂2 ↓ +4 𝐻2𝑂 → 2 𝑀𝑔2+ + 4𝐻𝐶𝑂3
− + 𝐻4𝑆𝑖𝑂4 

                                          → 2 𝑀𝑔𝐶𝑂3 ↓  + 𝑆𝑖𝑂2  ↓ + 2𝐶𝑂2 ↑ +4𝐻2𝑂  [2.2] 

(Net sink <50% of consumed atmospheric CO2 due to other processes such as 

alteration of the oceanic crust, etc.) 

 

Albite 

 
2𝑁𝑎 𝐴𝑙 𝑆𝑖3𝑂8 + 2𝐶𝑂2 ↓ +11𝐻2𝑂 

         → 𝐴𝑙2𝑆𝑖2𝑂5(𝑂𝐻)4 + 2 𝑁𝑎+ + 2𝐻𝐶𝑂3
− + 4𝐻4𝑆𝑖𝑂4 

                 → 𝐴𝑙2𝑆𝑖2𝑂5(𝑂𝐻)4 + 2 𝑁𝑎+ + 2𝐻𝐶𝑂3
− + 4𝑆𝑖𝑂2 ↓ +8 𝐻2𝑂   [2.3] 

(Net sink of consumed atmospheric CO2 <100% due to other processes such 

as reverse weathering or evaporite precipitation) 

 

 

As observed from Equations [2.1], [2.2] and [2.3], atmospheric carbon is 

consumed during the dissolution reaction itself (Berner, 1995). However, the 

weathering of silicates, and not carbonates, exerts a major long-term control 

on atmospheric CO2 (Berner, 1995). In contrast to the weathering of Ca- and 

Mg- carbonates (Eq. [2.1]), the weathering of Ca- and Mg- silicates (equations 

[2.2] and [2.3]) results in the net removal of CO2 from the atmosphere (Berner, 

1995). Because carbonate dissolution is not a geologic long-term sink (since 

carbonate precipitation in the oceans returns the consumed CO2 relatively 

rapidly) accurate understanding of silicate to carbonate weathering proportion 

and its spatial distribution is essential, when discussing CO2 as a climate factor 

(Lenton and Britton, 2006). 

 

Sodium and K added to the oceans by silicate weathering are not removed as 

carbonates by reaction analogous to those illustrated by Equations [2.2] and 

[2.3] above, because of the great solubility of Na- and K- carbonate minerals 

(Berner, 1995). Sodium and K added by silicate weathering are removed by 

silicate formation (reverse weathering or basalt-seawater reaction) in the 

oceans with the return of CO2, originally consumed by continental weathering 

to the atmosphere (Berner, 1995). 

 

The atmospheric CO2 consumption by chemical weathering of Ca-, Mg-

silicate rocks has a direct link with global climate (Berner, 1995) as 

demonstrated by laboratory experiments (Pronost et al., 2011), field test 

(Matter et al., 2011) and geochemical modelling (Beaulieu et al., 2012, 

Goddéris et al., 2013).  
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Hartmann et al. (2009) calculated that the global CO2-consumption by 

chemical weathering is ~237 Mt C a-1. Silicate weathering accounts for 63% 

of the global CO2-consumption. Previous studies indicate similar values for 

the consumption of atmospheric/soil CO2 by weathering, i.e. between 258 and 

288 Mt C a-1 (granitoids and carbonates) (Gaillardet et al., 1999; Amiotte-

Suchet et al., 2003). Gaillardet et al. (1999) suggested that basalt weathering 

alone accounts for as much as 30 to 35% of CO2 by silicate weathering.  

 

Hartmann et al. (2009) estimated the spatial distribution of rock weathering 

(Figure 2.8). Hotspots correspond to areas where weathering rates are > 10 

times higher than the global average (2 t C km-2 a-1). Warm and high runoff 

areas are named hyperactive areas, which feature weathering rates 5 to 10 

times greater than global average rates. Only ~9% of the global exorheic area 

(where water constantly flows out under all climatic circumstances) is 

responsible for about ~50% of CO2- consumption by chemical weathering (or 

if hotspots and hyperactive areas are considered: ~3.4% of exorheic surface 

area correspond to ~28% of the global CO2 consumption). The contribution of 

endorheic areas (limited drainage) to the global CO2-consumption is minor 

(~3.7 Mt C a-1). 
 

 

Figure 2.8. Global distribution of CO2-consumption by chemical weathering. 

Note the global average for exorheic areas is ~ 2t C km-2 a-1.  

Taken from Hartmann et al. (2009). 

 

It is important to highlight that Hartmann’s map (Figure 2.8) was obtained 

using a high-resolution model for global CO2-consumption by chemical 

weathering. This model was calibrated with data mainly from Japan and 

evaluated with regional literature. This modelling approach entails some 
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limitations. In fact, as pointed by Hartmann et al. (2009), future models should 

be calibrated region by region, incorporating local to regional data on 

geochemical composition for distinguished lithological classes, as well as 

weathering and diagenetic history (specifically for sediment classes). 

Additionally, future global dynamic carbon models need to recognize changes 

in the spatial correlation between runoff and lithology. 

 

Chemical weathering of silicates is promoted by dissolved protons in water; 

dissolved CO2 (to form carbonic acid, H2CO3) being the most common source 

of acidity. Other sources of acidity include sulfur dioxide and nitrogen gases 

emitted form volcanoes and coastal marshes, but its effect compared to CO2 

in chemical weathering of silicates remains limited on the global scale 

(Grozinger et al., 2007). Other sources of acidic ground water include a range 

of organic acids secreted during the life cycle of organism such as lichens, 

bacteria, filamentous algae and cyanobacteria (Huddart and Stott, 2010). It is 

also important to recognize the impact of humans in producing acidic rainfall 

from air pollution in urban areas (Huddart and Stott, 2010). Additionally, 

during the oxidation of sulfides, like pyrite, sulfuric acid is generated, which 

eventually dissolves rock forming materials (Chigira and Oyama, 2000). 

 

Carbonic acid (H2CO3) is a weak acid formed when atmospheric CO2 

dissolves in rain water. Although rainwater contains only a relatively small 

amount of dissolved H2CO3 (0.0006 g L-1), that amount is enough to weather 

feldspars and dissolve rocks over long periods of time (Grozinger et al., 2007). 

 

Chemical weathering processes by which rock-forming minerals may be 

attacked (damage or weakening of the mineral network), altered (replacement 

or exchange of new species) or transformed (generation of new species) 

include: solution (dissolution or chelation), hydrolysis, hydration, 

isomorphous replacement and oxidation/reduction reactions (Huddart and 

Stott, 2010). The removal of metal ions by solution or hydrolysis, the addition 

or removal of water, and the substitution of one ion by another all have the 

potential not only to weaken or stress the rock-forming minerals but to change 

its properties, such as its solubility (Huddart and Stott, 2010). They can 

transform a mineral by removal and substitution to create a new, secondary 

mineral (Huddart and Stott, 2010). Therefore, three basic products of chemical 

weathering can be recognized: (a) a residual framework of minerals resistant 

to weathering; (b) secondary clay minerals formed by transformation of 

primary silicate minerals; (c) the loss of minerals and both cations and anions 

in solution (Huddart and Stott, 2010).   
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2.3.1. Controls on the intensity of chemical weathering 

Several factors control the intensity of chemical weathering, either intrinsic to 

the particular rock (susceptibility of the minerals) or extrinsic, for example 

including the influence of rainfall and temperature. 

 

Intrinsic factors encompass the presence of discontinuities and mineral 

susceptibility. Chemical weathering is enhanced by the presence of 

discontinuities within the rock since they allow the penetration of air and water 

(Huddart and Stott, 2010). Mineral susceptibility can be expressed through the 

Bowen’s reactions series (Fig. 2.9).  

 

Figure 2.9. Bowen’s reactions series and mineral susceptibility to chemical 
weathering.                                                                                                          

Taken from Huddart and Stott (2010). 
 

Mineral susceptibility to weathering has also been linked with the relative 

stability of different cations. The general mobility sequence is calcium ≥ 

sodium ≥ magnesium ≥ silica ≥ aluminum ≥ potassium ≥ iron ≥ titanium. The 

concentrations of these cations in a particular mineral may help to determine 

its stability to weathering (Huddart and Stott, 2010). 

 

Extrinsic factors refer to the environment conditions that impact chemical 

weathering. These include climate, vegetation and topography which drive 

variations in temperature, water dynamics and water chemistry (Huddart and 

Stott, 2010). As illustrated in Figure 2.10, the environmental factors can be 

divided between thermodynamic and kinetic factors, which combined with the 

nature of the parental material, the organic activity, the topography and the 

climate affect in different ways the weathering rate of minerals and rocks in 

natural environments (Curtis, 1976; Huddart and Stott, 2010). 
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2.3.2. Measuring weathering rates 

Weathering studies are being conducted over a wider range of geochemical 

environments and geographic localities (White and Brantley, 1995). Efforts 

have also been made to characterize global weathering flux rates more 

accurately and to develop global weathering models (White and Brantley, 

1995). Natural weathering can be characterized by changes in microscopic 

surface morphologies of mineral grains, by solid and solute changes in soil 

profiles, from solutes fluxes in small watersheds and large river basins and by 

continental and global-scale element cycles (White, 2011). 
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Chemical weathering is characterized in either qualitative or quantitative 

terms (White, 2011). Qualitative approaches entail comparing the relative 

weathering of different minerals or the weathering of the same mineral in 

different environments (White, 2011). The second approach focuses on the 

determination of weathering rates that quantitatively describe silicate mineral 

and rock weathering (White, 2011). Thus, the rates obtained are related to 

reaction mechanisms and can be used as predictive tools in estimating how 

weathering will behave under various environmental conditions (White, 

2011).  

 

The weathering rate R (mol m-2 s-1) of a primary silicate mineral is commonly 

defined by the relationship (White, 2011): 

 

𝑅 =
∆𝑀

𝑆 𝑡
                                                                                                                                       [2.4] 

 

where ∆𝑀 (mol) is the mass change due to weathering, S (m2) is the total 

surface area involved and t (s) is the duration of the reaction (White, 2011). 

Thus, weathering rate is equivalent to a chemical flux (mol m-2 s-1; White, 

2011). Weathering rates can be element, or mineral specific. Weathering rates 

based on geographic and volumetric surface areas are referred to as 

weathering fluxes, and weathering based on specific surface areas are 

referred to as mineral specific weathering rates (White, 2011). Examples of 

element-based rates are those reported for annual stream or river discharge, 

and normalized to the watershed area (White, 2011). Watershed fluxes are 

commonly defined as the sum of rock-derived base cations solubilized per unit 

area of geographic surface and per unit of time, being equivalent to chemical 

denudation (Bluth and Kump, 1994; White and Blum, 1995). This approach 

commonly involves comparing changes between initial and final solution 

concentrations in a known volume of water (White, 2011). The calculation of 

mineral weathering rates based on solute concentrations is complicated by the 

fact that individual solution species are commonly produce by more than one 

weathering reaction. Thus, it is assumed that weathering products are 

characterized by specific geochemical end-members representing lithologies 

(e.g., carbonate or silicates). 

 

Silicate weathering fluxes based on mineral flux data in the literature are less 

common than element-base data (White, 2011). More data are available for 

plagioclase feldspar than other mineral phases, which partly reflects the more 

common occurrence of the former in crystalline rocks. Weathering rates of 

other silicates are more difficult to determine from elemental fluxes because 

their major components are commonly derived from more than one mineral 

(White, 2011). 
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2.3.3. Measuring chemical weathering rates in natural systems 

(catchments and river chemistry) 

The determination of weathering rates by solute budgets requires the 

measurement of the inputs to a catchment from the atmosphere and the output 

from the catchment, usually in the form of surface runoff (Drever and Clow, 

1995). The difference between the flux in and the flux out for each element 

represents the generation (or removal) of the element by processes within the 

catchment. Chemical weathering is not the only process affecting solute 

budgets. Uptake by plants and cation exchange may significantly influence 

element fluxes (Drever and Clow, 1995). Assuming that the time-scale is long 

enough that changes in water storage can be ignored, Drever and Clow (1995) 

used Eq. [2.5] to illustrate the main solute budgets. 

 

𝑠𝑜𝑙𝑢𝑡𝑒𝑠 𝑖𝑛 𝑜𝑢𝑡𝑓𝑙𝑜𝑤 = 𝑠𝑜𝑙𝑢𝑡𝑒𝑠 𝑓𝑟𝑜𝑚 𝑎𝑡𝑚𝑜𝑠𝑝ℎ𝑒𝑟𝑒           

                                       + 𝑠𝑜𝑙𝑢𝑡𝑒𝑠 𝑓𝑟𝑜𝑚 𝑤𝑒𝑎𝑡ℎ𝑒𝑟𝑖𝑛𝑔 

                                         ± 𝑠𝑜𝑙𝑢𝑡𝑒𝑠 𝑓𝑟𝑜𝑚 𝑐ℎ𝑎𝑛𝑔𝑒 𝑖𝑛 𝑏𝑖𝑜𝑚𝑎𝑠𝑠 

                                           ±𝑐ℎ𝑎𝑛𝑔𝑒 𝑖𝑛 𝑒𝑥𝑐ℎ𝑎𝑛𝑔𝑒 𝑝𝑜𝑜𝑙 

                                             −𝑝𝑟𝑒𝑐𝑖𝑝𝑖𝑡𝑎𝑡𝑖𝑜𝑛 𝑖𝑛 𝑠𝑒𝑐𝑜𝑛𝑑𝑎𝑟𝑦 𝑚𝑖𝑛𝑒𝑟𝑎𝑙𝑠 [2. 5] 

 

There is not simple direct way of measuring the contribution of chemical 

weathering to the solutes measured at the output of a catchment. The most 

common approach is to assign values to (or simply ignore) the biomass change 

and ion exchange terms in Eq. [2.5] and determine the weathering term by 

difference (Drever and Clow, 1995). For instance, in catchments where 

bedrock weathers rapidly, the weathering term is much larger than the other 

two. Where atmospheric deposition has not been affected significantly by 

pollution, neglecting the ion exchange term should not introduce much error, 

and in catchments that are largely unvegetated, the biomass term should be 

negligible. 

 

An alternative approach is to consider the budget of an element that is not 

significantly affected by ion exchange or biomass uptake, such as sodium or 

silicon (Stauffer and Wittchen, 1991; White and Blum, 1995). If the flux of 

sodium from weathering is known (output- atmospheric input), and the 

stoichiometry of weathering is known, then the fluxes of the other cations, 

notably Ca2+ and Mg2+, can be calculated by multiplying the sodium flux by 

the appropriate stoichiometric ratio (Drever and Clow, 1995). However, in 

coastal areas with low weathering rates, the flux of Na from weathering may 

be small compared to the flux from the atmosphere, and in general there is no 

easy way of measuring the stoichiometry of weathering. Silica can be used 

instead of sodium. The advantage is that the input-output budget of silica can 
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be established with more certainty than that of sodium. The disadvantage is 

that silica is partially retained in secondary minerals such as kaolinite and 

smectite and may be affected by adsorption-desorption reaction and plant 

uptake. Further, when silicon enters into the oceans it is partly taken up by 

diatoms, which use silicon as an essential nutrient for their growth (Struyf et 

al., 2009). 

 

Several researches have used Sr isotopes to characterize the relative 

contribution of cation exchange and weathering in the output budgets of 

catchments (Aberg et al., 1989; Miller et al., 1993). If it is assumed that Ca2+ 

behaves exactly as Sr2+, then the Ca2+ in the outflow can be assigned to the 

two sources in the same ratio as for Sr (Drever and Clow, 1995). Another 

approach to establish a long term weathering budget for a catchment is to 

measure the accumulation of soil and the change in composition that occurs 

as bedrock is converted to soil (White, 1995). Table 2.3 contains a tabulation 

of weathering rates for the common silicate minerals based on average 

watershed fluxes and geographic areas (White, 2011). 
 

 

Table 2.3. Weathering rates for selected silicate minerals based on average 
annual watershed discharge. 

Taken from White (2011). 
Watershed Rate                 

(mol ha-1 yr-1) 

References 

Plagioclase   

Emerald Lake, CA, USA 44 Williams et al. (1993) 

Loch Vale Watershed, 

CO, USA 

86 Mast et al. (1990) 

Gigndal Watershed, 

Norway 

100 Frogner (1990) 

Lapptrasket Basin, 

Sweeden 

148 Andersson-Calles and 

Eriscksson (1979) 

Rio Parana, Brazil 174 Benedetti et al. (1994) 

Plastic Lake, Canada 185 Kirkwood and Nesbitt 

(1991) 

 

 
 
 
 
 
 
 



 

31 
 

Table 2.3 (continued). Weathering rates for selected silicate minerals based 
on average annual watershed discharge. 

Taken from White (2011). 
Watershed Rate                 

(mol ha-1 yr-1) 

References 

K-feldspar   

Pond Branch, MD, USA 11 Cleaves et al. (1970) 

Silver Creek, ID, USA 44 Clayton (1986) 

Plastic Lake, Canada 69 Kirkwood and Nesbitt 

(1991) 

Biotite   

Lapptrasket Basin, 

Sweeden 

3 Andersson-Calles and 

Eriscksson (1979) 

Loch Vale Watershed, 

CO, USA 

26 Mast et al. (1990) 

Hornblende   

Lapptrasket Basin, 

Sweeden 

2 Andersson-Calles and 

Eriscksson (1979) 

Plastic Lake, Canada 8 Kirkwood and Nesbitt 

(1991) 

Emerald Lake, CA, USA 24 Williams et al. (1993) 

 

2.3.4. Weathering rates of aluminosilicates 

Weathering rates of aluminosilicates have been extensively quantified in the 

latest years, either for silicate minerals or for natural and synthetic glasses. 

The rate equations reported for dissolution rates of minerals are usually used 

as input data in geochemical modelling codes to assess the temporal evolution 

of fluids during water-rock interaction both in natural systems and in industrial 

processes (Goddéris et al., 2009). 

 

Weathering rates depend on factors such as the mineralogy of the rocks 

exposed, the reactive surface area of these minerals, the supply of water, its 

residence time in the soil and initial pH, the abundance of organic acids, and 

the temperature of the solutions in contact (Kump et al., 2000), additional 

factor already mentioned by Keller (1957) include oxygen and other gases in 

the system, the macro and micro flora and fauna present, wetting and drying 

of colloids and salts in the rocks, and land topography.  

 

The weathering rates of common silicates are presented in Table 2.4. 
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Table 2.4. BET surface area-normalized weathering rates of common 
silicates. 

Taken from White (2011). 
Weathering environment Log rate 

(mol m-2 s-1) 

References 

Plagioclase   

Davis Run saprolite, VA, 

USA 

-16.4 White et al. (2001) 

Panola bedrock, GA, USA -15.7 White et al. (2001) 

Modesto Soil, Merced, 

CA, USA 

-15.1 White et al. (1996) 

Trnavka River watershed, 

Czech 

-14.0 Paces (1986) 

Gardsjon watershed soil, 

Sweden 

-13.1 Sverdrup (1990) 

Loch Vale Nano-

Catchment, CO, USA 

-12.8 Clow and Drever 

(1996) 

K-feldspar   

Davis Run Saprolite, VA, 

USA 

-16.8 White et al. (2001) 

Upper Modesto Soil, 

Merced, CA, USA 

-15.3 White et al. (1996) 

Loch Vale Nano-

Catchment, CO, USA 

-13.8 Clow and Drever 

(1996) 

Gardsjon watershed soil, 

Sweden 

-13.3 Sverdrup (1990) 

Hornblende   

Chine Hat Soil, Merced 

CA, USA 

-17.0 White et al. (1996) 

Riverbank Soil, Merced, 

CA, USA 

-16.0 White et al. (1996) 

Lower Modesto Soil, 

Merced, CA, USA 

-15.7 White et al. (1996) 

Lake Gardsjon, Sweden -13.6 Sverdrup (1990) 

Biotite   

Panola, GA, USA -16.5 White (2002) 

Rio Icacos, Puerto Rico -15.4 White (2002) 

Loch Vale Nano-

Catchment, CO, USA 

-14.1 Clow and Drever 

(1996) 

Quartz   

Rio Icacos, Puerto Rico -15.1 White (2002) 
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2.4. MINERAL DISSOLUTION RATES 

 
The quantification of chemical weathering rates is not an easy task and 

therefore, a great effort is devoted to measuring chemical kinetics in well-

controlled systems and developing theoretical models to express the rate and 

mechanism of mineral reaction (White and Brantley, 1995). A rate equation 

that expresses mineral weathering must be compatible both with experimental 

observation and with fundamental concepts of chemical kinetics, whether at 

the atomic, reactor, soil, bedrock, watershed or global scale (Lasaga, 1995). A 

rate equation properly parametrized for a well-understood and carefully 

controlled system, will be useful in extrapolating to other systems (White and 

Brantley, 1995).  

 

On one hand it is believed that careful measurement of laboratory dissolution 

kinetics, surface complexation, and mineral surface areas will yield predictive 

models for mineral weathering at a variety of scales from atomic surface to 

the global (White and Brantley, 1995). On the other hand, it has been also 

pointed that natural weathering kinetics will never be fully quantified or easily 

predicted, but it is known as well that the attempt at quantification is a useful 

process by which understanding emerges (White and Brantley, 1995; Lasaga, 

1995).  

 

The transition state theory (TST) combined with the surface complexation 

approach (SC) have been used to describe mineral dissolution over wide 

ranges of solution composition, chemical affinity, and temperature (Schott et 

al., 2012). 

 

 

2.4.1. Transition State Theory (TST) 

 
The TST (Eyring, 1935) assumes that (i) in order to reach products, the 

reactants need to overcome an energy barrier (activated complex), and (ii) 

direct and reversible attachment of reactants at mineral surface sites governs 

the dissolution/precipitation. This theory is used to describe the mineral 

dissolution/precipitation kinetics near equilibrium (Schott et al., 2012). 

 

The TST focuses on the activated complex and assumes that the reaction rate 

is equal to the product of two terms, the concentration of the activated complex 

and the frequency with which these complexes cross the energy barrier (Schott 

et al., 2009). 

 

 

 

 



 

34 
 

𝑟+ = 𝑘 [𝐴𝐵∗]                                                                                                              [2.6] 
 

where r+ is the forward reaction rate, k refers to a rate constant and [AB*] 

represents the concentration of the activated species. 

 

The reaction rate constant can be expressed in term of the thermodynamic 

functions for the formation of the activated complex. It is assumed that the 

activated complex is the same for the forward and backward reaction (Lasaga 

1981). Thus, the reaction rate constant is expressed by:  

 

𝑟 = 𝑟+ (1 − 𝑒𝛥𝐺/𝜎𝑅𝑇 ) =  𝑟+ (1 − 𝑒𝐴/𝜎𝑅𝑇 )                                             [2.7]                                                                                                      

 

where ΔG represents the Gibbs free energy difference between reactants and 

products, A is the chemical affinity of the elementary reaction, and R and T 

denote the gas constant and absolute temperature. ΔG and A both are 

normalized to one mole of the elementary reaction. The chemical affinity of 

an overall reaction is related to the chemical affinity of the elementary reaction 

by a stoichiometric coefficient (σ), equal to the number of moles of activated 

complex required to transform one mole of reactant (Schott et al. 2009). 

 

The forward rate can be expressed as:  

 

 𝑟+ =  𝑘+  ∏ 𝑎𝑖
𝑛𝑖

𝑖                                                                                          [2.8] 
 

where k+, is a rate constant, and 𝑎𝑖 and 𝑛𝑖 stand for the activity of the ith 

species involved in the activated complex (or its precursor) formation reaction 

and the reactions order with respect to this species, respectively. Eq. [2.8] 

accounts, for example, for the proton and organic ligand promoted dissolution 

of aluminosilicates or the inhibition of their dissolution by aqueous aluminum 

(Schott and Oelkers, 1995; Oelkers and Schott, 1998). 

 

TST-derived rate laws such as shown in Equation [2.8] are usually 

implemented in geochemical modelling codes describing water-rock 

interaction. The key to using the TST to describe dissolution rates as a function 

of solution composition is identification of the stoichiometry and reactions 

forming activated complexes from the reactants. Insight into these surface 

complexes can be obtained from the surface complexation approach (SC) 

(Schott et al., 2009). 
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2.4.2. Surface complexation approach (SC) 

 
The formation of activated complexes from the reactants is important in the 

context of the TST. It has been suggested that the activated complex for the 

dissolution and precipitation reaction has the same stoichiometry as the 

surface complexes that form on mineral surfaces (Schott et al., 2009). In the 

absence of water, the surface of a metal oxide is characterized by the presence 

of low-coordinated metals, giving rise to Lewis acidity. In aqueous solution, 

water molecules coordinate to these metal centers and dissociative 

chemisorption occurs with formation, depending on solution pH, of positively, 

negatively charged and neutral hydroxyl groups that can be exchanged with 

the ligands present in solution (Schott et al., 2009). 

 

When placed in an aqueous solution the coordinative environment of metals 

at the mineral-water interface can be changed by formation of inner or outer 

sphere complexes which promote surface dissolution by polarizing and/or 

weakening interatomic bonds in the vicinity of the central metal and thus 

facilitating its detachment into solution (Schott et al., 2009). 

 

A schematic representation of the surface of a metal oxide is presented in 

Figure 2.11. This shows the possible interactions with water according as 

described above (Schott et al., 2009). 

 

 

Figure 2.11. Representation of the surface of a metal oxide in the presence 
of water. 

Taken from Schott et al. (2009). 
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The surface species present at the mineral-fluid interface can be viewed, 

within the TST, as the precursor of the activated complex (Stumm et al., 

1983). The precursor has the same stoichiometry and its concentration is 

proportional to that of the activated complex (Wieland et al., 1988). The 

following rate laws can be written to describe proton- (Eq. [2.9]), hydroxyl- 

(Eq. [2.10]) and ligand- (Eq. [2.11]) promoted dissolution, by analogy with 

reactions derived from TST (Schott et al., 2009). 

 

𝑟+,𝐻 =  𝑘𝐻 {> 𝑀𝑒𝑂𝐻2
+}𝑛𝐻                                                                        [2.9]                                                                                                                                   

𝑟+,𝑂𝐻 =  𝑘𝑂𝐻 {> 𝑀𝑒𝑂−}𝑛𝑂𝐻                                                                   [2.10]                                                                                                                                    

𝑟+,𝐿 =  𝑘𝐿  {> 𝑀𝑒𝐿}𝑛𝐿                                                                              [2.11]                                                                                                                                           

 

where the ki (kH, kOH, kL) are the rate constants, {>MeX} stands for the 

concentration of the various rates controlling surface precursor complexes, 

and ni (nH, nOH, nL) represents the reaction order with respect to the subscripted 

complex (Schott et al., 2009). 

 

 

2.4.3. The SCM/TST description of the kinetics of dissolution of 

oxide minerals 

 
The dissolution of single oxide minerals requires breaking only one type of 

bond. The far from equilibrium dissolution rate for simple oxides can be 

described from the sum of parallel elementary reactions occurring at metal 

centers (Schott et al., 2009). 

 

𝑟+,𝐻 =  𝑘𝐻 {> 𝑀𝑒𝑂𝐻2
+}𝑛𝐻 + 𝑘𝑂𝐻 {> 𝑀𝑒𝑂−}𝑛𝑂𝐻                       

                                                        +𝑘𝐿 {> 𝑀𝑒𝐿}𝑛𝐿 + 𝑘𝐻2𝑂                  [2.12] 
 

where 𝑛𝐻 and 𝑛𝑂𝐻  are the reaction orders of proton- and hydroxyl-promoted 

dissolution. The rate of the ligand-promoted dissolution is generally assumed 

to be proportional to the ligand surface concentration > 𝑀𝑒𝐿 so, 𝑛𝐿 is usually 

assumed to be equal to one. Most mineral dissolution experiments have been 

performed in diluted solutions in which water concentration is roughly 

constant. Therefore, the impact of water activity on mineral oxide dissolution 

kinetics, as incorporated in the final term of Equation [2.12], is poorly known 

(Schott et al., 2009). 
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2.4.4. Dissolution mechanism and rates of multi-oxides minerals 

 
The dissolution of mixed oxide minerals, including many major rock forming 

silicates, requires the breaking of more than one type of metal-oxygen bond. 

The dissolution mechanism of multi-oxide minerals and glasses can involve 

sorption reactions, as well as exchange reaction between protons and 

constituting metals that are not essential to maintaining the mineral structure 

(Schott et al., 2009). These reactions are demonstrated, for instance, by the 

formation of metal depleted leached layers during the dissolution process. 

 

These exchange reactions arise in multioxides because metal-oxygen bonds 

break at very different rates depending on their relative strength. This relative 

bond strength is also reflected in the rate of exchange of water molecules in 

the coordination sphere of the corresponding aqueous ions. Thus, multioxide 

mineral structure and composition have a strong impact on the extent of the 

non-stoichiometric release of elements and the thickness of formed leached 

layers (Schott et al., 2009). 

 

By comparing the relative rates for breaking metal-oxygen bonds and the 

structure of multi-oxide silicates, Oelkers (2001) proposed a dissolution 

mechanism for the major multi-oxide silicates including aluminosilicates, 

basic silicates, and natural glasses. An example is found in Figure 2.12.  

 

 

Figure 2.12 Summary of dissolution mechanism of some minerals and 
basaltic glass at acidic conditions. 

Taken from Oelkers (2001). 
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In general, at acidic conditions, monovalent metal-oxygen bonds break more 

rapidly than divalent metal-oxygen bonds, which break faster than Si-O 

bonds. Dissolution is initiated by the removal of the metal having the fastest 

breaking metal-oxygen bonds. The removal of metals from the silicate 

structure is coupled to the addition of protons into the mineral structure 

(Oelkers et al., 2009). 

 

2.4.5. Aluminosilicate minerals and glass dissolution rates 

 
Equilibrium vs. far from equilibrium 

  

In a classic sense (Pitzer and Brewer, 1961; Denbigh, 1971), a system is in 

equilibrium when it occupies a specific region of space within which there is 

no spontaneous tendency for change to occur (Bethke, 2008). Thus, all 

possible chemical reactions are in equilibrium. For example, Figure 2.13 

shows the rates of kaolinite (and albite) dissolution-precipitation at 150 °C 

and pH=2, illustrating the equilibrium definition. 

 

 
Figure 2.13. Kaolinite dissolution/precipitation rates at 150 °C and pH = 2 
(Devidal et al., 1997) and albite dissolution rates at 150 °C and pH = 9.2 

(Hellmann and Tisserand, 2006) as a function of the Gibbs free energy of the 
mineral dissociation reaction.                                                                             

Taken from Schott et al. (2012). 
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In contrast, in a far from equilibrium system, one or more reactions proceed 

toward equilibrium at rates that are vanishingly small on the time scale of 

interest (Bethke, 2008). For example, Figure 2.14 shows the variation of 

dissolution rates of albite under far from equilibrium conditions (reactions to 

precipitate this mineral have not progressed to equilibrium), until the far from 

equilibrium dissolution rate at steady state is reached. 

 

 
Figure 2.14. Albite dissolution rates at 22 °C and pH 3.  

Adapted from Zhu et al. (2016). 

 

 

Far-from equilibrium dissolution rates 

 
The term dissolution rate in the present study refers to the steady-state 

temporal metal release rate divided by the stoichiometric number of moles of 

this metal in each mole of dissolving mineral or glass. Steady state is defined 

as conditions where dissolution rates are time independent and where 

dissolution is stoichiometric (Oelkers, 2001). 

 

In this study, for the experimental determination of the steady-state dissolution 

rate associated to volcanic material (rock/glass), we applied the approach 

followed by Oelkers (2001), Oelkers et al. (2001), Wolff-Boenisch et al. 

(2004) and Declerq et al. (2013) through the application of the transition state 

theory and the surface complexation approach. 

 

Removal of the metals with the fastest breaking metal-oxygen bond by proton 

exchange reaction marks the start of the dissolution. Dissolution continues by 

Transient Regime 

Steady State 
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the successive removal of metals in the order of the relative rates for breaking 

their corresponding metal-oxygen bonds, until the mineral or glass structure 

is destroyed (Guy and Schott, 1989).  

 

The formation of an Al and Si-rich surface of constant thickness that leads to 

long-term stoichiometric dissolution has been already described (Schott et al., 

2009). This leached layer is formed as a result of the rapid exchange of protons 

for alkali and alkaline-earth metals near the glass surface (Guy and Schott, 

1989). The rate limiting step of natural aluminosilicate glass dissolution is the 

destruction of this Si- and Al- rich surface layer. Inside this layer Al-O bonds 

are weaker compared with their Si-O counterparts, leading to the formation of 

partially detached Si tetrahedral. For numerous Al silicates, the removal of the 

partially detached Si from the leached layer constitutes the rate limited step 

(Oelkers, 2001; Oelkers and Gislason, 2001; Gislason and Oelkers, 2003; 

Wolff-Boenisch et al., 2004). 

 

According to Oelkers (2001) partially detached Si are formed from the 

removal of adjacent Al atoms: 

 

>  (𝑆𝑖 − 𝑂)𝑛 − 𝐴𝑙 + 3𝐻+ → 𝑛 (> 𝑆𝑖 − 𝑂 − 𝐻3

𝑛

) + 𝐴𝑙3+                         [2.13] 

 

Where >Si-O-H3/n represents a partially detached Si whereas >(Si-O)n-Al 

represents fully attached Si groups near the glass surface. The law of mass for 

the reaction is: 

 

𝐾1 =
𝑎

𝐴𝑙3+  𝑋>𝑆𝑖−𝑂−𝐻3/𝑛

𝑛

𝑎
𝐻+ 
3  𝑋>(𝑆𝑖−𝑂)𝑛−𝐴𝑙

                                                                                               [2.14] 

 

Where K1 corresponds to the equilibrium constant of the reaction, 𝑎𝑖 denotes 

the activity of the ith aqueous species, n refers to the number of partially 

detached Si created by the removal of one Al atom from the surface, and Xi 

stands for the mole fraction of the surface species. 

 

If it is assumed that the surface has retained most of its Al, i.e. X>(Si-O)n-Al ≈ 1, 

reorganizing Eq.2.14 gives: 

 

𝑋>𝑆𝑖−𝑂−𝐻3
𝑛

𝑛 =   (𝐾1

 𝑎
𝐻+ 
3  

𝑎𝐴𝑙3+  
)

1/𝑛

                                                                           [2.15] 

 

Using the TST (Eyring, 1935; Lasaga, 1981), the far-from-equilibrium 

dissolution rate, r+, is proportional to the concentration of these partially 

detached Si near the surface (Oelkers et al., 1994; Shott and Oelkers, 1995; 

Schott et al., 2009). 
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𝑟+ = 𝑘+ 𝑋>𝑆𝑖−𝑂−𝐻3/𝑛
=  𝑘+ 

,  (
 𝑎

𝐻+ 
3  

𝑎𝐴𝑙3+  
)

1/𝑛

                                                              [2.16] 

 

Where k+ refers to a rate constant and 𝑘+ 
, =  𝑘+ 𝐾1

1/𝑛
 

 

In this study, Eq. [2.16] will be used to describe the measured dissolution rates 

of volcanic rocks/glass at different pH conditions. 
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2.5. LABORATORY DISSOLUTION STUDIES TO QUANTIFY 

CHEMICAL WEATHERING OF ALUMINOSILICATES 

 
Over the last few decades, considerable experimental effort has been made to 

quantify the weathering rates of silicate minerals (Brantley, 2003, and 

references therein) and glass (e.g. Oelkers and Gislason, 2001; Gislason and 

Oelkers, 2003; Wolff-Boenisch et al., 2004; Stockmann et al., 2008). In order 

to quantify chemical weathering rates of aluminosilicates, laboratory 

experiments have been conducted on a plethora of minerals and glasses under 

controlled conditions of temperature, pH, and solution composition (Schott et 

al., 1981; Cygan et al., 1989; Oelkers and Gisalson, 2001, Declerq et al., 

2013). Experiments have been run using different reactor designs such as 

batch, continuously stirred, plug flow and fluidized bed (Chou and Wollast, 

1984, Wolff-Boenisch et al., 2004, Gudbrandsson et al., 2014, Ostertag-

Henning et al., 2014) (see Chapter 3).  

 

Si-O tetrahedra are the building blocks of silica minerals and glasses. Within 

minerals, Si-O tethrahedra form a regular, geometrically repeating pattern, 

over a large scale of unit cells (Doremus, 1994). In contrast, the Si-O 

tethahedra in glass do not exhibit the large scale regularity of minerals. The 

difference in polymerization between a ‘crystalline’ mineral and an 

‘amorphous’ glass lies in the degree of long-range order of Si-O tethrahedra 

in the structure. Owing to rapid quenching, the glass exhibits less 

polymerization and less ordering of Si-O bonds than the minerals, making it 

less resistant to dissolution reactions (Wolff-Boenisch et al., 2006). 

 

Regarding the dissolution of pure minerals, Palandri et al. (2004) have 

compiled kinetics parameters for over 70 minerals, including for all the major 

classes of silicates. Those rate parameters are for surface controlled reactions 

at conditions that are far from equilibrium, mainly pure minerals. The 

plagioclase feldspars have been studied extensively at acid conditions (e.g. 

Chou and Wollast, 1984; Blum and Lasaga, 1991; Brantley and Stilling, 1996; 

Ganor et al., 2005; Hellmann et al., 2010). Dissolution rates of pyroxene have 

also been extensively studied in the laboratory (e.g. Schott and Berner, 1985, 

Brantley and Chen, 1995, Stockmann et al., 2008; Zakaznova-Herzog et al., 

2008). Dissolution rates of olivines has been also reported (e.g. Grandstaff, 

1977; Wasklewicz et al., 1993; Chen and Brantley, 2000; Hanchen et al., 

2006; Daval et al., 2011).  

 

Dissolution studies for complex plagioclase solid solutions/exsolutions are 

less frequent, although we could mention the study of Gudbrandsson et al. 

(2014). This study presented an attempt to determine experimentally the 

dissolution rates of plagioclase (ranging in composition from An2 to An89) as 

a function of their composition using mixed-flow reactor techniques. Thus, it 
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was determined an equation describing plagioclase dissolution rates (rsi,BET 

mol cm-2 s-1) as a function of mineral composition and aqueous fluid 

compositions found at 22 °C and pH<6. 

 

log 𝑟𝑆𝑖,𝐵𝐸𝑇 = (0.004𝐴𝑛% + 0.05) × 𝑙𝑜𝑔 (
 𝑎

𝐻+ 
3  

𝑎𝐴𝑙3+  
)  

                                                                        +0.033 𝐴𝑛% − 14.77       [2.17] 

An% (percent anorthite in the plagioclase solid solution) 

 

In terms of glass dissolution, it could be mentioned the work done on basaltic 

and borosilicate glasses using flow through systems (e.g. Guy and Schott, 

1989; Oelkers and Gislason, 2001; Gislason and Oelkers, 2003) and rhyolitic 

volcanic glasses (Yokoyama and Banfield, 2002, Declerq et al., 2013). Some 

natural glass dissolution studies were performed in either high ionic 

strength/seawater solutions or at high temperatures, and many were carried 

out in closed system batch reactors (Crovisier et al., 1982, Crovisier et al., 

2003). To overcome problems of formation of secondary phases, other studies 

have been performed in mixed flow reactors estimating far-from equilibrium 

dissolution rates (e.g Oelkers and Gislason, 2001; Gislason and Oelkers, 

2003). 

 

Some glass dissolution studies were aimed at the potential utility as nuclear 

host of basaltic and borosilicate glasses (Techer et al. 2000; Crovisier et al. 

2003; Rajmohan et al., 2010). Other aimed to understand the dissolution 

mechanism through the leaching of siliceous glass (Fiore et al. 1999; Wolff-

Boenisch et al. 2004). There are also studies of glass leaching behavior in 

order to understand the role of glass in natural process (Cailleteau et al., 2008). 

Dissolution studies focused as well in the determination of leaching rates from 

natural systems (tephra/tuff/glass/andisols) (Shoji et al., 1993; Dahlgren et al., 

1999; Shikazono et al., 2004) and in the comparison with laboratory 

dissolution experiments (Hochella and Banfield, 1995; Yokoyama and 

Banfield, 2002).  

  

Regarding dissolution studies of volcanic glass, we could mention the study 

of Wolff-Boenisch et al. (2004, 2006). Wolff-Boenish et al. (2004), using 17 

volcanic glasses from Icelandic volcanic eruptions of the last 3,200 years, 

generated an equation to describe the variation of far-from-equilibrium natural 

glass dissolution rates as a function of glass composition at the low 

temperatures typical of Earth surface environments. Based on dissolution rate 

measurements obtained at 𝑝𝐻 4 and 25 °C for natural glasses varying in 

composition from basalt to rhyolite, Wolff-Boenisch et al. (2004) established 

a quantitative relationship linking 𝑟𝑆𝑖,𝑔𝑒𝑜 (mol m-2 s-1) to the glass silica 

content: 
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log 𝑟𝑆𝑖,𝑔𝑒𝑜 =  −0.03 × [𝑆𝑖𝑂2 (𝑤𝑡. %)] − 7.58                                                   [2.18] 

 

The study conducted by Wolff-Boenisch et al. (2006) illustrated the effect of 

crystallinity on dissolution kinetics as a function of chemical composition for 

natural glasses and silicate minerals. They conclude that natural silicate glass 

dissolution rates were significantly faster than their silicate mineral 

counterparts only when they were Si-rich. Si-poor glasses and minerals (e.g., 

of ultrabasic composition) exhibit similar dissolution rates as crystallinity has 

little effect on Si polymerization in these solids. 

 

As it has been presented, there is a plethora of dissolution studies performed 

on individual minerals and glasses, while the studies focused on 

polycrystalline and poly-mineral rocks are less frequent among dissolution 

studies. Accounting for multi-mineral rock dissolution studies, we could 

mention the work done on a metabasalt (actinolite and chlorite) by Critelli et 

al. (2014), on serpentinite (antigorite and magnetite) by Critelli et al. (2015), 

on a multi-mineral sediment (quartz, smectite, plagioclase and K-feldspar) by 

Beckingham et al. (2016, 2017), on carbonate rich shale (calcite, illite, quartz) 

by Deng et al. (2017), on carbonate rock (calcite and dolomite) by Levenson 

et al. (2017), on organic rich shale (calcite, quartz, kaolinite) by Kreisserman 

and Emmanuel (2018). 

 

 

2.6. MODELLING WEATHERING PROCESS AT LARGE 

SCALE THROUGH NUMERICAL MODELS 

 
Geochemical models are especially important in weathering process research, 

not because they produce results of their own right, but because they allow 

complex and non-linear systems to be investigated and data from such systems 

to be interpreted. With models, the interaction of several simultaneous process 

in a single experiment can be studied. Models serve to test the synthesized 

understanding of a system, based on mathematical representation of its 

subsystems and the proposed coupling subsystems. In addition, models predict 

what will happen in the future, based on the capability to explain how and why 

weathering process at large scale have worked in the past (Sverdrup and 

Warfinge, 1995).  

 

A main challenge for the accurate description of continental weathering is to 

identify the main factors controlling chemical weathering and to quantify their 

effect in given environments and at various geometric and time scales. 

Therefore, a critical step is the building of a numerical model describing the 

large-scale (watershed-scale) weathering of silicate rocks, based on a 
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description of the weathering processes as mechanistic as possible (including 

dissolution of primary and secondary minerals and precipitation of secondary 

minerals and coupled to hydrological processes) (Goddéris et al., 2006). 

 

The level of complexity dictates the parameters that must be measured for the 

system. As models attempt to simulate systems at larger scales, model 

typically incorporate parameters measurable at the scale of interest, and ignore 

or lump other parameters that are measured at lower scales. For example, a 

mass balance mode of a watershed is typically normalized per unit land area, 

whereas a mass balance model of dissolution in a chemical reactor is typically 

normalized per unite area of mineral surface (White and Brantley, 1995). 

 

By the time models reach the scale of global or continental weathering, 

weathering is analyzed as a system of equations describing fluxes, normalized 

by subaerial land area, between major reservoirs. This systems approach, 

while unable to reproduce exact rates or elucidate fundamentals mechanism, 

yields insight into the sensitivity of the global system to changes in the 

significant variables.  

 

Mechanistic models already exist that work at the square-meter-scale in 

natural environments and are capable of describing weathering process down 

to approximately the root depth. For instant, kinetic models such as the 

KINDIS code (Madé et al., 1994) have been used in an attempt at describing 

mineral dissolution in natural environment (Probst et al., 2000). Among those 

models, the pioneering and most complete one is the SAFE model developed 

by Sverdrup and Warfinge (1995) that has been tested and validated for many 

locations and has been upscaled in several countries to create regional 

weathering maps (Goddéris et al., 2006). 

 

These mechanistic models have been used to described weathering processes 

and fluxes at the watershed scale (Goddéris et al., 2006, 2009), to interpret 

mineral and aqueous species profiles in weathering regoliths (Brantley and 

White, 2009; Goddéris et al., 2010; Maher et al., 2009), to quantify reactive 

transport of CO2 injected in deep saline aquifers (Daval et al., 2010; Knauss 

et al., 2005; White et al., 2005; Xu et al., 2005), and to predict the response of 

a large artic watershed to future climate change (Beaulieu et al., 2012). These 

models are based on a rigorous description of the reactive transport occurring 

in the critical zone taking into account the effect of water drainage (Schott et 

al., 2012). 

 

Goddéris et al. (2006) proposed a mechanistic numerical model of silicate 

weathering operating at the catchment scale, named WITCH. In chapter 8, the 

application of this model in our study is shown along with the model 

description. 
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2.7. IMPORTANCE OF ROCK REACTIVE SURFACE AREA 

FOR THE QUANTIFICATION OF CHEMICAL WEATHERING 

  
Currently there is not protocol for determining the mineral reactive surface 

area. Therefore, it is often estimated using one of many specific surface area 

(SSA) or effective surface area approximations (Brantley et al., 2008; Bourg 

et al., 2015; Beckingham et al., 2016). Specific surface area approximations 

include geometric surface areas and laboratory measured BET surface. 

Effective surface areas account for the distribution of reactive sites on mineral 

surfaces, surface roughness, or mineral accessibility (Beckingham et al. 2016). 

In reactive transport simulations, variations in mineral reactive surfaces areas 

result not only in discrepancies in mineral reaction rates, but porosity 

evolution as well (Gaus et al., 2008; Atchley et al., 2014). 

 

Some minerals have been found to dissolve and precipitate in nature at 

different rates than they do in laboratory experiments (Bethke, 2008). Such 

discrepancies have been commonly attributed to difficulties in representing 

the surface area of minerals in natural samples (e.g., Aagard and Helgeson, 

1982). In the laboratory, the mineral is fresh and any surface coatings have 

been removed. The same mineral in the field, however, may be shielded with 

oxides, hydroxides and/or organic coatings. Natural samples may be occluded 

by contact with other materials, including reactions products, organic matter, 

and other grains. In addition, the aged surface of the natural sample is probably 

smoother than the laboratory material and hence contains fewer kinks and 

sharp edges, which are highly reactive (Bethke, 2008). 

 

It has been argued that surface area estimates do not accurately reflect the real 

surface area available for the weathering reaction. In nature, field systems 

rarely have uniformly sized particles. Thus, some mineral surfaces may be 

inaccessible due to disconnected pores, cementation or clay coatings (e.g., 

Ganor et al., 2005; Béarat et al., 2006; Peters, 2009; Crandell et al., 2012; 

Landrot et al., 2012, Nishiyama and Yokohama, 2013; Waldmann et al., 

2014). In these systems, therefore, mineral abundance alone may not 

accurately reflect the accessibility of mineral surfaces to reactive fluids and 

the effect of transport limitations needs to be considered (Van Cappellen, 

1995; Brantley et al., 2008; Scislewski and Zuddas, 2010; Salehikhoo and Li, 

2015, Jung and Navarre-Sitchler, 2018). 

 

For most of the minerals, the abundance is greater than the corresponding 

accessibility. In other words, mineral abundance overestimates mineral 

accessibility. For clay minerals, however, mineral abundance underestimates 

mineral accessibility. This is expected given that clay minerals often occur as 

a grain coating (Peters, 2009, Beckigham et al., 2017). For instance, in 

sandstone samples backscattered electron imaging has revealed clay coatings 
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on grain surfaces which limit accessibility to other mineral surfaces (Peters, 

2009; Waldmann et al., 2014; Lai et al., 2015). 

 

In addition, studies of grain dissolution in rocks should take into account the 

heterogeneity of the surface reactivity inherent to the crystal structure and 

randomness of the dissolution process itself, differences in reactivity for 

various crystal faces and effects of grain edges/boundaries (Fischer et al., 

2014, Fischer and Luttge, 2017). Moreover, existing estimates of reactive 

surface area do not account for the possibility that reactive surface area may 

evolve during reaction due to dissolution of armoring/altered layer (White and 

Peterson, 1990; Anbeek, 1993; Luquot and Gouze, 2009; Noiriel et al., 2009; 

Scislewski and Zuddas, 2010; Gouze and Luquot, 2011, Beckigham et al., 

2017). 

 

 

2.8. MODELLING STRATEGY TO SCALE FROM 

LABORATORY REACTORS TO APPLICATION AT LARGER 

SCALES 
 

In early dissolution studies (Lasaga, 1984), it was assumed that the results of 

laboratory experiments could be applied directly to the natural systems. 

Transferring the laboratory results to field situations, however, has proved to 

be more challenging. There is no certainty that the reaction or reaction 

mechanism studied in laboratory will predominate in nature. For instance, 

some laboratory experiments are conducted under conditions in which the 

fluid is far from equilibrium with the mineral, although reactions in nature 

proceed over a broad range of saturation states across which the laboratory 

result may not apply (Bethke, 2008).  Additionally, whereas most laboratory 

experiments have been conducted in largely abiotic experiments, the action of 

bacteria or plant-driven fungal may influence reactions rates in nature (e.g., 

Chapelle, 2001; Bonneville et al., 2009). 

 

To scale from chemical reactors to watersheds, models usually assume 

weathering occurs predominantly at the soil grain surface, which is typical 

estimated from geometric surface area based upon acreage of land, soil 

porosity, and grain geometric (White, 1995). However as pointed out by some 

authors (e.g., Hochella and Banfield, 1995), weathering could also occur along 

internal porosity of grains and microcracks in bedrock. Thus, the question of 

scaling from the laboratory to the watershed becomes a problem of deciding 

which flow path contributes the predominant flux of the component of interest 

to the overall mass balance (White and Brantley, 1995). 
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A practical consideration in reaction modelling is choosing the extent to which 

reaction kinetics should be integrated into the calculations. The database 

required to support the calculation has to include rate laws for every possible 

reaction mechanism for each mineral. Even unstable minerals that can be 

neglected in equilibrium models would have to be included in the dataset, 

since they could form in a kinetic model (Bethke, 2008). 

 

The modelling has to trace a number of reactions occurring at broadly different 

rates. For each calculation, it is needed to set initial conditions, requiring 

knowledge of hydrologic factors (flow rates, residence times, etc.) and 

biological interactions which in natural environments are not always fully 

quantified. A well-known strategy for conceptualizing kinetic reaction paths 

is to divide mineral reactions into three groups. The first group contains the 

reactions that proceed quickly over the time span of the calculation. We can 

safely assume that these minerals remain in equilibrium with the fluid. A 

second group consist of minerals that react negligibly over the calculation and 

hence may be ignored or suppressed. The reactions for the remaining minerals 

fall in the third group, for which we need to account for reactions kinetics. 

(Bethke, 2008). 

 

Nowadays, quantification of mineral weathering rates in field systems have to 

rely upon numerical models which couple fluid advection, diffusion, chemical 

reaction and biological interactions. Such numerical models evaluate the 

relative flux contribution from dissolution along internal porosity, along 

micro- and macro-pores, and along fractures considering the possible 

interactions with the biota (i.e. vegetation, fungi, etc.). Codes which attempt 

to couple fluid flow and reaction have become available only in recent years 

(Goddéris et al., 2006, 2009; Brantley and White, 2009; Goddéris et al., 2010; 

Maher et al., 2009; Beaulieu et al., 2012). 

Although full parameterization of such geochemical models seems to remain 

impossible on any spatially extensive scale, the continuous collection of both 

field and laboratory measurements try to provide the “best” inputs for the basic 

physical, chemical and biological variables in the systems of interest. In this 

way, the main challenge is still to design and implement laboratory and field 

experiments which carefully extract one variable at a time to isolate and 

compare with the coupled numerical models (White and Brantley, 1995). 
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CHAPTER 3 Analytical and Experimental Techniques 
 

 

3.1. ORIGIN OF THE VOLCANIC POWDERED ROCKS AND 

GLASS SAMPLES USED IN THIS STUDY 

Eight samples of volcanic rock-glass-ash from seven volcanos around South 

America (Tungurahua-Ecuador-2006, Guagua Pichincha-Ecuador-1999 and 

Puyehue-Chile-2013), Europe (Katla-Iceland-934, Mt. Etna-Italy-2002, 2013 

and Lipari-Italy-729) and Asia (Mt. Unzen-Japan-1991) were selected. The 

samples fall within the range of compositions typically produced in volcanic 

eruptions, i.e. from basalt to rhyolite (Hyndman, 1985; Hall, 1996). Table 3.1 

provides details on the studied volcanic rock and glass samples. Photographs 

of the natural samples prior to treatment are shown in Figure 3.1. Figure 3.2 

is a map with the locations of the volcanoes from where the samples were 

collected. 

Table 3.1. Description of the volcanic rock-glass samples used in this study. 

Type of sample Volcano Place and year of 

the eruption 
Used in 

chapter 

BASALTIC SAMPLES 

Ash Mt. Etna Italy-Sicily-2013 4 

Rock Mt. Etna Italy-Sicily-2002 5 

Rock Katla Iceland-934 6 

ANDESITIC SAMPLE 

Rock Tungurahua Ecuador-2006 6 

DACITIC SAMPLES 

Rock Mt. Unzen Japan-1991 5 

Rock Guagua Pichincha Ecuador-1999 6 

RHYOLITIC SAMPLES 

Obsidian Lipari Italy-729 5 

Rock Puyehue Chile-2013 6 
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BASALTIC SAMPLES 

   
Etna ash Etna rock Katla rock 

ANDESITIC SAMPLE 

 
Tungurahua rock 

DACITIC SAMPLES 

 
Unzen rock 

 
Guagua Pichincha rock 

RHYOLITIC SAMPLES 

 
Lipari obsidian 

 
Puyehue rock 

Figure 3.1. Photographs of the volcanic rock samples used in this study. 
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Figure 3.2. Map showing the locations of the volcanoes from which the rock-
glass-ash materials used in this study originate. Katla (Photo: O. Sigurdsson, 

Iceland GeoSurvey); Mt. Etna (Photo: M. Neri, INGVvulcani); Mt. Unzen 
(Photo: USGS Cascades Volcano Observatory); Guagua Pichincha (Photo: P. 
Mothes, Instituto Geofísico EPN); Tungurahua (Photo: S. Hidalgo, Instituto 

Geofísico EPN); Puyehue (Photo: O. Valderrama, SENARGEOMIN); Lipari 
(Photo: G. De Astis, INGVvulcani). 
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3.2. PARTICLE SIZE DISTRIBUTION BY LASER 

DIFFRACTION 
 

Particle size distribution of the ash/rock/glass powder was determined by laser 

diffraction (COULTER LS 100Q, UCLouvain). A suspension consisting of 

distillated water and ash-glass-rock (< 0.5 g.) was prepared and passed 

through the analyzer. The presence of aggregates was verified exposing the 

suspension to ultrasonic irradiation for 1 minute. The results with and without 

ultrasonic destabilization were statistical compared. Fraunhofer diffraction 

equation (Jacquinot, 1957) was used to obtain the volumetric percentage for 

each laser beam (ISO 13320:2009). Statistical calculations such as standard 

deviation and variance were available. The most common approach for 

expressing laser diffraction results was reported by the D10, D50, and D90. 

The D50 is the size in microns that splits the distribution with half above and 

half below this diameter. Using the same convention, the D90 describes the 

diameter where ninety percent of the distribution has a smaller particle size 

and ten percent has a larger particle size. The D10 diameter has ten percent 

smaller and ninety percent larger. A three point specification featuring the 

D10, D50 and D90 will be considered complete and appropriate for most 

particulate materials (HORIBA, 2012). 

 

 

3.3. SPECIFIC GRAVITY  
 

Specific gravity was measured according to the method described in ISO 

1183-1:2012 and by Funk and Dinger (1993) using a 5 mL glass pycnometer 

(specific gravity bottle 4.9038 ± 0.01 mL [BLAUBRAND NS10/19], 

UCLouvain). Ash-glass-rock density was determined based on the 

displacement of milliQ water (density = 998.2071 kg m-3 at 20°C) when a 

defined amount of sample (0.2 g.) is added. The pycnometer was then filled 

with water with and without ash-glass-rock. The weight of the displaced liquid 

was determined based on the difference between those terms, and hence its 

specific gravity, applying the Eq. [3.1]. 

 

𝜌𝑠𝑎𝑚𝑝𝑙𝑒 =
𝑤𝑠𝑎𝑚𝑝𝑙𝑒

𝑉𝑝𝑖𝑐 −  
𝑤𝑊𝑎𝑡𝑒𝑟 𝑑𝑖𝑠𝑝𝑙𝑎𝑐𝑒𝑑

𝜌𝑤𝑎𝑡𝑒𝑟 20°𝐶

                                                                    [3.1] 

 

Where 𝜌𝑠𝑎𝑚𝑝𝑙𝑒 is the density of the volcanic ash-glass-rock sample (kg m-3), 

𝑤𝑠𝑎𝑚𝑝𝑙𝑒 is the weight of the sample placed in the pycnometer (kg). 

𝑤𝑊𝑎𝑡𝑒𝑟 𝑑𝑖𝑠𝑝𝑙𝑎𝑐𝑒𝑑 is the difference reported between the amount of water 

required to fill the pycnometer (kg) when an amount of volcanic ash-glass-

rock (𝑤𝑠𝑎𝑚𝑝𝑙𝑒) is added (kg). 𝑉𝑝𝑖𝑐 is the normalized volume for the specific 

gravity bottle (m3) and 𝜌𝑤𝑎𝑡𝑒𝑟 20°𝐶 corresponds to the density of milliQ water 

at given temperature (kg m-3). 
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3.4. SPECIFIC SURFACE AREA ANALYSIS 

 

3.4.1. Geometric specific surface area 
 

The geometric specific surface area is calculated using the equation Eq. [3.2] 

given by Brantley et al., (1999) and it was computed on the basis of their 

particle size distribution, as follows: 

 

𝐴𝑔𝑒𝑜 =
6

𝜌∗𝑑𝑒𝑓𝑓
                                                                                               [3.2] 

 

Where Ageo is the geometric surface area (m2 g-1), ρ is the ash-glass-rock 

density (expressed as g m-3) and deff is the effective particle diameter (m). The 

number 6 is based on the assumption that grains have a regular and smooth 

spherical shape. Assuming a homogeneous particle distribution, deff can be 

obtained from (Tester et al., 1994). 

 

𝑑𝑒𝑓𝑓 =
𝑑𝑚𝑎𝑥−𝑑𝑚𝑖𝑛

𝑙𝑛(
𝑑𝑚𝑎𝑥
𝑑𝑚𝑖𝑛

)
                                                                                          [3.3] 

 

Where dmax [m] and dmin [m] refer to the maximum and minimum beam for 

each particle fraction in the distribution size obtained in the laser diffraction 

spectroscopy. 

 

Particle size distribution can be also used to calculate the deff value by dividing 

the size distribution into a finite amount of bins and assuming equivalent 

spherical diameters of particles that correspond to the mean size of each bin 

(Cepuritis et al., 2017):  

 

𝑑𝑒𝑓𝑓 = ∑  𝑥𝑖  
𝑑𝑖+1−𝑑𝑖

𝑙𝑛(
𝑑𝑖+1

𝑑𝑖
)
 𝑑𝑚𝑎𝑥

𝑖=𝑑𝑚𝑖𝑛                   [3.4] 

 

where 𝑥𝑖 refers to the volumetric fraction of particles within each size bin 𝑑𝑖 

and 𝑑𝑚𝑎𝑥 and 𝑑𝑚𝑖𝑛 refer to the maximum and minimum size bin measured by 

laser diffraction spectroscopy, corresponding to 𝑥𝑑𝑚𝑎𝑥=0.99 and 𝑥𝑑𝑚𝑖𝑛=0.01 

respectively.  

 

Some limitations of the method to estimate the effective diameter using Eq. 

[3.3] (used in some dissolution studies, e.g. Wolff-Boenisch et al., 2004), 

include for instance that the effective diameter (𝑑𝑒𝑓𝑓=78 µm in the study of 

Wolff-Boenisch et al., 2004) of the powders could be reached by several size 

distributions (see Figure 3.3).  
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Figure 3.3. Dmax vs Dmin of the powdered material necessary to reach an 

effective diameter of 78 µm, which will produce the same geometric area 
Ageo applying Eq. [3.2] and Eq. [3.3]. 

 

Additionally, for an effective diameter comprised between 50-100 µm and 

using typical values of rock’s density (ranging from 2.3 g cm-3 for a rhyolite 

to 3 g cm-3 for a basalt) the 𝐴𝑔𝑒𝑜 will be always comprised between 0.02 and 

0.04 m2 g-1, with little influence of the particle size distribution (see Figure 

3.4). Therefore, we could affirm that the Ageo does not make a good distinction 

among powdered samples of different reactivity while the samples presented 

similar average particle diameter and density. 

 

 

 

Figure 3.4. Variation of the geometric surface area in function of the 
effective diameter (µm) for three typical rocks (Basalt 𝜌= 3 g cm-3 Dacite 𝜌= 

2.5 g cm-3 Rhyolite 𝜌= 2.3 g cm-3). 
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3.4.2. Specific surface area (Brunauer, Emmet and Teller) 
 

Specific surface area was evaluated by gas adsorption (krypton) (UCLouvain, 

Géosciences Environnement Toulouse and Institut de Science de Matériaux 

de Mulhouse) according to Brunauer, Emmett und Teller (Brunauer et al., 

1938) as described in the standard ISO 9277:2010. Specific surface area 

SSABET (m2 g-1) was defined as the ratio between the absolute surface area of 

the volcanic material (ash, glass, rock) and its mass (sample weight: 0.5 g in 

this study). 

 

The BET method involves the determination of the amount of the gas required 

to cover the external and the accessible internal pore surfaces of a solid with 

a complete monolayer of nitrogen or krypton. The monolayer capacity was 

calculated from the adsorption isotherm (Ermeling, 2014). 

 

The BET equation is as follows: 

 

1

{𝑉[(
𝑃𝑜
𝑃

)−1]}
= [

(𝐶−1)

𝑉𝑚 𝐶
 𝑥 (

𝑃

𝑃𝑜
) +

1

(𝑉𝑚 𝐶)
]                                                                    [3.5] 

 

 Where 

P   partial vapor pressure of adsorbate gas in equilibrium with the surface 

at 77.4 K (196°C), (Pa) 

Po        saturated pressure of adsorbate gas, (Pa) 

V  volume of gas adsorbed at standard temperature and pressure (273.15 

K and 1.013 x 105 Pa) (mL) 

Vm  volume of gas adsorbed at standard temperature and pressure to 

produce an apparent monolayer on the sample surface [mL] 

C  BET constant, dimensionless constant that is related to the enthalpy 

of adsorption of the adsorbate gas on the powder sample  

 

As it was mentioned by Hiemenz and Rajagopalan (1997), a linear plot of 

 1/ {𝑊 [(
𝑃𝑜

𝑃
) − 1]} at varing (P/Po) is used to derived Vm and C from the 

intercept and slope of the straight line. Once Vm was obtained, it was expressed 

in number of gas molecules, and then taking account the cross sectional area 

of the absorbed gas molecule, the sample surface area was obtained. 
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Approximately 300 mg of sample were degassed for at least two hours at 150 

°C prior to analysis. For each volcanic sample (ash, rock, glass), a five point 

krypton adsorption isotherm at 77 K (-196 °C) was obtained using a 

Micromeritics ASAP 2000 instrument. It is also possible to obtain the 

adsorption isotherm using Nitrogen gas instead of Krypton gas, but as it has 

been pointed by the American Society for Testing and Materials (2015), 

nitrogen gas is favoured for analysis of powdered materials with low specific 

surface areas (<1 m2 g-1). The error on the BET analytical measurements was 

estimated between 0.5 and 2%. 

 

Roughness factor. As it has been established by Wolff-Boenish et al. (2004), 

the ratio between BET and geometric surface area (ABET/Ageo) will be referred 

as roughness factor. 

 

 

3.5. BULK COMPOSITION 

 

3.5.1. Alkaline Fusion and Inductively Coupled Plasma Atomic 

Emission Spectroscopy 
 

Inductively coupled plasma atomic emission spectroscopy (ICAP 6000 

Series/Emission Spectrometer, UCLouvain) was used to determine the weight 

percent oxide of the bulk samples, i.e. major elements composition (SiO2, 

Al2O3, Fe2O3, MgO, CaO, Na2O, K2O) and trace elements composition (TiO2, 

P2O5, MnO, SO4, SrO, BaO, ZrO, ZnO, CuO). 

 

Alkaline fusion was required to dissolve the sample, 0.1 g of volcanic material 

(ash, glass, rock) were mixed with 1.6 g of Lithium Metaborate (LiBO2 99.9% 

ALDRICH) and 0.4 g of Lithium Tetraborate (B4Li2O7 99% Fluka) on 

graphite crucibles (Chao and Sanzolone, 1992). The fusion was done at 

1000°C for 10 minutes. The oxide phase obtained was digested on an acid 

bath (50 mL of HNO3 at 80 °C) with magnetic stirring. The resulting solution 

was diluted with MilliQ water until 100 mL before sending it to analytical 

detection. 

 

Additional dissolutions of 1:10 and 1:2 (dissolved sample: Milli-Q water) 

were needed depending on the element. Besides, a reference matrix containing 

the elements to be analyzed was prepared using certificate standards 

(CertiPUR® ICP Standard MERCK). This matrix was used to validate the 

accuracy of the technique applied. The detection limit was 10 µg L-1for Si, Na, 

K and S, 4 µg L-1 for Mn, 3 µg L-1 for Fe, 2 µg L-1 for Al, 1.5 µg L-1 for Mg 

and 0.8 µg L-1 for Ca. The error on the ICP-AES analytical measurements was 

estimated about 1.5% (>50 ppb) and 0.5% (50-200 ppb). 
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3.6. MINERALOGICAL CHARACTERIZATION BY X-RAY 

DIFFRACTION 
 

Samples of different volcanic material (glass, rock, ash) were pulverized using 

an agate mortar and pestle. The powder obtained (>40μm) were spread over a 

plastic sample holder and place into the X-Ray diffractometer (Bruker D8 

Advance, UCLouvain) for analysis during 3 hours. In this study a Bruker D8 

Advance Diffractometer equipped with a Peltier-cooled energy dispersive 

scintillation detector (Sol-X) was used. The analysis was programmed using 

the DifracPlus software program, with the incident monochromatic X-ray 

beam at an angle (θ) between 2° and 80°. Steps were in increments of 0.015° 

and counts were collected for 2 seconds per step. 

 

 

3.6.1 Crystalline phases 
 

Crystalline phase identification was generated from the interpretation of the 

X-Ray diffractograms using the data base provided by DIFFRAC.EVA 

software. In an X-Ray diffractogram, each crystalline phase has a pattern 

characterized by reflections (peaks in intensity) at certain positions. 

Representative rock-forming minerals in volcanic ash were identified using 

this diffraction patterns. The final mineralogical composition was validated 

taking account the formation of volcanic rocks (Hyndman, 1985) and 

compilations of representative minerals founded in volcanic ash-rocks 

(Nakagawa and Ohba, 2002).   

 

Once the main mineral phases presented in the ash-rock samples were 

identified, a semi-quantative analysis was done using the software 

SIROQUANT. This software package is used for the quantification of 

crystalline compounds, using the Rietveld method. The Rietveld method uses 

a least squares approach to refine a theoretical line profile until it matches the 

measured profile (Rietveld, 1968). The refinement was done taking account 

some criteria e.g. peak shape, peak width and preferred orientation. As it has 

been suggested in the SIROQUANT, User Manual (2013), the refinement 

process consists of successive stages. In each stage, one of the following 

parameters was adjusted: peak high (scale and instrument zero); unit cell 

dimensions (W, a, b and c); preferred orientation, peak shape and asymmetry. 

 

The results of the refinement process were evaluated through the fit of a 

calculated pattern to the observed data by the χ2 value (chi squared/goodness 

of fit). χ2 approaches 1 for a perfect fit, but in general, a good refinement 

process was considered when a chi squared lower than 3 was reached 

(SIROQUANT Version 4, User Manual 2013). 
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The final composition was reported in weight percentage of each mineral 

phase. Phases with a relative abundance below the detection limit were 

excluded. As it has been pointed by Pecharsky and Zavalij (2005), the 

accuracy of the quantitative phase analysis is difficult to estimate rigorously. 

It varies considerably and is often claimed to be between 1 and 5%. In our 

study, phases with an abundance higher than 1% are reported. 

 

 

3.6.2. Amorphous content  
 

SIROQUANT software enabled us to quantify the amorphous content in the 

volcanic ash-rocks samples by the addition of a spiked phase (metallic silicon) 

in the original sample prior X-ray powder diffraction analysis (Winburn et al., 

2000; Ward and French, 2006; Paque et al., 2016). This spiked, used as 

internal standard, was added in a known weight percentage (~10% w/w). To 

obtain a well-mixed powder, the sample (>40μm) and metallic silicon were 

mechanically homogenized in a shaker for at least 12 hours (SIROQUANT 

Version 4, User Manual 2013, Ward and French, 2006). 

 

Once a homogenized power was obtained, the X-Ray analysis was normally 

conducted as it had been described in the previous section. The X-Ray 

diffractograms were analysed using EVA, only to verify the presence of the 

phases already determined before. Then the diffractograms were processed by 

refinement of the Rietvel parameters of each mineral phase, normalized to 

100%. If the original sample has a significant proportion of amorphous, the 

spiked fraction reported is higher than the spiked fraction in the powder 

mixture. The system can then make a correlation based on the known 

proportion of metallic silicon within the analysed sample and thereby 

calculate the proportion of amorphous material in the original (unspiked) 

sample (Ward and French, 2006). The accuracy in the weight percent 

determinations of the rock’s glass and major crystalline components is in the 

range 5–10% (Paque et al., 2016). 

 

 

3.7. MINERAL CHARACTERIZATION OF COMPLEX ROCK 

ASSEMBLAGES BY EPMA (ELECTRON PROBE MICRO 

ANALYZER) MAPPING  
 

Typically, mineral assemblages comprise phases of heterogeneous 

composition. The heterogeneity can be either interphase, representing 

compositional variation between chemically different mineral phases or, 

alternatively, intraphase, indicating variation within a mineral phase as a result 

of primary chemical zoning, solid solution or variation introduced through 

weathering processes (Pownceby et al., 2006).  
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Composition and phase distribution analyses in complex rock assemblages 

was determined using EPMA-based microanalysis. The method used an 

electron microprobe to collect combined X-ray, backscattered electron and 

cathodoluminescnence (CL) maps. By scanning over a specified target area, 

CL wavelength and X-ray element distribution maps of grains are acquired in 

parallel enabling direct comparison between elemental concentration and 

textural features. (Pownceby et al., 2006).  

 

In our study, the major and minor element compositions of crystalline phases 

and glassy groundmasses in the volcanic rocks were determined by EPMA, in 

the case of the dacitic rock (PUY) (chapter 6) using the JEOL Superprobe at 

the Institut für Geowissenschaaften, University of Mainz. We employed 

operating conditions similar to those described in Castro and Dingwell (2009) 

and Castro el al. (2013). For all of the major elements except Na, we used a 

focused beam, 15 kv, and 8nA current. Na-analyses were made with a 

defocused beam (~10 µm) and reduced current (6 nA) and were placed first in 

the sequence in order to minimize Na-migration. Standardization was based 

on known compositions of glass and mineral standards. The error on the 

EPMA measurements for the element composition was estimated to about 0.5-

5% (major components >10 wt. %) and 5-15% (minor components <10 wt. 

%). 
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3.8. DESIGN OF AN EXPERIMENTAL FLUIDIZED BED 

SYSTEM TO STUDY DISSOLUTION KINETICS OF 

POWDERED VOLCANIC MATERIAL 

 

3.8.1. Introduction 

 
Interpretation and modelling of natural geochemical processes on the Earth’s 

surface depend on our understanding of the factors that control the rate of 

dissolution of minerals. In order to quantify chemical weathering rates for 

individual minerals, laboratory experiments have been conducted under 

controlled conditions of temperature, pH, and solution composition (Brantley 

and Chen, 1995). Laboratory dissolution studies on isolated pure minerals or 

synthesized phases are the primary basis for the current understanding of 

weathering kinetics (Stephens and Hearing, 2004).  

 

During the last decades, a large dataset of experimental dissolution rates for 

various minerals and glass compositions has been produced. These were 

obtained using a so-called dissolution reactor, but of which the design may 

vary significantly from one study to another. The main dissolution reactor 

types are the batch, continuously-stirred, plug flow, and fluidized bed design 

(e.g., Chou and Wollast, 1984; Rimstidt and Dove, 1986; Brantley and Chen, 

1995; Pokrovsky and Schott, 2000, Palandri, 2004; Kaszuba et al. 2013; 

Ostertat-Henning et al., 2014).  

 

A sound understanding of the advantages and disadvantages of a given type 

of dissolution reactor is required in order to be able to assess the experimental 

kinetics data critically. Indeed, some factors of experimental design (and also 

solid phase preparation) may affect the kinetics of dissolution. For example, 

low stirring velocities in a dissolution reactor may result in concentration 

gradients near mineral/glass surfaces, which may slow dissolution reactions 

(Metzr and Ganor, 2001). In other cases, particle abrasion may lead to faster 

apparent rates (Petrovich, 1981; Wieland and Stumm, 1992; Lasaga, 1998; 

Palandri, 2004). This section presents a brief outline of the main types and 

characteristics of dissolution reactors. 

 

 

3.8.2. Types of dissolution reactors 

 
3.8.2.1. Batch solid-liquid reactors 

 

Batch reactors consist of agitated or stirred tanks which are set up closed or 

open to the atmosphere with mineral sample and solution (see Figure 3.5). In 

a batch reactor all the reactants are added and mixed together. There is no 

additional amount of reactants, and products are allowed to accumulate. The 
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only material removed is usually a small aliquot of sample so that the 

solution/soil ratio is only slightly altered. A batch system allows an easy 

control of reaction conditions, as pH, ionic strength. On the contrary, desorbed 

species are not removed and are allowed to accumulate, resulting sometimes 

in secondary precipitation or in a limited mass transfer of solute (Armacher, 

1991; Brantley and Chen, 1995; Brantley, 2005). 

 

 
Figure 3.5. Schematic of a simple batch reactor.                                       

Adapted from Amacher (1991). 
 

The reaction rate R (mol cm-2 s-1) can then be expressed (Eq. [3.6]) as either the 

release rate of a given component, or the rate of dissolution of moles of the 

phase ∆𝑀 (mol) per unit time (t). Typically, these rates are then normalized 

per unit surface area As (cm2 g-1) and per gram of mineral m (g). However, in 

a batch reactor the measured rate may change as a function of time as the 

solution chemistry changes, or as minerals precipitate (Brantley and Chen, 

1995). 

 

𝑅 =
∆𝑀

𝐴𝑠 𝑚 𝑡
                                                                                                                                                 [3.6] 

 

As recent examples of the use of this kind of reactor, we could mention the 

work made by: Stephens and Hering (2003) conducting dissolution 

experiments with volcanic ash soils; Jones et al. (2011) studying the 

interaction of basaltic riverine particulate material and seawater; or Maters et 

al. (2016) focusing on the Fe solubility through glass leaching/dissolution 

experiments. 
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3.8.2.2. Continuous flow reactors 

 

Flow reactors are open systems in which solute is added to the system and 

reaction products are removed. In flow reactors the solid phase reacts with a 

greater mass of solute (concentration x flow velocity x time) than in a batch 

reactor (concentration x volume). Advantages of continuous flow systems 

include the continuous removal of dissolved species, the reduction of diffusion 

processes, and the possibility of changing the input solution parameters and 

solution/solid ratios during the experiment (Armacher, 1991; Brantlley, 2005; 

Cama, 2014).  

 

Interpretation of reaction rates using flow-through reactors is more 

straightforward than for batch reactors because solution chemistry remains 

constant during dissolution. The rate of the reaction, R (mol cm-2 s-1) is 

assessed (Eq. [3.7]) by comparing the input concentration (ci) to the output 

concentration (co) of a component derived from dissolution of the mineral 

(Brantley and Chen, 1995; Brantley, 2005): 
 

𝑅 =
𝑄 (𝑐𝑜−𝑐𝑖)

𝐴𝑠 𝑚
                                                                                                 [3.7] 

 

where Q is the flow rate (L s-1), As is the specific surface area of the mineral 

(cm2 g-1) and m is its initial mass (g). 

 

The design of continuous flow reactors may vary and one distinguishes the 

thin-disk, the stirred-flow and the fluidized-bed reactor (Fig. 3.6). 

 

 

(a) THIN-DISK REACTOR 

Figure 3.6. Types of reactors used to obtain kinetic data for dissolution 

reactions of solids. (a) Thin-Disk reactor, (b) Stirred flow reactor and (c) 

Fluidized-bed reactor.                                                                                       

Adapted from Amacher (1991). 
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 (b) STIRRED FLOW REACTOR 

 

(c) FLUIDIZED-BED REACTOR 

 

Figure 3.6 (continued). Types of reactors used to obtain kinetic data for 

dissolution reactions of solids. (a) Thin-Disk reactor, (b) Stirred flow reactor 

and (c) Fluidized-bed reactor.                                                                          

Adapted from Amacher (1991). 
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Thin-Disk reactor 
 

In this method a thin disk of dispersed solid phase is deposited on a porous 

membrane and placed in a holder. A disadvantage of using the thin-disk 

method is that control over reaction conditions within the thin disk is not 

usually possible. Although pH and other solution composition variables can 

be controlled in the input solution, once the solution contacts the thin disk, 

direct control with feed-back is no longer possible (Armacher, 1991). As an 

example of the use of the thin-disk method we could mention the study of the 

kinetics of phosphate and silicate retention by goethite conducted by Miller et 

al. (1989). 

 

 

Stirred-Flow reactor 
 

In a stirred-flow through method the reactor is maintained at a constant 

velocity by a pump, and a fraction collector is used to collect reactor effluent. 

Mixing is accomplished by a magnetic stirrer (Carski and Sparks, 1985) or 

even by a propeller connected to a high-torque motor (Miller et al., 1988). 

Stirred-flow reactors retain all the advantages of the flow methods in general 

and eliminate all the problems associated with the thin-disk method. 

Compared to batch reactors, stirred-flow reactors have the advantage that the 

film or particle diffusion is reduced or eliminated by mixing within the reactor 

although stirred flow reactors normally have smaller volumes that 

conventional batch reactors (Armacher, 1991; Brantley and Chen, 1995).   

 

Regarding the application of this kind of reactors in the dissolution study of 

minerals and glasses we could mention, for instance, the work made by Wolff-

Boenisch et al. (2004, 2006) on the effect of crystallinity on dissolution 

kinetics as a function of chemical composition for natural glasses and silicate 

minerals using titanium or PETM mixed flow reactors. In terms of glass 

dissolution just to mention the work done on basaltic and borosilicate glasses 

using flow through systems (e.g., Guy and Schott, 1989; Oelkers and 

Gislason, 2001; Gislason and Oelkers, 2003; Galeczka et al., 2013; Neeway 

et al., 2018) and rhyolitic volcanic glasses (Yokoyama and Banfield, 2002, 

Declercq et al., 2013). 
 

 

Fluidized bed reactor 
 

Fluidization technology has known as the most efficient method for contacting 

fluid and particles for decades with many applications in the chemical industry 

(Andrews, 1988; Sabino et al., 2013; Secchi et al., 2013). The fluidized bed 

reactor, which has its origins in chemical engineering, was used by Chou and 
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Wollast (1984, 1985) to study albite weathering, by Holmqvist (2001) to study 

epidote dissolution, among others like, Postma, D. (1990) with the kinetics of 

nitrate reduction; Griffioen et al. (1999) studying the oxygen consumption in 

aquifer sediments and Van Hees et al. (2001) with the dissolution of microline, 

labradorite and a natural soil (C-horizon). The fluidized bed reactor utilizes a 

slow single-pass flow and a second faster recirculation flow that stirs the 

mineral powder by suspending the particles in the reactor. A homogeneous, 

rapidly mixed suspension can be achieved with this type of reactor (Armacher, 

1991; Brantley, 2005). Thus, in contrast to the stirred-flow reactor, no 

additional part is required to maintain the particles in suspension and to 

homogenise the mixture. 

 

One of the advantages of the fluidized bed reactor is that vigorous mixing in 

the fluidized bed eliminates strong concentration gradients. Additionally, 

solute concentrations can be maintained well below saturation levels for 

various precipitates and thus, secondary precipitation reactions that 

complicate data analysis and interpretation can be avoided. The effect of 

reaction conditions (e.g., pH changes) can be studied by changing the input 

solution composition without manipulating the solid phase (Andrews et al. 

1988; Armacher, 1991). 

 

For our dissolution study of powdered volcanic materials, i.e. rock, glass and 

ash, we selected a fluidized bed system, due to the advantages over a batch 

system in terms of accumulation and precipitation of secondary phases. 

Comparing with other variations of continuous flow systems, in a fluidized 

bed system the circulating fluid keeps the sample in suspension but also 

homogenizes it, avoiding the introduction of additional parts, like external 

agitation devices in the stirred-flow method or membranes and holders in the 

thin-disk method.  

 
 

3.8.3. Design of the fluidized bed reactor 

 
3.8.3.1. Fluidization of a volcanic rock powder 

 

The Geldart classification (Geldart, 1973; Geldart and Abrahamson, 1978) 

was used in order to be able to predict the behaviour of a powdered volcanic 

rock when fluidized. The classification relies on the difference between the 

density of the solid to be fluidized 𝜌s (g cm-3) and that of the fluidizing phase 

𝜌f (g cm-3) (gas or liquid) and on the mean particle size 𝑑𝑝̅̅̅̅  (µm). Four groups 

are usually distinguished: powders in a material belonging to group A exhibits 

dense phase expansion after minimum fluidization velocity; a material 

belonging to group B bubbles at the minimum fluidization velocity; a material 
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belonging group C is difficult to fluidize and a material belonging to group D 

can form stable spouted beds (Fig. 3.7; Levenspiel, 1999). 

 

We assume a range of representative density values of the volcanic powdered 

material between 2.3 to 3.2 g cm-3 (Hyndman, 1985) and a mean particle size 

of 80 µm (expected size distribution comprised between: 63-100 µm). In 

Figure 3.7, the Geldart classification is used as an approximation to predict 

the fluidization behaviour of a volcanic powdered sample (Levenspiel, 1999). 

Accordingly, volcanic rock particles may be classified as a solid type A, which 

designates those particles that fluidize easily without the formation of bubbles. 

Therefore, we expect that the fluidized technology can be applied to 

investigate volcanic rock powdered dissolution.  

 

 

Figure 3.7. Volcanic ash powder in the Geldart classification of solids.                                                                
Adapted from Levenspiel (1999). 

 
 

3.8.3.2. The phenomenon of fluidization 
 

Fluidization is the operation by which fine solids are transformed into a fluid 

like state through contact with gas or liquid. In general, if a small quantity of 

fluid is passed upward through a bed of fine particles, the fluid percolates 

through the spaces between stationary particles. This is a fixed bed. With an 

increase in flow rate, particles move apart and a few vibrate and move in 

restricted regions. This is the expanded bed (Kunii and Levenspiel, 1969). 

 

At a still higher velocity, a point is reached where all the particles are just 

suspended by the upward-flowing gas or liquid. At this point the frictional 
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force between particle and fluid just counterbalances the weight of the 

particles, the vertical component of the compressive force between adjacent 

particles disappears, and the pressure drop trough any section of the bed about 

equals the weight of fluid and particles in that section. The bed is considered 

to be fluidized (Kunii and Levenspiel, 1969). 

 

In liquid-solid systems, an increase in flow rate above minimum fluidization 

usually results in a smooth, progressive expansion of the bed. At a sufficiently 

high fluid flow the solids are carried out of the bed with the fluid stream. This 

state is defined as lean-phase fluidized bed with pneumatic transport of solids 

(Kunii and Levenspiel, 1969). 

 

The different regimes that can develop in a fluidized bed reactor are shown in 

Figure 3.8. The bed is composed of a layer of material with an initial height 

Lm. When the fluid starts to circulate at low velocity the particles in the bed 

keep static, this state is known as a fixed bed. If the flow is increased the 

fluidization starts and the minimum height of fluidization is reached at Lmf. If 

the flow continues increasing the smooth fluidization is reached at Lf. Finally, 

if there is a strong increase in the flow rate the particles will be transported 

with the fluid (pneumatic transport). 

 

 

 

Figure 3.8. Different regimes in a fluidized bed reactor.                                                                                                   
Adapted from Kunii and Levenspiel (1969). 
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The state of fluidization can be described by an equation giving the pressure 

drop of the fluid trough a packed bed, the Ergun (1952) equation Eq. [3.8]: 

 

𝛥𝑃

𝐿
𝑔𝑐 = 150 

(1−ԑ𝑚)2

ԑ𝑚
3  

µ  𝑢𝑚

(𝜙𝑠 𝑑𝑝)
2 + 1.75 

(1−ԑ𝑚)

ԑ𝑚
3   

𝜌𝑝 𝑢𝑚
2

𝜙𝑠 𝑑𝑝
                                [3.8] 

 

Where ԑ𝑚 is the porosity, µ  is the fluid viscosity (Poise), 𝑢𝑚 is the superficial 

fluid velocity through a bed of solids (cm s-1), dp is the size particle (cm), gc is 

the conversion factor equals to 980 (gm cm gm-wt-1 s-2) and ϕs is the sphericity. 

Porosity has been defined by Eq. [3.9]: 

 

ԑ𝑚𝑓 = 1 − 0.356 (log 𝑑𝑃 − 1)                                                                  [3.9] 

 

Where dp is the particle size [µm] 

 

Sphericity ϕs has been defined by Eq. [3.10]: 

 

𝜙𝑠 = (
𝑆𝑠

𝑆𝑝
)

𝑏𝑜𝑡ℎ 𝑜𝑓 𝑠𝑎𝑚𝑒 𝑣𝑜𝑙𝑢𝑚𝑒

                                                                   [3.10] 

 

Where Sp is the surface area of each particle (m2) and Ss corresponds to the 

surface area calculated for a sphere of the same size as the particle (m2). With 

this definition ϕs=1 for spheres, and 0< ϕs< 1 for all other shapes.  

 

The pressure drop in Eq. [3.8] represents two factors, the viscous and the 

kinetic energy loses. At low Reynolds (<20) numbers the viscous losses 

predominate and Eq. [3.8] simplifies to: 

 

𝛥𝑃

𝐿
𝑔𝑐 = 150 

(1−ԑ𝑚)2

ԑ𝑚
3  

µ  𝑢𝑚

(𝜙𝑠 𝑑𝑝)
2        𝑅𝑒𝑝,𝑚𝑓 =

𝑑𝑝 𝑣𝑚𝑓 𝜌𝑓

µ
 <  20                    [3.11] 

 

At high Reynolds numbers (>1000) only the kinetic energy losses need to be 

considered: 

 
𝛥𝑃

𝐿
𝑔𝑐 = 1.75 

(1−ԑ𝑚)

ԑ𝑚
3   

𝜌𝑝 𝑢𝑚
2

𝜙𝑠 𝑑𝑝
             𝑅𝑒𝑝,𝑚𝑓 >  1000                                 [3.12] 
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The solids will be suspended when the pressure drop exceeds the weight of 

solids. Then onset of fluidization occurs when drag force by upward moving 

fluid is equal to the weight of particles. This relation is expressed as follows 

by Eq. [3.13]. 

 

∆𝑝 𝐴𝑡 = 𝑊 = (𝐴𝑡  𝐿𝑚𝑓)(1 − ԑ𝑚𝑓) [(𝜌𝑝 − 𝜌𝑓)
𝑔

𝑔𝑐
]                                   [3.13] 

 

For the drag force on the left side of Eq. [3.13], ∆𝑝 is the pressure drop across 

the bed and At is the cross-sectional area of tube. In the right side of Eq. [3.13], 

the weight of particles is composed of three terms, the first is the product 

𝐴𝑡  𝐿𝑚𝑓 which is the volume of the bed. The fraction of solids is obtained from 

the porosity(1 − ԑ𝑚𝑓). The last term [(𝜌𝑝 − 𝜌𝑓)
𝑔

𝑔𝑐
] corresponds to the 

specific weight of solids, where 𝜌𝑝 is the particle density,  𝜌𝑓 is the fluid 

density and g is the acceleration of gravity. 

 

Combining Eq. [3.8] and Eq. [3.13], the velocity of minimum fluidization, 

𝑢𝑚𝑓 , is: 

 

 
1.75

𝜙𝑠 ԑ𝑚
3   (

 𝑑𝑝 𝑢𝑚𝑓 𝜌𝑓 

µ
)

2

+  
150 (1−ԑ𝑚)2

𝜙𝑠
2ԑ𝑚

3
 (

 𝑑𝑝 𝑢𝑚𝑓 𝜌𝑓 

µ
) =  

𝑑𝑝
3𝜌𝑓 (𝜌𝑝−𝜌𝑓) 𝑔 

µ2      [3.14] 

 

For small particles of small specific weight Eq. [3.8] simplifies to Eq. [3.11] 

and Eq. [3.14] gives 

 

𝑢𝑚𝑓 =
𝑑𝑝

2 (𝜌𝑝−𝜌𝑓) 𝑔   ԑ𝑚𝑓
3 𝜙𝑠

2

150µ (1−ԑ𝑚𝑓) 
   𝑅𝑒 < 20                                                 [3.15] 

 

For large particles Eq. [3.8] simplifies to Eq. [3.12] and Eq. [3.14] becomes 

 

𝑢𝑚𝑓
2 =

𝑑𝑝  ԑ𝑚𝑓
3 𝜙𝑠  (𝜌𝑝−𝜌𝑓) 𝑔 

1.75 𝜌𝑓
    𝑅𝑒 > 1000                                            [3.16] 

 

For designing proposes we consider the volcanic powdered material as an 

homogeneous powder comprised between 63 and 100 µm (dp = 0.008 cm - 80 

µm), with density values ranging from 2.3 to 3.2 g cm-3 (Hyndman, 1985), an 

average specific surface area of 1 m2 g-1 (Delmelle et al., 2004) and an average 

sphericity of 0.7 (Riley et al., 2003). Then, the minimum fluidized velocity 

required to maintain a volcanic rock powder in suspension in a fluidized bed 

reactor is estimated using Eq. [3.15] (𝜌𝑓 = 1 g cm-3, g = 980 cm s-1 and µ  = 

0.001 Poise). We found a minimum fluidized rate comprised between 0.2 and 

0.4 cm s-1. This corresponds to a low Reynolds number value of 2-3.5, which 
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agrees with the choice of Eq. [3.15] for Re < 20. Based on this result, it is 

possible to establish the minimum pumping rate in the fluidized bed reactor, 

taking in account the internal diameter of the reaction chamber (0.8 cm). The 

minimum flow to maintain the volcanic rock powder in suspension is 8-14 mL 

min-1. In practice, we will work at a flow rate of 14 mL min-1 (see Figure 3.6c). 

 

 

The flow within the reactor necessary to maintain the powdered volcanic rock 

in suspension is provided by the pumping rate (F1), whereas (F2) is the rate of 

addition of new solution into the reactor (see Figure 3.6c). The renewal rate, 

associated to the feeding flow rate, controls the residence time of the solution 

in the reactor. The renewal rate (F2) must be small in comparison to the mixing 

rate (F1) to maintain a small difference in concentration between input at the 

bottom of the fluidized bed and output at the top of the bed. Chou and Wollast 

(1984) maintained F2 between 3 and 6% of F1. Taking into account this 

criterion, the feeding flow in our system is fixed at 0.4 mL min-1 (i.e. 3% of 

the main circulating flow), which corresponds to a residence time of 3 hours 

(flow rate 0.4 mL min-1 and volume ~ 65 mL). 

 

 

3.8.4. Description of the fluidized bed reactor 
 

The dissolution experiments are performed in a fluidized bed flow-through 

system coupled to a continuous extraction system and a temperature control. 

The reactor consists of a 50 mL polypropylene pipette (BRAND 50±0.1 mL) 

equipped with one circulation pump (Watson Marlon 90 RPM) to keep the 

material in suspension (14 mL min-1) and peripheral feeding/extraction system 

(~0.4 mL min-1). The peripheral system consists of Tygon® tubing (3x5 mm) 

and feeding/extracting peristaltic pumps (Miniplus 2 GILSON). Figures 3.9 

and 3.10 depict the different variations of the system used. For the short-term 

release of elements coming from volcanic ash (Chapter 4), an automatic 

sampling regulator system was incorporated to the main system which is 

presented in Figure 3.9. The dissolution rate of volcanic rocks in the acidic pH 

range (Chapters 5 and 6) was obtained using the variation of the system 

presented in Figure 3.10, in which the automatic sampling control has been 

removed, a check valve was added in the tubing feeding the input solution and 

a nylon mesh (64 µm) was placed in the top of the pipette to avoid the transport 

of particles outside the pipette. Figures 3.11, 3.12 and 3.13 show photographs 

of the fluidized bed system used in this study (version II and I). Figure 3.14 

presents the fluidized state reached by the powdered sample during the 

dissolution experiment. 
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Figure 3.9. Fluidized bed reactor proposed for volcanic ash dissolution 
(VERSION I Chapter 4). 
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Figure 3.10. Fluidized bed reactor proposed for volcanic rock/ash/glass 

dissolution (VERSION II Chapters 5 and 6). 

 

V
o

lu
m

et
ri

c 
p

ip
et

te
 P

P
 5

0
 m

L
 4

6
 

cm
 ~

1
 c

m
-2

.5
 c

m
 (

D
e
x
t)

 

 

    

Inlet solution 

Connector T     

~0.5 cm (Dext) PP 

  

Connector Y     

~0.5 cm 

(Dext) PP 

  

Peristaltic pump 90 RPM 

~14 mL min-1 

Peristaltic pump 

35 RPM        

~0.4 mL min-1 

10 cm 

35 cm 

2
0

 c
m

 

30 cm 

Outlet solution 

~0.4 mL min-1 

Nylon mesh 

64 µm 

Tygon® hoses 2001 

ultra-pure Øinner 3.2 mm 

Øext 6.4 mm  

Check valve PP 

3.2 mm 

D
is

co
n

n
ec

to
r-

ta
p

er
ed

 

P
E

  
6

-7
-8

 m
m

 



 

93 
 

 

Figure 3.11. Photograph of the fluidized bed system used for volcanic ash 
dissolution (VERSION I Chapter 4). 

 

 

Figure 3.12. Photograph of the fluidized bed system (viewed from the front) 
used for volcanic rock/ash/glass dissolution (VERSION II Chapters 5 and 6). 
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Figure 3.13. Photograph of the fluidized bed system (viewed from the back) 

used for volcanic rock/ash/glass dissolution (VERSION II Chapters 5 and 6) 

 

Figure 3.14. Photograph showing the fluidized state reached by the 

powdered rock sample during the dissolution experiments.  
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3.9. DESCRIPTION OF THE MODEL WITCH 

 

3.9.1. Introduction 

 
The WITCH geochemical model is a box model that has been used to simulate 

water-minerals interactions as a function of time in various environments. In 

our study, this model is applied to simulate the alteration of a volcanic ash 

deposit (rhyolitic glass 80%, quartz 7.34%, K-feldspar 6.26% and albite 

5.54%), similar to those deposed by a super-eruption in Yellowstone (USA) 

but incorporating actual data of temperature and runoff. The model provides 

the evolution of mineralogy due to the chemical weathering, as well the 

formation of secondary mineral phases (allophane/imogolite and 

halloysite/kaolinite), the fluxes of released elements (Si, Ca, Na, K, Mg),  and 

carbon dioxide (CO2) consumption for different time scales (0.1 yr, 1 yr, 10 

yrs, 100 yrs, 1000 yrs and 10 000 yrs). In this section, a general description of 

the WITCH model, as well, the specific version of this model used in our case 

study for simulating the weathering of a volcanic ash deposit are presented. 

 

 

3.9.1.1. WITCH development and previous applications 

 

A main challenge for the accurate description of continental weathering is to 

identify the main factors controlling chemical weathering and to quantify their 

effect in given environments and at various geometric and time scales. 

Therefore, a critical step is the building of a numerical model describing the 

large-scale (watershed-scale) weathering of silicate rocks, based on a 

description of the weathering processes as mechanistic as possible (including 

dissolution of primary and secondary minerals and precipitation of secondary 

minerals and coupled to hydrological processes) (Goddéris et al., 2006). 

 

The WITCH model mainly relies on laboratory kinetics laws to describe 

chemical weathering in the natural environment. WITCH was applied to 

estimate the chemical weathering in soil horizons and underlying bedrock of 

different lithologies (basalt, granite, sandstone, loess), ranging from polar 

(Mackenzie basin) to tropical settings (Orinoco watershed) (Goddéris et al., 

2006, 2009, 2010, 2013; Beaulieu et al., 2010, 2011, 2012). 

 

In the late years, the WITCH model has been coupled to different biological 

and climatic models. Thus, in order to explore the response of the continental 

weathering to anthropogenic land use and climate changes, WITCH has been 

coupled to a model of the continental biospheric productivity (ASPECTS 

model) (Goddéris et al., 2006, 2009). In another application, the rates of 

mineral weathering in loess deposited 23 kyr ago were explored using the 

WITCH model and the GENESIS model for climate simulation (Goddéris et 
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al., 2010). WITCH model, coupled to a biogeochemistry model (LPJ), has 

been used to quantify the sensitivity of CO2 consumption by silicate rock 

weathering through changes in continental vegetation and drainage at various 

atmospheric CO2 levels (Beaulieu et al., 2010, 2011, 2012). WITCH has been 

also included in a cascade of numerical models, along with models for climate 

(ARPEGE) and vegetation (CARAIB), to explore the effect of an increase in 

CO2 into the future (Goddéris and Brantley, 2013; Goddéris et al., 2013). 

 

 

3.9.2. The general description of the WITCH model  

 
The WITCH geochemical model is a box model that calculates the time 

evolution of the enriched solution as a function of time (Goddéris et al., 2006, 

Goddéris et al., 2013). In this study, the model is applied to estimate the 

enriched solution obtained from the chemical weathering of a continental size 

deposit of rhyolitic ash extending from the surface down to 20 cm.  

 

The mass balance is calculated for each time step solving the following 

differential equation (Eq. [3.17]): 

 
𝑑(𝑧 𝜃 𝐶𝑗)

𝑑𝑡
= 𝐹𝑡𝑜𝑝 − 𝐹𝑏𝑜𝑡 + ∑ 𝐹𝑤𝑒𝑎𝑡ℎ,𝑗

𝑖𝑛𝑚
𝑖=1 − ∑ 𝐹𝑝𝑟𝑒𝑐,𝑗

𝑖𝑛𝑚
𝑖=1 ± 𝐹𝑒𝑥𝑐ℎ𝑎𝑛𝑔𝑒     [3.17] 

 

Where 𝐶𝑗 is the concentration of the species j. WITCH includes a budget 

equation for Ca2+ , Mg2+, K+, Na+, total alkalinity, total aluminium and total 

silica. 𝑧 is the thickness of the layer under consideration and 𝜃 is the water 

volumetric content. 𝐹𝑡𝑜𝑝 is the input of species from the layer above the given 

layer in moles per unit time through drainage and 𝐹𝑏𝑜𝑡 is the output of species 

from the layer at the base of the box in moles per unit time through drainage. 

𝑛𝑚 is the total number of minerals considered in the simulation. 𝐹𝑒𝑥𝑐ℎ𝑎𝑛𝑔𝑒 is 

the exchange term between the soil solution and the clay-humid complex 

𝐹𝑤𝑒𝑎𝑡ℎ,𝑗
𝑖  is the release of species j to solution of the mineral i in the box and 

𝐹𝑝𝑟𝑒𝑐,𝑗
𝑖  is the removal of j through precipitation when the solution becomes 

supersaturated with the respect to mineral i (Godderis et al., 2006; Godderis 

et al., 2013). The dissolution 𝐹𝑤𝑒𝑎𝑡ℎ,𝑗
𝑖  and precipitation 𝐹𝑝𝑟𝑒𝑐,𝑗

𝑖  terms for 

silicate minerals are calculated using kinetic laws and parameters derived from 

transition state theory (Eyring, 1935) and laboratory experiments, 

respectively. 
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The overall dissolution rate of a mineral 𝑅𝑠 is derived using (Schott et al., 

2009; Goddéris et al., 2010): 

 

𝑅𝑠 = 𝐴 ∙ 𝑆𝑤  [∑ 𝑘𝑖 ∙ exp (
𝐸𝑎

𝑖

𝑅𝑇
) ∙  𝑎𝑖

𝑛𝑖 ∙ 𝑓𝑖𝑛ℎ𝑖 ] (1 − Ω𝑠)           [3.18] 

 
where A stands for the mineral reactive surface, 𝑆𝑤 is the moisture saturation 

(which depends on the water volumetric content, Sverdrup and Warfinge,  

1995) of layer n, 𝑘𝑖 and 𝐸𝑎
𝑖  are the dissolution rate constant and activation 

energy for the i species-promoted dissolution, respectively, 𝑎𝑖 and 𝑛𝑖 represent 

the activity and the order of reaction with respect to the dissolving species i, 

respectively. The parameter 𝑓𝑖𝑛ℎ describes the inhibiting effect of aqueous 

species on proton and hydroxyl-promoted aluminosilicate dissolution 

reactions. In general, 𝐴𝑙3+ is regarded as the main inhibiting species (e.g., 

Oelkers et al., 1994; Oelkers and Schott, 1995; Devidal et al., 1997). The 

effect of departure from equilibrium on mineral dissolution rates is accounted 

for by the factor (1 − Ω𝑠), where Ω stands for the solution saturation index 

with respect to the particular solid and s reflects stoichiometry (i.e. the number 

of metal atoms that need to be removed to form one precursor complex during 

dissolution). 𝐹𝑝𝑟𝑒𝑐𝑖𝑝𝑖𝑡𝑎𝑡𝑖𝑜𝑛 is computed from Eq. [3.18] when precipitation of 

secondary phases is allowed to occur, i.e. when the affinity term in equation 

term is negative (i.e. Ω𝑠 > 1).  

 

Additionally, the solution saturation state is described with the equation 3.19: 

 

Ω =
𝑄

𝐾𝑔
                                                                                                        [3.19] 

 

Where 𝑄 is the activity quotient and 𝐾𝑔 is the equilibrium constant for mineral 

dissociation reaction. 
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CHAPTER 4 Dissolution behaviour of a basaltic ash 

between pH 2 and pH 11 at 20 °C 
 

 

4.1. INTRODUCTION 
 

Understanding the chemical weathering of aluminosilicate minerals and 

glasses is important in diverse contexts, including geochemistry and 

biogeochemical cycles (Oelkers et al., 2001), nuclear waste management 

(Techer et al., 2000) or even cultural heritage conservation (Verney-Carron et 

al., 2017). It has been shown that weathering of basaltic glass strongly impacts 

the chemistry of surface waters as well as the carbon cycle (Dessert et al., 

2003). Among the natural aluminosilicates, basaltic glass plays a major role 

in the global flux and cycling of numerous metals and nutrients. This is due to 

its widespread occurrence on the ocean floor and in volcanic terrains, emission 

during volcanic eruption and relative rapid dissolution rate (Oelkers and 

Gislason, 2001). Therefore, significant efforts have been made to unravel the 

dissolution rates and alteration mechanism of basaltic glass. 

 

Glasses in contact with an aqueous solution are subject to continuous 

dissolution, during which altered layers with different compositions form on 

the surface (Baucke, 1974). Much evidence has accumulated documenting the 

development of Si-rich cation-depleted layers of varying thickness on many 

dissolving silicates, especially at low pH (Brantley, 2003). This altered layer 

has been named variably as ‘hydrated glass’, ‘leached glass’, ‘gel layer’, 

‘leached layer’ or ‘residual layer’ (Boksay et al., 1967; Chou and Wollast, 

1984; Gin et al., 2015; Verney-Carron et al., 2017). It has also been suggested 

that such layers may not be homogeneous in composition, structure or 

thickness (e.g., Gout et al., 1997). In contrast, other authors have suggested 

that leached layers are uniform over the mineral surface (e.g., Schweda et al., 

1997; Brantley, 2003). The presence of residual layer on the solid surface has 

been hypothesized to slow down the dissolution process (Jégou et al., 2000; 

Gin, 2001; Valle et al., 2010). 

 

In order to explain the formation of a residual or gel layer on glass surfaces, 

three hypotheses are usually suggested. The first one considers that the layer 

at the surface results from a selective leaching of the glass. The gel is formed 

by inter-diffusion between alkalis and hydrogen species (Rana and Douglas, 

1961 a, b; Doremus, 1975; Landford et al., 1979) and consists in a residual 

skeleton of the pristine glass. The second hypothesis is that the gel layer is 

formed by precipitation from a saturated solution (Crosvisier et al., 1987; 

2003; Zhou and Fyfe, 1989; Jercinovic et al., 1990; Daux et al., 1994; Stroncik 

and Schmincke, 2001). The third hypothesis considers that the gel is formed 

by in situ silica recondensation (Bunker, 1994; Tsomaia et al., 2003); it is the 
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preferred view of the community interested in nuclear glass (Jégou et al., 

2000; Gin, 2001; Frugier et al., 2008; Valle et al., 2010). 

 

Alteration layers have been described for feldspars dissolved at subneutral pH 

(Chou and Wollast, 1984, 1985; Casey et al., 1988, 1989; Nesbitt and Muir, 

1988; Muier et al., 1989, 1990; Hellmann et al., 1989, 1990 a,b, 1991; Shotyk 

et al., 1990; Hochella, 1990; Nesbitt et al., 1991; Helmann, 1994, 1995, 1997; 

Stillings and Brantley, 1995; Gout et al., 1997), glasses (Guy and Schott, 

1989; Doremus, 1994; Hamilton et al., 2000, 2001), inosilicates (Brantley and 

Chen, 1995), and some phyllosilicates (Nagy, 1995; Kalinowski and Schweda, 

1996; Brantley, 2003). The development of alteration layers on minerals 

dissolved under neutral and alkaline conditions has not been thoroughly 

investigated (Chou and Wollast, 1984; Hellmann et al., 1989, 1990a, Muir et 

al., 1990; Nesbitt et al., 1991; Hellmann, 1995; Hamilton et al., 2000). Despite 

the plethora of studies mentioning the presence of an altered layer on 

aluminosilicates, little is known about the description of alteration layers in 

polycrystalline materials, which makes the majority of rocks found in nature. 

 

The purpose of this chapter is to study the formation of an altered layer, 

formed over a polycrystalline material using a classical experimental approach 

to study glass alteration. For that, a dissolution experiment conducted over a 

specimen of basaltic ash was carried out using solutions of different pH at 20 

°C in a fluidized bed reactor. We determine the cation releases and calculated 

the dissolution rate at steady state in an attempt to investigate the formation of 

a residual layer at the surface of the ash.  

 

 

4.2. MATERIALS AND METHODS 

 

4.2.1. Sample characterisation and preparation 
 

The volcanic ash sample used in this study corresponds to the 23 November 

2013 eruption of Mt. Etna, Sicily (Viccaro et al., 2014). The eruption had a 

Volcanic Explosivity Index of 2 and the total erupted mass was ~1.3 ± 1.1 x 

109 kg (Bonaccorso et al., 2014; Andronico et al., 2015). The sample was 

collected fresh and given to us by the National Institute of Geophysics and 

Volcanology, Catania, Sicily. The ash material was sieved to obtain a particle 

size fraction between 63 and 100 µm. The sieved size-fraction corresponded 

to 30% of the original sample mass. Its composition is that of a basalt (47.05 

wt.% SiO2). The mineralogy of the sieved Etna ash was quantified by the 

Rietveld refinement method of X-ray diffraction data (Hill et al., 1993; 

Gonzalez et al., 2003) (see chapter 3 for a detailed description of the method). 

The ash crystallinity is ~45.6 wt.% and plagioclases (22.8 wt.%) and 

pyroxenes (13.9 wt.%) are the dominant minerals. According to Viccaro et al., 
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(2014), the plagioclases range in composition between An47 and An91. Olivine 

and oxides also occur but in minor amounts (2.5 wt. % and 4.9 wt.%, 

respectively). The specific surface area, ABET, of the 63-100 µm fraction was 

determined by the three-point BET method using Kr gas adsorption (Brunauer 

et al., 1938). The ABET of the sieved ash ~0.45 m2 g-1. The chemical 

composition and mineralogy of the 63-100 µm size fraction of the volcanic 

ash used is presented in Table 4.1. 

 

Table 4.1. Chemical composition and mineralogy of the 63-100 µm size 
fraction of the Etna ash sample used in this study (ABET~ 0.45 m2 g-1). 

 

 SiO2 Al2O3 Fe2O3 MgO CaO Na2O K2O TiO2 MnO 

Oxide          
(wt. %) 47.05 15.84 13.31 6.62 10.11 3.34 1.97 0.20 0.20 

 

 Glass Plagioclase Pyroxene Olivine 
Fe- 

oxides 

% wt. 54.4 22.8 13.9 2.5 4.9 

 

 

4.2.2. Experiment conditions 
 

The dissolution experiment was carried out in triplicate using the fluidized bed 

reactor described in Chapter 3. A peristaltic pump delivered a constant fluid 

flow of 0.4 mL min-1 to the 65-mL reactor. The temperature was kept at 20 

°C. The dissolution experiment was performed using the same ash sample in 

the pH range 2-11 (acidic zone: pH= 2-5 and alkaline zone: pH=8-11). Six 

input solutions (pH 2, 3, 5, 7.8, 9.8 and 11, and ionic strength of 0.01 mol L-

1) were prepared from reagent grade HCl, NH4OH and NH4OH (Table A.4.1). 

At the beginning of the dissolution experiment, the whole system was cleaned 

thoroughly by circulating a 0.1 mol L-1 hydrochloric acid solution for at least 

24 h. Deionised water was then fed continuously to the system for at least 12 

h. After this period, the first desired input solution was pumped for 24 h prior 

to the introduction of ~0.5 g of ash material. Prior to the introduction of the 

ash material, a sample of the circulating solution from each reactor (blank) 

was taken for subsequent chemical analysis. After 100 h, the input solution 

was replaced with the next desired input solution composition and the 

experiment was carried out for another 100 h. The same operation was 

repeated for each input solution, totalizing 600 h of dissolution for the six 

different pH conditions. This experimental protocol is similar to that used by 

Chou and Wollast (1984). The dissolution experiment started in the acidic 

zone at pH 5 with a decreasing of pH (3 and 2). We then switched the pH 

conditions to the alkaline zone, beginning at pH 11 and then pH 10 and 8. The 

pH variations in the output solution throughout the entire duration of the 
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dissolution experiment are reported in Table 4.2. The sample solution was 

collected every 20 minutes in 8 mL PS-clear vials during the three first hours 

following injection of a new input solution, and then after 5, 7, 15, 21, 24, 48, 

72, 96 and 100 h. The samples were acidified at 0.5% with nitric acid 

Suprapur® 15 molar. The concentrations of Si, Al, Fe, Ca, Mg, Na, K and Mn 

in the ouptput solution were determined by Inductively Coupled Plasma 

Atomic Emission Spectroscopy (ICP-AES). The detection limit was 10 µg L-

1 for Si, Na and K, 4 µg L-1 for Mn, 3 µg L-1 for Fe, 2 µg L-1 for Al, 1.5 µg L-

1 for Mg and 0.8 µg L-1 for Ca. The error on the ICP-AES analytical 

measurements was estimated about 1.5% (>50 ppb) and 0.5% (50-200 ppb). 

The concentration of the studied cations in the blank solution (pH 5 without 

ash sample) was: Si 17±2 µg L-1; Ca 5.7±1 µg L-1; Na 3±2 µg L-1, while the 

concentration of the other cations (Al, Fe, Mg, Mn, K) were under the 

detection limit. 

 

 

4.2.3. Theoretical background  

 
When the conditions of far-from equilibrium and steady-state are met, the 

dissolution rate of a solid (𝑟, in mol m-2 s-1) is given by Declercq et al. (2013) 

and references therein:  

 

𝑟𝑖 =
𝐶𝑖 𝑓

𝐴 𝑚 
 × 𝑠                    [4.1] 

 

where 𝐶𝑖 (mol L-1) is the aqueous concentration of the 𝑖𝑡ℎ element in the outlet 

solution minus the blank concentration at the beginning of the experiment, 𝑓 

(L s-1) the solution flow rate, 𝐴 (m2 g-1) the reactive surface area of the 

dissolving material and 𝑚 (g) the mass of sample. The term 𝑠  is a 

stoichiometric factor, relating the number of moles of the 𝑖𝑡ℎ element in the 

rock/glass/ash normalised to one mole of silica, i.e. 𝑠 = 1 when 𝑟 is calculated 

from the output solution Si concentrations. It is rarely possible to determine 

the actual reactive surface area of a dissolving mineral. Thus, 𝐴 is 

approximated based on the 𝐵𝐸𝑇 specific surface area, 𝐴𝐵𝐸𝑇.  

 
 

4.3. RESULTS 

 

4.3.1. Cation releases 
 

The evolution of the concentrations of cations in the output solution (µmol    

L-1) as a function of time are shown in Figure 4.2. The concentration of Si 

increased with decreasing acidity. However, the concentration increased 

dramatically up to ~850 µmol L-1 within the first hour of dissolution at pH 11, 
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it then rapidly decreased to lower steadier values of 25 µmol L-1. Silicon 

release dropped further (3-18 µmol L-1) when the pH of the input solution was 

switched from pH 11 to pH 10. The concentration of Al was the highest at the 

onset of the dissolution experiment at pH 5, but it dropped sharply within 7 h 

to reached values < 0.5 µmol L-1 at pH 5. At lower pH values, the 

concentrations of Al increased to 5-19 µmol L-1 (pH 3) and 10-22 µmol L-1 

(pH 2).  Dissolved iron followed more or less the same trend as Al, but its 

concentration reached the detection limit quickly after the pH 2 input solution 

was replaced with the pH 11 solution. 

 

The release of Ca at the initial stage of dissolution at pH 5 was high (20 µmol 

L-1), but it decreased after 1 h to reach values in the range 0.5-1.7 µmol L-1. 

At lower pH values, the concentrations of Ca increased to 4-12 µmol L-1 (pH 

3) and 6-15 µmol L-1 (pH 2). Ca release dropped further (0.5-3 µmol L-1) when 

the pH of the input solution was switched to alkaline conditions. 

 

Similar to Ca, the initial high concentration of Mg (10 µmol L-1) dropped to 

lower values within 3 h of dissolution. The highest release occurred during 

dissolution at pH 2 (5- 22 µmol L-1) and it somehow mimicked the trend 

displayed by Fe. Sodium and K behaved more or less similarly. They both 

exhibited high initial concentrations followed by much lower values in the 

next few hours. Lower pH values in the acidic zone led to an initial distinct 

increase in concentration which was followed by a steady decrease. In contrast 

to Si, the replacement of the acidic input solution by the alkaline one (pH 11) 

did not affect the Na and K releases significantly. At lower alkaline pH values, 

the concentrations of the monovalent cations tended to decrease below 10 

µmol L-1, although few higher values were recorded for K at pH 10. While the 

release of Mn corresponded to low values (< 0.5 µmol L-1), the variations in 

its concentration paralleled those observed for Mg and Fe.  
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Figure 4.1 (a). Changes in the concentration (µmol L-1) of Si (a), Al (b) and Fe 

(c) under various pH conditions studied for the dissolution of a basaltic ash. 
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Figure 4.1 (b). Changes in the concentration (µmol L-1) of Ca (a), Mg (b) and 
Na (c) under various pH conditions studied for the dissolution of a basaltic 

ash. 
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Figure 4.1 (c). Changes in the concentration (µmol L-1) of K (a) and Mn (b) 
under various pH conditions studied for the dissolution of a basaltic ash. 
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4.4. DISCUSSION 

 

4.4.1. Dissolution behaviour of cations 

 
Figure 4.1 indicates that dissolution of the ash at the beginning of the 

experiment is accompanied by a fast but transient release of all cations. This 

behaviour probably reflects the presence of high-energy sites on the ash 

surfaces (Holdren and Berner, 1979). For example, partially detached SiO2 

tetrahedra that are bonded to the ash’s glass and mineral surfaces, typically 

corresponding to tips and edges, by only one or two bridging oxygens are 

prone to dissolve quickly (Oeklers and Gislason, 2001; Gislason and Oelkers, 

2003). As dissolution progresses, such high surface energy sites disappear 

gradually and the rate of Si release decreases towards steadier values. 

Dissolution of micrometric, high- surface area particles such as glass shards 

attached to ash grains may also contribute to the high cation releases measured 

at the beginning of the experiment (Holdren and Berner, 1979).  

 

In parallel, we also note that each replacement of the input solution 

(corresponding to new pH conditions) almost systematically triggers a high 

release rate; followed by a decrease in the rate until a new steady state is 

approached (Fig. 4.1). This cannot be reconciled with preferential dissolution 

of highly reactive site of an active solid phase. Instead, the observed pattern 

likely reveals an incongruent dissolution mechanism involving the 

preferential removal of alkali and alkaline-earth metals from the solid surface 

due to exchange reactions involving protons in the reactive solution (e.g., 

Chou and Wollast, 1984; 1985; Wollast and Chou, 1992; Oelkers and 

Gislason, 2001; Brantley, 2003). These reactions are believed to be 

responsible for the formation of a residual (or leached) surface layer strongly 

enriched in Si, Al (and perhaps Fe), the cations that typically act as glass or 

mineral network formers (Mysen, 1988).  

 

To better illustrate the idea of an incongruent dissolution behavior and the 

concomitant formation of a residual layer, the ratio Rx was defined as the 

concentration X of a given cation j (i.e. Al, Fe, Ca and Na) relative to the 

concentration of Si in the output solutions at steady-state and normalized to 

the corresponding ratio in the dissolving ash (bulk). If this ratio (Rx= 

(Xj/Si)solution/(Xj/Si)bulk) is greater (smaller) than one, the element is 

preferentially released from (retained in) the ash relative to Si. These Rx 

values calculated for ratios for Al, Fe, Ca and Na are displayed as a function 

of time in Figure 4.2. 
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Figure 4.2 (a). Evolution of the ratios (Rx) as calculated for Al and Fe as a function of dissolution time in acid and alkaline conditions 
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Figure 4.2 (b).  Evolution of the ratio (Rx) as calculated for Ca as a function of dissolution time in acid and alkaline conditions. 
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Figure 4.2 (c). Evolution of the ratios (Rx) as calculated for Na as a function of dissolution time in acid and alkaline conditions. 
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According to Figure 4.2, Al is preferentially released in strong acid conditions 

(pH 2 and 3), whereas it is retained in the ash material between 10 and 100 h 

of dissolution after the pH 5 solution was introduced. In alkaline conditions, 

Al is retained in the ash preferentially over Si. In the same way, in acid 

conditions Fe is preferentially released in strong acid conditions (pH 2 and 3) 

bu it is retained at pH 5, departing from the stoichiometric dissolution 

observed during the first hours (>10 h). In alkaline conditions (pH 10 and 11), 

Fe tends to be immobile. Calcium is preferentially released in acid conditions 

(pH 2, 3 and 5) and at pH 8. At pH 10, Ca is released stoichiometrically 

whereas it is preferentially retained at pH 11. Finally, in the case of Na, this 

cation is strongly depleted in all the pH conditions either acid or alkaline, with 

the exception (Rx<1) of the release at pH 11 during the first stages of 

dissolution (>10 h). 

 

These observations corroborate the view that incongruent dissolution takes 

places on the ash-solution interface and that this mechanism is influenced by 

the solution pH. Incongruent mechanism of dissolution leads to the formation 

of a cation (Na, K, Mg, Ca) depleted layer, of which composition evolves 

according to the pH conditions of the solution in contact with the ash surface, 

whith a preferential release of cations (Al, Fe, Ca and Na) over Si in acid 

conditions and the retention of some cations (Al, Fe and Ca) over Si in alkaline 

conditions. These changes in the chemical composition of the depleted layer 

are discussed further in section 4.4.4. 
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4.4.2. Experimental dissolution rates 
 

We applied Eq. [4.1] to calculate a dissolution rate for the basaltic ash at each 

experimental pH condition, i.e. pH 2, 3, 5, 8, 10 and 11. For each given pH of 

the input solution, steady-state release of Si and Al was assumed to be reached 

after 100 h of dissolution. The corresponding pH, Si concentration and 

calculated dissolution rate values are shown in Table 4.2.  

 

Table 4.2. Si concentrations at steady state (~ 100 h) and logarithm of 
dissolution rate rBET (mol m-2 s-1) at steady state of Etna ash dissolution 

experiments at 20 °C. 

 

The typical dependence of aluminosilicate dissolution on pH can be 

recognized from Table 4.2. Dissolution decreases with increasing pH in the 

acid region and increases with increasing pH in the basic region. On this basis, 

we tested the relationship proposed by Oelkers and Gislason (2001) and which 

links the dissolution rate to the activities of H+ and Al3+. 

 

We use the composition of the output solution and the geochemical model 

PHREEQC (Parkhurst and Appelo, 1999) to calculate aAl3+ (see Appendix 

4.2.). The results displayed in the plots of Figure 4.3 show that the dissolution 

of the basalt ash can be represented by two equations that account for the pH 

effect in the acid (pH 2-5) and alkaline (pH 8-11) zones. 

 

 

Elapsed time 

(h) 
pH 

Si (mol L-1) 

(x 10-6) 

Log rSi, BET   

(mol m-2 s-1) 

100 4.6±0.08 0.50 ± 0.27 -10.83 ± 0.34 

200 3.05±0.004 7.12 ± 0.69 -9.68 ± 0.04 

300 2.05±0.02 20.56 ± 0.27 -9.21 ± 0.005 

400 11.2±0.01 28.85 ± 17.41 -9.07 ± 0.40 

500 9.82±0.02 3.45 ± 0.92 -9.99 ± 0.13 

600 7.79±0.02 0.18 ± 0.09 -11.27 ± 0.17 
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Figure 4.3. Variation of the logarithm of r+BET obtained in the present study at 
20 °C with log (a H+

3/aAl+3) in the acidic zone and in the alkaline zone. The 
solid line represents a least squares fit of the data; the equation and 

coefficient of determination (R2) of this line are given in the figure for each 
zone. 
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As shown in Figure 4.3 for the acid and alkaline dissolution show a good 

correlation (R2= 0.97 for the acid pH 2-3-5 and R2= 0.99 for the alkaline pH 

8-10-11). However, the linear regression relies on three dissolution data 

points, therefore limiting its robustness. In order to strengthen these two 

equations, a comparison with other dissolution studies involving 

aluminosilicates (basaltic glass, plagioclase and pyroxene) is performed. 

 

 

4.4.3. Comparison of the dissolution rates of the basalt ash with 

the dissolution rates of its glass and mineral constituents 
 

We noticed that the experimental dissolution rate of the basaltic ash in our 

study varies with pH in a way similar to what has been shown for the 

dissolution of  basaltic glass (less than 1% of quenched crystals) (Gislason and 

Oelkers, 2003) and crystalline basalt rock (plagioclase 41 vol. %, pyroxene 34 

vol. % and olivine 16 vol. %) (Gudbrandsson et al., 2011). In Figure 4.4, the 

experimental dissolution rates obtained in this study for basaltic ash at 20 °C 

are compared with the experimental dissolution rates for basaltic glass at 30 

°C (Gislason and Oelkers, 2003) and crystalline basalt at 25 °C 

(Gudbrandsson et al., 2011). 

 

 
Figure 4.4. Experimental dissolution rates normalized to BET specific surface 
area in function of pH taken from previous studies for basaltic glass (Gislason 

and Oelkers, 2003) and for basaltic rock (Gudbrandsson et al., 2011). The 
experimental dissolution rates obtained in this study for the Etna basaltic ash 

are also reported. 
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As observed in Figure 4.4, the experimental dissolution rates obtained in our 

study for the basaltic ash are comparable to the experimental dissolution 

values obtained for crystalline and glassy basalt in previous studies. However, 

we cannot conclude that the ash dissolution could be approached to the 

dissolution behaviour of the glassy basalt or the crystalline basalt. For 

instance, the dissolution rate at pH 3 for the ash is closer to that of the 

crystalline basalt, whereas at pH 10 the dissolution rate of the ash is closer to 

that of the basaltic glass. For the other pH conditions (2, 5, 8 and 11), a 

comparison becomes more difficult since dissolution rates for both materials 

(crystalline vs. glassy) are not directly available from the experimental results 

at the same pH. 

 

Gudbransson et al. (2011) argued that the measured dissolution rates for a 

crystalline basalt were equal to those corresponding to the basaltic glass only 

when the equation of basaltic glass dissolution presented by Gislason and 

Oelkers (2003) was adapted for the experimental conditions of the crystalline 

basalt dissolution (aqueous Al concentration of 10-5 mol kg-1). Using this same 

approach, we calculated the dissolution rate values for our studied ash using 

the dissolution equation reported in the scientific literature for basaltic glass, 

but incorporating our experimental dissolution conditions (i.e. 𝑎𝐻+ and 

𝑎𝐴𝑙3+). However, the volcanic ash contains three major components (basaltic 

glass, plagioclase and pyroxene), in which the basaltic glass (54.4 wt. %) 

dominates (Table 4.1). Thus, we also included the dissolution rates for the 

ash’s crystalline components (plagioclase and pyroxene). We estimated the 

dissolution rates of basaltic glass, plagioclase and pyroxene at different pH 

values using the relationships of Gislason and Oelkers (2003) (Eq. [4.2]), 

Gudbransson et al. (2014) (Eq. [4.3] and [4.4]) and Knauss et al. (1993) (Eq. 

[4.5]), respectively. 

 

 

The dissolution of basaltic glass is described according to (Gislason and 

Oelkers, 2003): 

 

 log rGlass+Si (mol cm−2 s−1) = 0.42 log (
𝑎𝐻+

3

𝑎𝐴𝑙3+
) − 11.56                      [4.2] 

 

 

Plagioclase dissolution (Gudbransson et al., 2014) depends on pH and the rate 

laws are: 

 

For pH ≥6 

 

log rplagio+Si (mol cm−2 s−1) = 0.35 log (
𝑎𝐻+

3

𝑎𝐴𝑙3+
) − 11.53                      [4.3] 
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For pH<6 

 

log rplagio+Si (mol cm−2 s−1) = (0.004 An% + 0.05) log (
𝑎𝐻+

3

𝑎𝐴𝑙3+
) 

                                                                       −0.033An% − 14.77         [4.4] 

 

Where An% represents the percentage of anorthite in the plagioclase solid 

solution 

 

 

Diopside-pyroxene dissolution (Knauss et al., 1993) is described by: 

 

  rDiopside+Si (mol cm−2 s−1) = −2.88 𝑥 10−14 𝑎𝐻+
0.18                               [4.5] 

 

 

 The calculated rate values are plotted together with the experimental 

dissolution rates determined at various pH values for the basaltic ash in Figure 

4.5.  

 

 

Figure 4.5. Dissolution rates of the main ash components (basaltic glass, 
plagioclase and pyroxene) as a function of pH. The rates were calculated, by 

applying the dissolution rates laws reported in previous works (Eq. [4.2]-
[4.5]). The experimental dissolution rates obtained for the Etna ash are also 

shown. 
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From Figure 4.5, as it was expected, we observe that the dissolution behaviour 

of the volcanic ash follows the dissolution behaviour of glass and plagioclase; 

i.e. dissolution rates decreased with increasing pH at acid conditions and they 

increased with increasing pH at alkaline conditions. However, at lower pH 

values (2 and 3) the ash dissolution rate is lower than that of basaltic glass but 

higher than the rates at which plagioclase and diopside dissolve. At pH 5, the 

dissolution rate is similar to that inferred for plagioclase, which is lower than 

the dissolution rate of glass and diopside. At pH 8, dissolution of the ash is 

slower than that of glass and diospside. At pH 10, the dissolution rate of ash 

approaches that of plagioclase. Finally, at pH 11, the ash dissolves faster than 

any of its constituents. Therefore, the dissolution behaviour of the ash cannot 

be explained simply by considering the dissolution rates of its individual 

constituents, suggesting the occurrence of complex interactions between 

these. 

 

 

4.4.4. Thickness of the residual layer 

 
Chou and Wollast (1984) developed a relatively simple calculation to derive 

the thickness of the residual layer that formed on the surface of dissolving 

albite due to preferential removal of Na. Here we apply a similar approach to 

estimate the thickness of a hypothetical cation-depleted layer that would have 

developed on the ash surface. We assume that (i) the residual layer formed on 

the ash surface is spatially uniform and (ii) the availability of a cation to be 

leached from the depleted layer is independent of the other cations. Equation 

[4.7] was used to perform the calculations. 

 

First, we defined the total amount Mi t (µmol) of the cation i (Si, Al, Fe, Ca, 

Mg, Na, K, Mn) released during the dissolution experiment at certain time t2 

(s): 

 

𝑀𝑖 𝑡2 =  𝑀𝑖 𝑡1 + [𝐶𝑖 𝑡2 +
𝐶𝑖 𝑡1−𝐶𝑖 𝑡2

2
]  𝑓 (𝑡2 − 𝑡1)                                         [4.6] 

 

Where 𝐶𝑖 𝑡 stands for the concentration of the cation i (µmol L-1) at certain 

time t (s) and  𝑓 (L s-1) the solution flow rate.  𝑀𝑖 𝑡1 stands for the total amount 

of cation i release in the previous time interval considered t1. This calculation 

would correspond approximately to the area under the concentration curve 

(Figure 4.1) at t2 and 𝐶𝑖 𝑡2. 
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Thus, the thickness of the cation i dissolved Li (µm) at certain time t (s) could 

be expressed as: 

 

𝐿𝑖 𝑡2 =  𝑀𝑖 𝑡2  
𝑀𝑊

𝜌
 / (𝑋𝑖 𝐴𝐵𝐸𝑇 𝑚)                                                                         [4.7] 

 

Where MW stands for the molecular weight of the ash (647 g mol-1), 𝜌 is the 

density (3.07 g cm-3), 𝑋𝑖 is the abundance of the cation i on the depleted layer 

and it is approximated by the % molar of each cation in the bulk. 𝐴𝐵𝐸𝑇 (m2    

g-1) is the reactive surface area of the dissolving material and 𝑚 (g) the mass 

of sample. 

 

In Table 4.3, as a reference, the total amount (µmol) of Si and Al released and 

the estimated thickness (µm) of these dissolved cations at different time, using 

Equations [4.6] and [4.7] are presented (see Appendix 4.3 for the rest of 

studied cations): 

 

 

Table 4.3. Total amount M (µmol) of Si and Al released and the estimated 
thickness of layer L (µm) of these dissolved cations at different time. 

Time 

(h) 

pH 𝑴𝑺𝒊 (µmol) 

𝑋𝑆𝑖=0.17 

𝑳𝑺𝒊 (µm) 𝑴𝑨𝒍 (µmol) 

𝑋𝐴𝑙=0.07 

𝑳𝑨𝒍 (µm) 

100 5 4.68±0.12 0.024±0.001 4.59±1.88 0.058±0.024 

200 3 23.94±1.60 0.121±0.008 29.83±8.18 0.379±0.103 

300 2 80.37±3.63 0.405±0.018 74.62±8.83 0.947±0.112 

400 11 252.20±31.99 1.27±0.16 85.31±7.72 1.08±0.10 

500 10 265.67±40.35 1.34±0.20 88.12±9.21 1.11±0.11 

600 8 278.31±49.79 1.40±0.25 90.85±11.59 1.15±0.15 

 

Figure 4.6 displays the evolution of the element specific-thickness of the 

residual layer throughout the whole duration of the dissolution experiment.  
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Figure 4.6. Evolution of the calculated thickness of the dissolved layer for the 
dissolution of Etna ash at 20 °C and pH 2, 3, 5, 8, 10 and 11. For (a) Si, Al, Fe, 

Ca, Mg and Mn and (b) K and Na. 
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Sodium and K were the cations most easily removed from the ash surface. At 

the end of the experiment, the depth of removal is ~7 µm for Na and ~11 µm 

for K. In comparison, the thickness of the layer depleted with respect to Mg 

and Mn is comparable (~2 µm). Calcium was removed from a depth of 1.3 

µm. Silicon and Al dissolution occurred up to ~1.4 and ~1.1 µm, respectively, 

in the ash surface. A similar thickness is found for Fe after 400 h of dissolution 

(Fe concentration was below the detection limit at longer dissolution times). 

 

Clearly, complete removal of all cations occurs only in the top (~1 µm) surface 

of the ash. For example, at 300 h, if one subtracts the thickness of the dissolved 

Si layer from the thickness of the dissolved Al layer, one obtains an imaginary 

thickness where Si has been completely removed but where Al has been 

retained. The evolution of the composition of the residual layer on the ash 

surface as a function of pH and at different time points during acid and alkaline 

dissolution is illustrated in Figure 4.7. 

 

At pH 5, the less soluble cation is Fe followed by Si and Al. Magnesium is 

less mobile than Ca, whereas Mn, K and particularly Na showed the fastest 

removal rate. At pH 3, Si exhibited the most sluggish removal, followed by 

Mg, Fe and Al. The other cations behaved similarly to pH 5. Potassium and 

Na remain the most reactive cations. At pH 2, the three network formers 

(assuming that Fe acts as a network former) are difficult to remove from the 

ash surface, suggesting the existence of a depleted layer of Si on the topmost 

surface of the ash. Compared with the less acidic conditions (pH 3 and 5), Fe 

dissolves faster than Si and Al after 100 hours of dissolution at pH 2. At this 

pH, Mg dissolves faster than Ca. Sodium, and to a lesser extent K and Mn, 

dissolve even faster.  
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Figure 4.7. Hypothetical representation of the ash surface after 100, 200 and 

300 h of dissolution at acidic pH values. 
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 Figure 4.8. Hypothetical representation of the ash surface after 400, 500 
and 600 h of dissolution at alkaline pH values. 
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A different pattern of cation releases from the ash surface is noticed when 

dissolution takes place in the alkaline zone, as presented in Figure 4.8. The 

removal of Si is extremely fast at pH 11, whereas Al removal occurs at a lower 

rate and Fe is barely released. Calcium release tends to be slower than earlier 

in the acidic dissolution experiment. However, Mg does not follow this 

tendency. Again, K, Na and Mn are the most mobile cations. Silicon removal 

decreased sharply at pH 10 and 8, but the behaviour of the other cations 

parallels that observed at pH 11.  

 

Overall, our results imply that the composition of the residual layer enriched 

in Si (acid) and Al (alkaline) varies depending on the pH of the reactive 

solution. It responds rapidly to the changes in pH. As the residual layer builds 

up, the rate of dissolution decreases until it reaches a quasi-steady state. The 

dissolution of the superficial part of the residual layer reduces its thickness 

and releases preferentially the elements enriched in it. The switch to alkaline 

pH condition after 300 h of dissolution triggers a rapid and high release of Si 

from the residual layer. In turn, this leads to Al enrichment in the ash surface.  

 

As presented in Figures 4.7 and 4.8, the thickness of the altered layer on the 

ash surface was estimated to be on the order of a few micrometres. This result 

is somehow puzzling when compared to the thickness of the altered layer 

estimated in the study of Chou and Wollast (1984) for albite dissolution. 

According to Chou and Wollast (1984), after 500 hours of dissolution a layer 

of 5 Å had dissolved from an albite grain; followed by an altered layer of 15 

Å (enriched in Si) and then another altered layer of 13 Å (enriched in Si and 

Al). In in our experiment the alteration layer on the basaltic ash reached 10 

µm after 500 hours (Figure 4.5), i.e. four orders of magnitude greater than the 

layer thickness inferred by Chou and Wollast (1984) for albite.   

 

The thickness of the alteration layer inferred for the Etna ash agrees better 

with more recent dissolution experiments involving glass.  For example, Valle 

et al. (2010) found a gel layer of 0.5 µm on the surface of a borosilicate glass 

(SiO2 ~47%, Al2O3 ~5%, B2O3 ~14.5%, CaO ~ 4%, Fe2O3 ~ 3%, Na2O ~ 

10.5%) exposed to a pH~8 solution at 90°C during 2 weeks.  This increased 

up to 1.5 µm after 1 month and 13.7 µm after 6 months.  In our study, after 

100 hours (4.17 days) at pH 8 the “gel-altered layer” devolped a thickness of 

1.25 µm (t=501 h: 10.1µm and t=600 h: 11.35 µm), giving a rate of increase 

of 0.3 µm day-1. This value is only four times higher than that found by Valle 

et al. (2010) for the borosilicate glass (0.07 µm day-1). The difference could 

relate to the lower renewal rate of the solution used by these authors, i.e. 

around 50 times smaller than in our experiment (576 mL day-1). Alternatively, 

we could invoke a phenomenon of reorganization of the altered layer as it has 

been described by Girad et al. (2008), which would reduce the thickness of 

the altered layer due to changes in the internal porosity of the altered layer 

during dissolution. For the other pH values tested, the development of the 
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altered layer on the ash surface was on the same order as the previous 

estimation at pH 8 (pH 5: 0.4 µm day-1; pH 3: 0.2 µm day-1; pH 2: 0.3 µm day-

1; pH 11: 0.3 µm day-1; pH 10: 1.17 um day-1). 

 

Nesbitt and Skinner (2001) reacted labradorite with an HCl solution (pH=2, 

25 °C). They found a leached layer extending to about 1.5 µm depth after 143 

hours of leaching (0.25 µm day-1). This value was used later in a model of 

glass dissolution proposed by Aradotir et al. (2013). Spadaro et al. (2012) 

highlighted the presence of an altered layer of 10 µm after exposing a glass 

sample to volcanic gas emission from Etna during 63 days. Finally, Arab et 

al. (2008), studying the alteration behavior of borosilicate glasses (pH 8.2, 90 

°C), described an alteration layer comprised between 0.8 and 1.4 µm (0.4-0.7 

µm day-1) in response to the dissolution of borosilicate glasses at pH 8.2 and 

90 °C. 

 

 

4.4.5. Estimating the diffusivity of cations in the residual layer 
 

Knowing the release of the elements and the thickness of the residual layer 

formed upon dissolution, it is possible to estimate the diffusion coefficients of 

the cations (Ca, Mg, Na and K) in the ash at steady state (Chou and Wollast, 

1984). The calculation assumes that a constant gradient is established between 

the solution interface and the fresh ash surface. The concentration of each 

cation is set at zero at the solution interface, whereas a fixed value 

corresponding to the molar concentration of each cation in the bulk material 

is used to represent the fresh ash interface. We used the approach described 

by Li et al. (2017) to compute the diffusion coefficient, D(c) (cm2 s-1):  

 

𝐷(𝑐) = −
1

2𝑡
 
𝑑𝑥

𝑑𝑐
 ∫ 𝑥 𝑑𝑐

𝑐

0
                                                                             [4.8] 

 

where c (mol cm-3) is the concentration of the diffusing cation, x (cm) is the 

distance from the glass surface, and t(s) is the time over which diffusion 

occurs. 

 

The values of D(c) at the steady state as calculated for the last four hours of 

dissolution at each pH condition (i.e. when the steady state was reached) are 

presented in Table 4.4. The D(c) of Ca and Mg are on the order of 10-11 and 

10-12 cm2 s-1, whereas the D(c) of K and Na are ~10-10 cm2 s-1. The diffusivities 

of Na and K are almost two orders of magnitude larger than those of Ca and 

Mg. This would confirm that Ca and Mg are more strongly bound in the ash 

than the alkaline cations. Convincingly, Mehrer et al. (2008) noticed that the 

diffusivity of Na in soda-lime silicate glass was more than six orders of 

magnitude faster than the diffusivity of Ca.  
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Table 4.4. Diffusion coefficients (cm2 s-1) calculated for the cations (Ca, Mg, 
Na and K) during the last four hours of dissolution at pH 2, 3, 5, 8, 10 and 11. 

Concentration Ca Mg Na K 

on the surface 

(mol/cm3) 

 

pH 

0.009 

 

DCa (cm2/s) 

( x 10-12) 

0.008 

 

DMg (cm2/s) 

( x 10-12) 

0.005 

 

DNa (cm2/s) 

( x 10-10) 

0.0027 

 

DK (cm2/s) 

( x 10-10) 

2 -130.3±15.4 -47.1±4 -3.80±0.47 -2.37±0.86 

3 -43.3±12.4 -5.52±1.92 -3.01±0.48 -1.44±0.72 
5 -4.38±0.93 - -2.25±0.47 -0.71±0.43 
8* -7.86±5.48 -3.82±0.72 -1.01±0.17 -2.25±0.34 
10 -18.9±0.95 -21.3±15.4 -6.31±1.18 -14.77±2.38 
11 -19.9±18.6 -34.2±28.9 -4.77±0.62 -3.97±0.78 

*Diffusion coefficients calculated between 72 and 100 h, since dissolution values at 

96 h were not measured. 
 

Our calculated D(Na) and D(K) are much higher than estimates reported 

previously for Na and K diffusion in feldspars. For example, Chou and 

Wollast (1984) indicate a D(Na) value in albite of 10-19 cm2 s-1, i.e. eight orders 

of magnitude lower. In contrast, Li et al. (2017) measured D(Na) and D(K) 

values in the range of 10-10 - 10-11 cm2 s-1 for synthetic aluminosilicate glasses. 

Verney-Carron et al. (2015) studied the exchange between protons and 

alkaline cations during the experimental weathering of an ancient stained 

glass; they found D values of ~10-14 cm2 s-1 for an altered thickness of 2 µm. 

Smets and Loment (1982) investigated the leaching of Na-containing glass at 

70 °C and reported D(Na) values comprised between 10-7 and 10-11 cm2 s-1.  

 

The wide variations in the D values found in the scientific literature may arise 

from different experimental conditions. Our study reveals that the thickness 

and especially the composition of the residual layer are influenced by pH, 

which in turn will affect cation diffusion through the residual layer. 

Nevertheless, the D(c) values derived from our dissolution experiments are 

compatible with the range of values found in other studies.  
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4.5. CONCLUSIONS 

 
The use of the continuous-flow fluidized bed reactor allowed us to study the 

kinetics of dissolution of a basaltic ash sample from Etna volcano at pH 2, 3, 

5, 8, 10 and 11. We measured the concentration of Si, Al, Fe, Ca, Mg, Mn, Na 

and K in the output solutions released during dissolution of the ash. It was 

possible to induce an increase in the dissolution rate of the ash by modifying 

the pH of the input solution instantaneously. This constitutes a strong evidence 

for the formation of residual (leached) layer on the ash surface. We estimated 

this layer to be micrometric in thickness. It develops in response to 

incongruent dissolution of the ash’s constituents. At acidic pH values, the 

depleted layer is enriched in Si, whereas at alkaline pH values it is probably 

more enriched in Al.  

 

We calculated the diffusivities of Ca, Mg, Na and K in the leached layers and 

found values ranging from 4 x 10-12 to 130 x 10-12 cm2 s-1 (Ca and Mg) and 

from 0.7 to 15 x 10-10 cm2 s-1 (Na and K). This indicates a higher mobility of 

the alkaline cations compared to the alkaline-earth cations. This finding opens 

a potential application for the determination of diffusion coefficients during 

the weathering of aluminosilicates using our fluidized bed system. 

 

Further, computed the experimental dissolution rates of the ash sample at the 

different pH conditions. The rates vary between 1.5 x 10-5 and 61 x 10-5 µmol 

m-2 s-1; it decreased with increasing pH at acidic conditions and increased with 

increasing pH at alkaline conditions. The dissolution behaviour of the ash 

cannot be explained simply by considering the dissolution rates of its 

individual constituents, suggesting the occurrence of complex interactions 

between these. 
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Appendix 4.1. Experimental conditions 

 

Table A.4.1. Composition of inlet solutions used in the experiments 
performed in the present study. 

pH (20°C) HCl (mol/L) NH4Cl (mol/L) 
NH4OH 

(mol/L) 

2 0.01   

3 0.001 0.00900  

5 0.00001 0.00999  

7.79  0.0095 0.0005 

9.82  0.004 0.006 

11   0.01 

 

 

Appendix 4.2. The activity of H+ and Al3+ obtained using 

PHREEQC computer code 
 

 

Table A.4.2. The activity of H+ and Al3+ obtained using PHREEQC computer 
code.                          

(Parkhurst and Appelo, 1999). 

 

 

 

Elapsed 

time (h) 
pH a H+

 [1] a Al3+
[1] 

Log (a 

H+
3/aAl+3) 

100 4.6±0.08 2.54 x 10-5 8.84 x 10-8 -6.73±0.31 

200 3.05±0.004 8.98 x 10-4 2.44 x 10-6 -3.53±0.03 

300 2.05±0.02 8.92 x 10-3 6.80 x 10-6 -0.98±0.07 

400 11.2±0.01 6.17 x 10-10 8.50 x 10-28 -6.56±0.36 

500 9.82±0.02 1.50 x 10-10 3.86 x 10-23 -7.05±0.20 

600 7.79±0.02 1.62 x 10-8 5.68 x 10-16 -8.12±0.23 
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Appendix 4.3. Cation concentration during the dissolution experiment/ ETNA ASH pH 5  

Time (h) 
Si       

(µmol L-1) 

Standard 

deviation 

Al      

(µmol L-1) 

Standard 

deviation 

Fe       

(µmol L-1) 

Standard 

deviation 

Ca      

(µmol L-1) 

Standard 

deviation 

0.2 0.76 0.11 0.78 0.26 0.17 0.02 43.15 10.64 

0.44 9.52 1.06 13.54 1.46 3.20 0.16 12.44 2.60 

0.72 19.52 1.38 26.01 3.11 4.36 0.57 18.13 1.69 

1.03 23.63 2.50 29.25 4.67 4.34 0.95 19.56 1.69 

1.34 25.22 1.47 29.51 3.41 4.05 0.58 18.59 1.85 

1.65 25.60 2.25 27.98 1.12 3.50 0.28 17.22 0.76 

1.96 25.61 2.30 27.47 2.99 3.36 0.60 17.22 1.46 

2.27 25.30 1.86 26.49 2.86 3.17 0.56 16.44 1.43 

2.54 25.09 2.02 25.32 3.79 3.03 0.88 15.61 2.14 

2.84 23.86 2.04 23.91 3.54 2.79 0.62 14.60 1.79 

3.14 22.98 0.83 22.04 2.44 2.57 0.20 13.74 0.39 

7 9.26 1.45 7.06 2.01 0.83 0.15 5.27 0.63 

15 1.83 0.44 0.53 0.175 0.15 0.08 1.68 0.42 

19 1.09 0.41 0.27 0.09 0.09 0.07 1.08 0.18 

25 0.90 0.54 0.22 0.10 0.11 0.01 1.15 0.17 

48 0.67 0.53 0.24 0.13 0.10 0.01 0.84 0.52 

72 0.58 0.32 0.34 0.18 0.10 0.07 1.04 0.23 

96 0.59 0.11 0.19 0.03 0.06 0.04 0.80 0.50 

100 0.50 0.27 0.17 0.03 0.02 0 0.51 0.21 



 

147 
 

ETNA ASH pH 5  

Time (h) 
Mg          

(µmol L-1) 

Standard 

deviation) 

Na           

(µmol L-1) 

Standard 

deviation 

K              

(µmol L-1) 

Standard 

deviation 

Mn    

(µmol L-1) 

Standard 

deviation 

0.2 120.04 63.76 1347.26 1034.41 21.72 15.61 0.07 0 

0.44 10.18 1.68 57.97 20.57 4.28 0.90 0.09 0.04 

0.72 9.84 3.99 66.42 27.92 6.73 1.20 0.14 0.03 

1.03 10.00 3.33 70.14 24.71 7.11 1.29 0.15 0.03 

1.34 8.40 3.40 63.01 27.07 6.26 0.87 0.15 0.02 

1.65 7.84 3.43 62.38 27.96 5.99 0.92 0.15 0.04 

1.96 7.64 3.40 61.45 26.36 5.73 0.87 0.15 0.03 

2.27 7.48 3.27 60.09 28.66 5.23 0.81 0.15 0.04 

2.54 7.21 3.07 57.52 27.13 4.99 0.74 0.15 0.03 

2.84 6.98 3.09 55.72 28.11 5.38 2.00 0.13 0.03 

3.14 6.83 3.11 54.54 29.39 4.23 0.48 0.13 0.03 

7 2.89 1.37 23.35 11.02 1.39 0.43 0.05 0.03 

15 1.30 0.81 11.54 2.85 0.33 0.11 0.05 0 

19 0.80 0.72 7.11 3.86 0.13 0.09 0.06 0 

25 1.20 0.34 6.76 3.91 0.05 0 0.06 0 

48 0.72 0.67 6.56 3.26 0.20 0.32 0.04 0 

72 0.66 0.46 3.16 2.52 0.05 0.04 0.04 0 

96 0.31 0.18 2.09 0.74 0.11 0 0.05 0 

100 0.24 0.20 1.97 1.32 0.09 0 0.05 0 
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ETNA ASH pH 3 

Time (h) 
Si       

(µmol L-1) 

Standard 

deviation 

Al      

(µmol L-1) 

Standard 

deviation 

Fe       

(µmol L-1) 

Standard 

deviation 

Ca      

(µmol L-1) 

Standard 

deviation 

100.1 0.50 0.27 0.17 0.03 1.04 1.45 0.51 0.21 

100.72 5.75 0.52 9.83 0.80 2.12 0.42 4.21 0.43 

101.05 7.52 0.20 11.42 0.34 2.57 0.28 5.451 0.78 

101.35 8.67 0.19 13.13 0.65 2.99 0.29 5.831 0.36 

101.67 9.27 0.72 13.72 0.60 3.35 0.43 7.09 1.08 

102 10.35 0.75 14.80 0.89 3.69 0.54 7.43 0.13 

102.33 11.38 0.49 15.72 0.47 4.05 0.47 8.32 1.14 

102.66 12.14 0.25 16.12 1.14 4.33 0.61 8.41 0.43 

103.1 12.51 0.50 16.04 1.51 4.51 0.67 8.79 0.68 

103.48 14.34 0.43 19.02 0.18 5.71 0.27 11.21 0.87 

107 13.29 0.44 16.47 0.40 6.45 0.35 10.99 0.35 

115 9.18 0.34 11.52 0.93 5.64 0.24 9.35 0.67 

119 8.38 0.37 10.42 0.57 5.48 0.09 8.69 0.15 

125 7.58 0.78 9.40 0.67 5.26 0.27 7.88 0.12 

148 6.20 0.47 6.77 0.50 4.23 0.18 6.06 0.28 

172 8.59 2.93 6.18 0.29 4.43 0.24 5.08 0.38 

196 6.92 0.60 5.29 0.18 4.42 0.14 4.01 0.33 

200 7.12 0.69 5.52 0.37 4.61 0.22 4.28 0.13 
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ETNA ASH pH 3 

Time (h) 
Mg          

(µmol L-1) 

Standard 

deviation 

Na           

(µmol L-1) 

Standard 

deviation 

K              

(µmol L-1) 

Standard 

deviation 

Mn    

(µmol L-1) 

Standard 

deviation 

100.1 0.24 0.23 1.97 1.31 0.09 0 0.05 0 

100.72 1.09 0.19 6.50 0.67 1.49 0.73 0.14 0.11 

101.05 2.64 2.05 7.89 0.15 1.75 0.41 0.11 0.08 

101.35 1.68 0.10 8.69 1.35 1.67 0.69 0.09 0.06 

101.67 2.03 0.43 9.11 0.79 1.76 0.62 0.11 0.07 

102 1.98 0.23 10.29 1.57 1.80 0.84 0.10 0.06 

102.33 2.10 0.10 9.90 0.75 1.87 0.80 0.12 0.03 

102.66 2.27 0.14 10.97 0.80 2.10 0.37 0.13 0.04 

103.1 2.44 0.19 11.36 0.95 2.313 0.49 0.13 0.04 

103.48 3.20 0.22 12.85 1.15 2.46 0.86 0.15 0.02 

107 3.50 0.54 10.20 0.23 2.20 0.76 0.15 0.01 

115 2.80 0.29 7.79 0.92 1.89 0.48 0.13 0.02 

119 2.74 0.29 7.16 0.65 1.71 0.58 0.12 0.01 

125 2.92 0.37 6.91 1.60 1.48 0.47 0.14 0.02 

148 2.49 0.31 4.55 0.07 1.39 0.50 0.09 0.004 

172 3.80 0.55 4.10 0.19 1.16 0.44 0.09 0.01 

196 4.85 0.53 3.49 0.37 1.16 0.42 0.09 0.02 

200 5.26 0.67 3.81 0.51 1.20 0.39 0.11 0.02 
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ETNA ASH pH 2 

 

Time (h) 
Si       

(µmol L-1) 

Standard 

deviation 

Al      

(µmol L-1) 

Standard 

deviation 

Fe       

(µmol L-1) 

Standard 

deviation 

Ca      

(µmol L-1) 

Standard 

deviation 

200.1 7.12 0.69 5.52 0.36 4.61 0.22 4.28 0.13 

200.44 8.68 0.95 7.32 0.19 6.02 0.18 4.44 0.19 

200.8 9.25 0.73 8.36 0.27 6.64 0.18 5.10 0.23 

201.13 9.98 0.63 9.34 0.20 7.19 0.34 5.60 0.25 

201.48 11.49 1.26 10.86 0.49 8.02 0.22 6.62 0.31 

201.84 12.24 0.24 12.20 0.46 8.73 0.27 7.28 0.08 

202.2 13.21 0.35 13.24 0.43 9.23 0.30 7.88 0.08 

202.55 14.29 0.63 14.74 0.65 9.94 0.44 8.68 0.23 

202.9 14.70 0.42 15.01 0.75 10.17 0.36 9.27 0.52 

203.2 16.97 3.04 16.67 1.60 11.31 1.94 10.78 1.50 

207 22.89 2.24 20.80 0.44 14.86 1.42 12.98 0.49 

215 26.65 1.21 21.79 0.51 16.76 0.68 15.35 3.72 

220 26.39 1.46 21.33 1.64 16.01 0.65 12.80 0.65 

224 27.52 1.02 21.37 0.90 16.40 0.50 13.64 1.32 

248 24.84 1.30 18.99 1.47 13.57 0.31 11.13 0.82 

272 22.60 0.83 17.78 0.68 12.07 0.64 10.66 0.06 

296 20.77 0.70 16.20 0.81 10.37 0.31 9.30 0.30 

300 20.56 0.27 15.30 0.69 9.76 0.56 8.81 0.75 
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ETNA ASH pH 2 

 

Time (h) 
Mg          

(µmol L-1) 

Standard 

deviation 

Na           

(µmol L-1) 

Standard 

deviation 

K              

(µmol L-1) 

Standard 

deviation 

Mn    

(µmol L-1) 

Standard 

deviation 

200.1 5.25 0.68 3.81 0.51 0.09 0 0.11 0.02 

200.44 6.16 0.57 3.63 0.23 1.49 0.73 0.12 0.03 

200.8 6.65 0.53 3.91 0.38 1.75 0.41 0.13 0.04 

201.13 7.41 0.99 3.91 0.10 1.67 0.69 0.13 0.03 

201.48 7.88 0.43 4.40 0.20 1.76 0.62 0.15 0.03 

201.84 8.64 0.49 4.81 0.26 1.80 0.84 0.16 0.03 

202.2 9.19 0.52 5.13 0.30 1.87 0.80 0.19 0.02 

202.55 10.09 0.71 5.84 0.08 2.10 0.37 0.20 0.05 

202.9 10.32 0.40 5.89 0.34 2.31 0.49 0.21 0.03 

203.2 11.76 2.28 6.89 1.11 2.46 0.86 0.25 0.07 

207 16.59 1.93 7.98 0.67 2.20 0.76 0.34 0.06 

215 20.98 1.35 8.40 0.02 1.89 0.48 0.41 0.04 

220 21.74 1.07 8.19 0.12 1.71 0.58 0.41 0.04 

224 22.08 0.57 8.09 0.41 1.48 0.47 0.40 0.03 

248 20.37 0.90 6.61 0.07 1.39 0.50 0.32 0.02 

272 19.44 0.86 6.16 0.09 1.16 0.44 0.27 0.05 

296 17.63 0.52 5.41 0.21 1.16 0.42 0.26 0.03 

300 16.61 1.01 5.35 0.56 1.20 0.39 0.23 0.04 
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ETNA ASH pH 11 

 

Time (h) 
Si       

(µmol L-1) 

Standard 

deviation 

Al      

(µmol L-1) 

Standard 

deviation 

Fe       

(µmol L-1) 

Standard 

deviation 

Ca      

(µmol L-1) 

Standard 

deviation 

300.1 20.56 0.27 15.30 0.69 8.13 2.38 8.81 0.758 

300.36 705.15 53.27 3.26 0.46 5.03 0.75 3.13 0.72 

300.73 839.43 23.85 1.93 0.28 4.40 0.16 1.93 0.99 

301.12 846.99 30.98 1.92 0.23 3.80 0.26 2.24 0.44 

301.5 811.55 28.21 1.87 0.24 2.90 0.36 2.20 0.43 

301.88 760.14 25.66 1.74 0.34 2.73 0.33 1.81 0.41 

303.1 579.32 18.60 2.23 0.17 1.95 0.18 1.22 0.33 

305 313.26 7.63 5.61 1.36 1.45 0.21 1.89 0.95 

307 201.35 10.05 5.98 0.87 1.28 0.42 1.46 0.51 

315 67.10 19.93 7.32 1.56 0.71 0.43 2.19 0.69 

321 40.06 14.68 4.91 0.44 0.19 0.11 2.09 0.25 

325 35.63 16.39 4.71 0.45 0.12 0.01 1.88 0.64 

348 30.27 12.43 4.12 0.41 0.07 0 2.00 0.27 

372 25.29 10.255 3.86 0.42 - - 2.16 0.26 

396 23.14 8.21 4.03 1.31 - - 2.30 0.25 

400 28.85 17.41 4.04 2.21 - - 2.69 1.66 
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ETNA ASH pH 11 

 

Time (h) 
Mg          

(µmol L-1) 

Standard 

deviation 

Na           

(µmol L-1) 

Standard 

deviation 

K              

(µmol L-1) 

Standard 

deviation 

Mn    

(µmol L-1) 

Standard 

deviation 

300.1 16.61 1.00 5.35 0.56 1.20 0.39 0.23 0.04 

300.36 3.61 0.68 6.21 1.86 1.16 0.30 0.04 0.01 

300.73 2.55 0.94 6.54 2.66 1.26 0.37 0.04 0.01 

301.12 3.07 0.37 6.30 1.07 1.42 0.53 0.04 0.01 

301.5 2.88 0.40 6.05 2.41 1.48 0.34 0.04 0.01 

301.88 2.37 0.28 5.30 1.03 1.54 0.36 0.03 0.01 

303.1 1.69 0.42 5.01 0.64 1.63 0.40 0.03 0.01 

305 1.59 0.34 5.05 0.88 1.84 0.57 0.04 0.005 

307 1.27 0.58 4.72 0.72 1.87 0.45 0.03 0.004 

315 1.49 0.57 6.05 1.54 2.12 0.35 0.04 0.01 

321 1.25 0.25 5.75 1.32 2.65 0.41 0.01 0.005 

325 0.94 0.11 5.49 1.02 4.65 2.97 0.02 0.01 

348 0.74 0.16 6.70 1.25 3.16 0.22 0.01 0.006 

372 0.55 0.09 5.47 1.87 2.97 0.52 0.02 0.01 

396 0.46 0.11 5.16 1.98 2.58 0.38 0.02 0.01 

400 0.39 0.26 4.87 1.05 2.33 0.24 0.02 0.001 
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ETNA ASH pH 10 

 

Time (h) 
Si       

(µmol L-1) 

Standard 

deviation 

Al      

(µmol L-1) 

Standard 

deviation 

Fe       

(µmol L-1) 

Standard 

deviation 

Ca      

(µmol L-1) 

Standard 

deviation 

400.1 28.88 17.46 4.04 2.21 4.04 0 2.68 1.66 

400.44 23.52 14.94 5.55 1.63 0.31 0.15 3.29 1.12 

400.8 17.95 7.40 4.11 0.72 0.69 0.63 2.51 0.49 

401.17 16.79 6.92 3.81 0.68 0.62 0.58 2.46 0.51 

401.62 15.28 6.45 3.39 0.55 0.49 0.41 2.33 0.52 

402.22 13.59 5.47 3.02 0.41 0.36 0.31 2.25 0.62 

402.6 12.81 5.14 2.89 0.42 0.27 0.24 2.23 0.39 

403.5 10.95 4.31 2.59 0.48 0.21 0.14 3.65 1.63 

407 6.22 2.36 1.25 0.16 - - 1.52 0.08 

415 3.55 0.92 0.68 0.10 - - 1.01 0.15 

421 3.42 0.95 0.57 0.05 - - 0.68 0.20 

424 3.57 1.25 0.64 0.08 - - 0.91 0.08 

448 4.45 3.28 0.85 0.49 - - 1.28 0.05 

472 2.81 0.96 0.48 0.05 - - 0.60 0.17 

496 3.05 1.10 0.53 0.08 - - 0.56 0.06 

500 3.45 0.92 0.50 0.08 - - 0.41 0.14 
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ETNA ASH pH 10 

 

Time (h) 
Mg          

(µmol L-1) 

Standard 

deviation 

Na           

(µmol L-1) 

Standard 

deviation 

K              

(µmol L-1) 

Standard 

deviation 

Mn    

(µmol L-1) 

Standard 

deviation 

400.1 0.92 0.95 4.87 1.04 2.42 0.38 0.02 0.001 

400.44 1.90 0.76 6.87 2.77 2.92 0.78 0.04 0.02 

400.8 1.50 0.27 4.44 0.70 2.48 0.27 0.04 0.02 

401.17 1.49 0.25 4.28 0.73 2.43 0.27 0.02 0.01 

401.62 1.50 0.23 4.18 0.58 2.36 0.26 0.03 0.02 

402.22 1.42 0.17 3.79 0.53 2.29 0.29 0.02 0.018 

402.6 1.40 0.13 3.76 0.42 2.28 0.24 0.02 0.01 

403.5 1.38 0.13 3.42 0.53 2.41 0.51 0.03 0.005 

407 1.12 0.15 2.70 0.48 1.84 0.31 0.01 0.008 

415 0.72 0.17 2.25 0.30 9.16 1.99 0.01 0.007 

421 0.52 0.13 2.07 0.28 9.80 2.06 0.01 0.002 

424 0.52 0.13 2.64 0.77 23.75 4.18 0.01 0.003 

448 0.56 0.03 2.72 0.61 38.62 8.52 0.04 0.02 

472 0.26 0.05 1.90 0.02 2.23 0.40 0.02 0.003 

496 0.18 0.06 1.59 0.04 1.70 0.82 0.02 0.009 

500 0.15 0.06 1.54 0.06 1.40 0.48 0.01 0.009 
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ETNA ASH pH 8 

Time (h) 
Si       

(µmol L-1) 

Standard 

deviation 

Al      

(µmol L-1) 

Standard 

deviation 

Ca      

(µmol L-1) 

Standard 

deviation 

500.1 4.36 0.86 0.50 0.08 0.41 0.14 

500.38 2.62 0.55 0.79 0.29 1.51 0.45 

501 2.53 0.93 0.59 0.06 1.59 0.17 

501.3 2.45 0.87 0.58 0.07 1.42 0.19 

501.63 2.31 0.86 0.52 0.07 1.46 0.23 

501.95 2.31 0.76 0.53 0.06 1.57 0.17 

502.27 2.28 0.80 0.52 0.06 1.55 0.25 

502.57 2.11 0.71 0.50 0.07 1.60 0.23 

502.88 2.05 0.74 0.47 0.07 1.69 0.241 

503.1 1.92 0.71 0.42 0.06 1.69 0.29 

509 1.07 0.05 0.27 0.07 1.85 0.51 

517 0.82 0.26 0.24 0.18 1.55 0.33 

524 0.51 0.25 0.13 0.02 1.03 0.46 

548 0.19 0.04 0.07 0.02 0.63 0.30 

572 0.29 0.06 0.06 0.01 0.54 0.24 

600 0.18 0.09 0.04 0.005 0.41 0.30 
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ETNA ASH pH 8 

Time (h) 
Mg          

(µmol L-1) 

Standard 

deviation 

Na           

(µmol L-1) 

Standard 

deviation 

K              

(µmol L-1) 

Standard 

deviation 

Mn    

(µmol L-1) 

Standard 

deviation 

500.1 0.15 0.06 1.54 0.07 1.40 0.48 0.004 0.003 

500.38 0.49 0.22 2.56 0.02 2.54 2.02 0.03 0.02 

501 0.48 0.18 2.40 0.40 1.05 0.22 0.03 0.007 

501.3 0.47 0.19 2.26 0.31 0.91 0.24 0.02 0.004 

501.63 0.47 0.18 2.27 0.29 0.92 0.20 0.04 0.02 

501.95 0.48 0.20 2.35 0.42 0.89 0.20 0.02 0.006 

502.27 0.50 0.21 2.27 0.32 0.89 0.19 0.01 0.002 

502.57 0.48 0.20 2.27 0.30 0.85 0.15 0.03 0.02 

502.88 0.48 0.20 2.28 0.35 0.88 0.13 0.02 0.01 

503.1 0.46 0.18 2.27 0.30 0.82 0.12 0.02 0.01 

509 0.34 0.22 2.46 0.24 0.74 0.03 0.07 0.04 

517 0.59 0.25 2.34 0.43 0.71 0.02 0.08 0.04 

524 0.27 0.18 2.97 1.17 0.84 0.09 0.07 0.02 

548 0.12 0.04 1.92 0.30 0.50 0.01 0.03 0.01 

572 0.11 0.03 2.01 0.27 0.46 0.04 0.03 0.02 

600 0.11 0.06 2.17 0.46 4.13 0.39 0.03 0.02 
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Appendix 4.4. Total release of elements during the dissolution 

experiment 

Table A.4.3. Total amount M (µmol) of Fe, Ca, Mg, Mn, Na and K released 
and the estimated thickness of the layer L (µm) of these dissolved cations at 

different time. 

Time 

(h) 

pH 𝑴𝑭𝒆 (µmol) 

𝑋𝐹𝑒=0.04 

𝑳𝑭𝒆 (µm) 𝑴𝑪𝒂 (µmol)  

𝑋𝐶𝑎=0.04 

𝑳𝑪𝒂 (µm) 

100 5 0.59±0.14 0.014±0.003 5.08±0.07 0.111±0.002 

200 3 11.90±0.55 0.282±0.013 20.62±0.29 0.451±0.006 

300 2 43.71±1.56 1.03±0.04 49.59±2.98 1.08±0.07 

400 11 44.39±1.45    1.05±0.03 56.64±5.73 1.24±0.12 

500 10 -          - 59.99±5.43 1.31±0.12 

600 8 -          - 64.66±4.99 1.42±0.11 

 

Time 

(h) 

pH 𝑴𝑴𝒈 (µmol)  

𝑋𝑀𝑔=0.04 

𝑳𝑴𝒈 (µm) 𝑴𝑴𝒏 (µmol)  

𝑋𝑀𝑛=0.0006 

𝑳𝑴𝒏 (µm) 

100 5 2.18±0.66 0.05±0.02 0.10±0.07 0.13±0.09 

200 3 10.16±1.62 0.24±0.04 0.37±0.10 0.51±0.14 

300 2 57.83±3.94 1.39±0.09 1.12±0.03 1.553±0.004 

400 11 60.20±3.46 1.44±0.08 1.17±0.04 1.62±0.01 

500 10 64.58±8.13 1.55±0.19 1.27±0.12 1.75±0.17 

600 8 65.66±11.57 1.58±0.28 1.43±0.07 1.98±0.10 

 

Time 

(h) 

pH 𝑴𝑵𝒂 (µmol)  

𝑋𝑁𝑎=0.01 

𝑳𝑵𝒂 (µm) 𝑴𝑲 (µmol)  

𝑋𝐾=0.005 

𝑳𝑲 (µm) 

100 5 24.77±4.98 1.81±0.36 2.59±1.43 0.49±0.27 

200 3 38.21±4.97 2.80±0.36 6.04±2.46 1.14±0.46 

300 2 56.46±1.57 4.13±0.11 12.35±3.45 2.33±0.65 

400 11 71.39±3.63 5.22±0.27 19.70±2.56 3.72±0.48 

500 10 85.51±14.14 6.26±1.03 53.52±7.52 10.01±1.42 

600 8 96.07±15.24 7.03±1.11 60.29±3.15 11.37±0.59 
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Figure A.4.1. Total amounts of (a) Si, Al and Fe (b) Mg and Ca released during 
dissolution of Etna ash. 
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Figure A.4.1. (continued) Total amounts of (a) Na and K and (b) Mn released 

during dissolution of Etna ash. 
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CHAPTER 5 Dissolution rates of extrusive magmatic 

rocks and their artificial glassy counterparts at pH 4 and 

25 °C 

 
5.1. INTRODUCTION 
 

Chemical weathering of volcanic rocks influences natural processes by 

affecting the chemical composition of rivers, lakes and soils where this 

material has been deposited and/or transported (White et al., 1980, Chadwick 

and Chorover, 2001, Oelkers et al., 2012, Eiriksdottir et al., 2015). The 

weathering of both glassy and crystalline Ca, Mg-silicates represents a crucial 

part in the long-term carbon dioxide cycle and soil formation in volcanic 

terrains (Gaillardet et al., 1999; Kump et al., 2000; Chadwick and Chorover, 

2001; Dessert et al., 2003). 

 

Chemical weathering is characterized in either qualitative terms (e.g., changes 

in microscopic surface morphologies of mineral grains, etc.) or in quantitative 

terms focusing on the determination of weathering rates. Weathering rates can 

be element, or mineral specific. Examples of element-based rates are those 

reported for annual stream or river discharge, and normalized to the watershed 

area. Weathering rates based on geographic and volumetric surface areas are 

referred to as weathering fluxes (White, 2011). Watershed fluxes are 

commonly defined as the sum of rock-derived base cations solubilized per unit 

area of geographic surface (Bluth and Kump, 1994; White and Blum, 1995). 

The quantification of chemical weathering rates from the field is not an easy 

task and therefore, a great effort is devoted to measuring dissolution kinetics 

in well-controlled systems and developing theoretical models to express the 

rate and mechanism of mineral and glass dissolution (White and Brantley, 

1995). 

 

Both experimental and field-based approaches have been used to quantify 

silicate weathering rates. The advantages of the experimental approach is that 

chemical, physical and biological conditions are tightly constrained and 

individual parameters, such as mineral compositions, temperature, surface 

area, and solute composition, are systematically varied to characterize 

weathering mechanisms (Lasaga, 1998). The principal disadvantage is that 

such experiments commonly react freshly prepared silicate minerals over 

relatively short time intervals, thus producing uncertainties when 

experimental rates are extrapolated to natural, long-term weathering 

environments (White and Brantley, 2003). 
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Geochemical modelling codes rely on laboratory kinetics laws to describe 

chemical weathering in the natural environment (e.g., Goddéris et al., 2006; 

Schott et al., 2012). Laboratory studies have been performed to determine the 

dissolution rates of the main components typically reported in volcanic rocks. 

Thus, there are several studies presenting dissolution rates of aluminosilicate 

minerals (see Palandri et al., 2004) and glasses (e.g., Gislason and Oelkers, 

2003; 2013) as a function of temperature and reactive fluid composition. Some 

dissolution studies have investigated the effects of chemical composition on 

natural glass and mineral (plagioclase) dissolution (Wolff-Boenisch et al., 

2004; Gudbrandsson et al., 2014). These studies provide relationships 

describing the dissolution rate of the material as a function of its SiO2 content.  

 

While there are many investigations of the laboratory dissolution behavior of 

pure minerals and glasses, only a few studies address the complex dissolution 

behavior of natural polycrystalline igneous rocks that consist of a mixture of 

silicate minerals and glass. These rocks are by far the most abundant on Earth. 

In the laboratory, Gislason and Eugster (1987) measured a 10-time faster 

dissolution rate for basaltic glass compared to its crystalline equivalent. 

Hamilton et al. (2000) reported that the dissolution rate of albite was 

insignificantly different from that of synthetic albite glass, although depletion 

of Na and Al from the glass was more severe than from the crystalline solid at 

pH 2. In the field, Stefánsson and Gíslason (2001) found that the chemical 

denudation rate of mobile elements in river catchments containing glassy 

basalts in Southwest Iceland was 2-5 times faster than that for catchments 

comprised of crystalline basalts. Wolff-Boenisch et al. (2006) investigated the 

effect of crystallinity on dissolution kinetics as a function of chemical 

composition for natural glasses and silicate minerals. Natural silicate glass 

dissolution rates were significantly faster than their silicate mineral 

counterparts only when they were Si-rich. The authors posited that Si-poor 

glasses and minerals exhibited similar dissolution rates because crystallinity 

has little effect on Si polymerization in these solids. Wolff-Boenisch et al. 

(2006)’s study compared the dissolution rates of polycrystalline rocks with 

those of glasses presenting similar Si contents (similar Si:O ratios). However, 

they did not measure the dissolution behaviour of a polycrystalline rock with 

its truly glassy equivalent.  

 

The objective of this chapter study is to compare the far-from equilibrium 

steady state dissolution rates of natural extrusive igneous rock with those 

obtained for their strictly glassy analogues. The latter are produced by 

remelting the natural rocks and quenching them in the laboratory. We used 

three rocks of basaltic, dacitic and rhyolitic composition. The dissolution 

experiments were performed in fluidized bed reactor at pH 4 and 25 °C. 
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5.1.1. Theoretical background  
 

Various processes influence the overall dissolution rate of a mineral in contact 

with an aqueous solution. These include the ease with which chemical species 

are transported away from dissolving the mineral surface, the reverse of the 

dissolution reaction at near to equilibrium conditions, and the far-from-

equilibrium dissolution rate (Murphy et al., 1989; Oelkers et al., 1994). In our 

study, the experimental settings ensured that the measured dissolution rate 

corresponded to far-from-equilibrium and surface reaction-controlled 

conditions. Steady state dissolution is reached when the concentration of Si 

(or Al) released from the mineral being dissolved is constant within analytical 

uncertainty for more than three residence times. The residence time of the 

circulating solution in the reactor is defined as the total volume of the reactor 

divided by the flow rate of the input solution. In our experimental setup, the 

residence time of our fluidized bed reactor was three hours (flow rate 0.4 mL 

min-1 and volume ~ 65 mL). 

 

When the conditions of far-from equilibrium and steady-state are met, the far-

from-equilibrium steady state dissolution rate of a rock/glass (𝑟, in mol m-2    

s-1) is given by Declercq et al. (2013 and references therein):  

 

𝑟𝑖 =
𝐶𝑖 𝑓

𝐴 𝑚 
 × 𝑠                    [5.1] 

 

where 𝐶𝑖 (mol L-1) is the aqueous concentration of the 𝑖𝑡ℎ element in the outlet 

solution minus the blank concentration at the beginning of the experiment, 𝑓 

(L s-1) the solution flow rate, 𝐴 (m2 g-1) the reactive surface area of the 

dissolving rock/glass and 𝑚 (g) the mass of sample. The term 𝑠  is a 

stoichiometric factor, relating the number of moles of the 𝑖𝑡ℎ element in the 

rock/glass normalised to one mole of silica, i.e. 𝑠 = 1 when 𝑟 is calculated 

from the outlet solution Si concentrations. It is rarely possible to determine 

the actual reactive surface area of a dissolving mineral. Thus, 𝐴 is 

approximated either based on the 𝐵𝐸𝑇 specific surface area, 𝐴𝐵𝐸𝑇, or the 

geometric specific surface area, 𝐴𝐺𝐸𝑂 (see section 5.4.2).  

 

 

5.2. MATERIALS AND METHODS 

 

5.2.1. Sample characterization and preparation 

 
Two crystalline igneous extrusive rocks corresponding to low-silica 

(trachybasalt, ET-R) and high-silica (dacite, UZ-R) compositions were used 

in the dissolution experiments. An obsidian (rhyolite, LP-R) was also studied. 

The glassy (crystal-free) materials (ET-G, UZ-G and LP-G) were obtained by 
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melting subsamples of the powdered crystalline rocks at 1400 °C under 

standard atmospheric pressure, homogenising and then quenching the melts 

(Ayris, 2010) at the Department of Earth and Environmental Sciences, 

Ludwig Maximilians University Munich (LMU), Germany. The bulk 

chemical compositions of the rock and glass samples as determined by X-ray 

fluorescence (XRF) are shown in Table A.5.1.  

 

The rock mineralogy was determined by X-ray diffraction (XRD) using a 

Bruker D8 Advance instrument operated at 40 kV and 20 mA, with a step 

width of 0.02° and counting time of 2.0 s step-1, using Kα radiation sourced 

from a Cu target anode. All samples were ground to fine powders in an agate 

mortar prior to analysis. Crystalline minerals were identified using the EVA© 

software the semi-quantification of crystalline mineral phases based on 

diffractogram analyses were performed with SIROQUANT software (Hill et 

al., 1993; Bish, 1993; Gonzalez et al., 2003). The glass content of the 

crystalline rocks was estimated by spiking the sample with 10 wt.% of an 

internal standard, i.e metallic Si, followed by re-analysis under the same XRD 

operating conditions as describe above (Winburn et al., 2000; Ward and 

French, 2006; Paque et al., 2016). The accuracy in the weight percent 

determinations of the rock’s glass and major crystalline components is in the 

range 5–10% (Paque et al., 2016) (see section 3.5.2). The mineralogy of the 

rock samples is summarized in Table A.5.2. 

 

Prior to the dissolution experiments, the rocks and glasses were crushed by 

wrapping them in several polyethylene plastic bags and careful hammering. 

The crushed material was then dry sieved in order to retain particles within 

the 63-100 µm size range. This fraction was ultrasonically cleaned in ethanol 

several times until no suspended fine material remains after decantation. The 

cleaned samples were dried overnight at 50 °C.  

 

Particle size analysis of the powdered rock and glass samples was performed 

by laser diffraction spectroscopy (LS 100Q, Coulter-Beckman particle size 

analyser) (Jacquinot, 1957; ISO 13320:2009). The particle size distributions 

of ET-R, UZ-R, LP-R, ET-G, UZ-G and LP-G are presented in Figure A.5.1. 

These measurements allowed calculation of the specific geometric surface 

area, Ageo (m2 g-1) of the samples (Brantley et al., 1999): 

 

𝐴𝑔𝑒𝑜 =
6

𝜌∗𝑑𝑒𝑓𝑓
         [5.2] 

 

where ρ is the particle density (in kg m-3) and deff is the effective particle 

diameter (m). Particle density was measured by triplicates (ISO 1183-1:2012) 

and by Funk and Dinger (1993) using a 5 mL glass pycnometer (specific 

gravity bottle 4.9038±0.01 mL: BLAUBRAND NS10/19). In Eq. [5.2], the 
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value of the numerator posits that the particles have a regular and smooth 

spherical shape. 

 

Assuming a homogeneous particle size distribution, 𝑑𝑒𝑓𝑓 can be estimated via 

the following expression (Tester et al., 1994; Wolff-Boenisch et al., 2004, 

2006): 

 

𝑑𝑒𝑓𝑓 =  
𝑑𝑚𝑎𝑥−𝑑𝑚𝑖𝑛

𝑙𝑛(
𝑑𝑚𝑎𝑥
𝑑𝑚𝑖𝑛

)
                                                                                                                [5.3] 

 

where 𝑑𝑚𝑎𝑥 and 𝑑𝑚𝑖𝑛 refer to the maximum and minimum particle size, 

respectively, of the size fraction used in the dissolution experiment. In our 

study, 𝑑𝑚𝑖𝑛 = 63 µ𝑚, 𝑑𝑚𝑎𝑥= 100 µm and 𝑑𝑒𝑓𝑓 = 80 µ𝑚. A more accurate 

estimation of deff can be obtained by using the full particle size distribution of 

the powdered samples. Particle size distribution can be used to calculate the 

deff value by dividing the size distribution into a finite amount of bins and 

assuming equivalent spherical diameters of particles that correspond to the 

mean size of each bin (Cepuritis et al., 2017):  

 

𝑑𝑒𝑓𝑓 = ∑  𝑥𝑖  
𝑑𝑖+1−𝑑𝑖

𝑙𝑛(
𝑑𝑖+1

𝑑𝑖
)
 𝑑𝑚𝑎𝑥

𝑖=𝑑𝑚𝑖𝑛                   [5.4] 

 

where 𝑥𝑖 refers to the volumetric fraction of particles within each size bin 𝑑𝑖 

and 𝑑𝑚𝑎𝑥 and 𝑑𝑚𝑖𝑛 refer to the maximum and minimum size bin measured by 

laser diffraction spectroscopy, corresponding to 𝑥𝑑𝑚𝑎𝑥=0.99 and 𝑥𝑑𝑚𝑖𝑛=0.01 

respectively.  

 

𝐴𝑔𝑒𝑜 is merely an estimate that does not consider any surface topography or 

roughness that might be present in the forms of etch pits, pores and steps. In 

general, 𝐴𝑔𝑒𝑜 presents a minimum value and tends to underestimate the total 

surface area. Practically, the total specific surface area, ABET, of a mineral 

powder is best approached by inert gas adsorption using the Brunauer, Edward 

and Teller method (or BET method; Brunauer et al., 1938). The ABET of our 

rock and glass samples was measured by the three-point BET method. Since 

powdered fresh silicate rocks and glasses generally display low specific 

surface areas <1 m2 g-1 (Brantley and Mellott, 2000), Kr was the adsorbate gas 

(American Society for Testing and Materials, 2015), except for the analysis of 

LP-G for which N2 was used. The “surface roughness factor” is defined by the 

ratio ABET/Ageo (Wolff-Boenisch et al., 2004). Table 5.1 shows the Ageo, ABET 

and surface roughness factors for ET-R, UZ-R, LP-R, ET-G, UZ-G and LP-G 

powders (size fraction 63-100 µm). 
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Table 5.1. Si:O ratio, density, Ageo, ABET and surface roughness factors for the 
rock and glass powders (size fraction 63-100 µm) used in this study. 

Sample 

 

Si:O 

Density   

(kg m-3)            

x103 

Ageo  

(m2 g-1) 

x 10-3 

ABET            

(m2 g-1)        

x 10-3 

Surface 

roughness 

factor 

Rock      

ET-R 0.29 2.71±0.12 33±6 113.7±0.5 3.45 ±0.003 

UZ-R 0.33 2.41±0.07 54±3 72±0.8 1.33±0.001 

LP-R 0.35 2.42±0.03 48±2 124.3±0.9 2.54±0.001 

Glass      

ET-G 0.27 2.54±0.03 44±3 38.2±0.5 0.87±0.001 

UZ-G 0.36 2.40±0.08 58±2 57.4±0.4 0.98±0.0003 

LP-G 0.39 2.41±0.16 92±6 292±3 3.16±0.002 

 

 

5.2.2. Dissolution experiments 
 

The dissolution experiments were carried out in a fluidized bed reactor at 25 

°C. The dissolution reactor consisted of 50 mL polypropylene pipettes 

equipped with a circulation pump (Watson Marlon 90 rpm) to keep the 

material in suspension (~14 mL min-1) (see chapter 3 for details of the 

dissolution reactor). The solution was pumped through the reactor at a 

constant rate of 0.4 mL min-1 using a peristaltic pump (Miniplus 2 GILSON). 

All dissolution experiments were performed at a 𝑝𝐻 value of 4 and an ionic 

strength, 𝐼, of 10 mM. The acid inlet solution was prepared with MilliporeTM 

water and Merck analytical grade NH4Cl (0.0099 mol L-1) and HCl (0.0001 

mol L-1). The concentrations of cations released during the dissolution 

experiment were ≤5% than the ionic strength of the inlet solution, i.e. 𝐼 did 

not change significantly. About 0.5 g of dry rock or glass was precisely 

weighed and introduced in the reactor. 

 

The dissolution reactor was thoroughly cleaned prior to each dissolution 

experiment by circulating a 0.1 mol L-1 HCl solution during 48 hours. The 𝑝𝐻 

4 inlet solution was then allowed in the reactor for at least another 24 hours.  

The presence of pollution (external source of Si, Al, Fe, Ca, Mg, Na and K) in 

the output solution (blank) was then checked by Inductively Coupled Plasma-

Atomic Emission Spectroscopy (ICP-AES). The dissolution experiment could 

then begin. About 0.5 g (precisely weighed) of dry rock or glass powder was 

introduced in the reactor and the outlet solution was collected after 24, 48, 72, 

96, 120, 150, 175 and 200 h (the steady state dissolution was reached before 

200 h in all our dissolution experiments). Then, the output solution was 

filtered through a 0.2 µm hydrophilic polypropylene membrane filter and 

analysed for Si, Al, Fe, Ca, Mg, Na and K by Inductively Coupled Plasma-

Atomic Emission Spectroscopy (ICP-AES). The detection limit was 10 µg      



 

167 
 

L-1for Si, Na, K and S, 4 µg L-1 for Mn, 3 µg L-1 for Fe, 2 µg L-1 for Al, 1.5 

µg L-1 for Mg and 0.8 µg L-1 for Ca. The error on the ICP-AES analytical 

measurements was estimated about 1.5% (>50 ppb) and 0.5% (50-200 ppb). 

The concentration of the studied cations in the blank solution (pH 4 without 

rock-glass sample) was: Si 17±2 µg L-1; Ca 5.7±1 µg L-1; Na 3±2 µg L-1. 

Speciation calculations performed with the geochemical model PHREEQC 

2.6 (Parkhust and Appelo, 1999) indicated that all output solutions were 

undersaturated with respect to any mineral phases. Each dissolution 

experiment was conducted in triplicates. 

 

 

5.3. RESULTS 

 

5.3.1. Si and Al releases 

 
The evolution with time of the Si and Al concentrations (means of three 

replicates) released during the dissolution experiment of each rock and glass 

samples is shown in Figure 5.1. With values ranging from 2.4-3.7 µmol L-1, 

the Si release from ET-R and ET-G was approximately 8 times larger than that 

from any of the other rocks and glasses. The release of Si from ET-R 

fluctuated within a relatively narrow range of concentrations (3.1- 3.6 µmol 

L-1), whereas for ET-G it increased steadily until it reached steady-state (2.4- 

3.7 µmol L-1). The dissolution of the UZ and LP glass and rock materials was 

characterized by a high initial release of Si which then decreased pseudo-

exponentially with time. In contrast with Si, the release of Al release from ET-

G was more or less steady (2.5-2.8 µmol L-1). Similar to the other glass and 

rock specimens, the concentration of Al of ET-R decreased pseudo-

exponentially as dissolution progressed. The ET materials released at least 

twice more Al than the other rocks and glasses tested in this study. For both 

Si and Al releases, steady-state dissolution was achieved after ~150-175 hours 

in all experiments. 

 

 

5.3.2. Steady state, far-from-equilibrium dissolution rates 

 
The far-from-equilibrium dissolution rates (in log units) of the rock and glass 

samples as calculated using Eq. [5.1] and the steady-state concentrations of Si 

and Al in the outlet solutions are shown in Table 5.2. The rate values are 

normalized either to the BET (𝑟𝐵𝐸𝑇) or specific geometric surface (𝑟𝑔𝑒𝑜) area. 
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Figure 5.1. Release of Si for rock/glass dissolution at 25 °C and pH 4 as a 

function of time for (a) basalt-Etna (ET) (b) dacite-Unzen (UZ) (c) rhyolite-
Lipari (LP). 
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Figure 5.1. (continued). Release of Al for rock/glass dissolution at 25 °C and 
pH 4 as a function of time for (a) basalt-Etna (ET) (b) dacite-Unzen (UZ) (c) 

rhyolite-Lipari (LP). 
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Table 5.2. Si and Al concentrations at steady state (200 h) and logarithm of dissolution at steady state of volcanic rocks/glasses 
dissolution experiments at 25 °C and 0.4 g min-1 at pH 4 normalized to BET and geometrical surface area. 

 

Sample Si (mol L-1) 

x 10-8 

Al (mol L-1) 

x 10-8 

Log 

(a3
H+/aAl3+) 

Log rSi, geo 

(mol m-2 s-1) 

Log rSi, BET 

(mol m-2 s-1) 

Log rAl, geo 

(mol m-2 s-1) 

Log rAl, BET 

(mol m-2 s-1) 

Rock        

ET-R 362.9±31.9 80.9±5.4 -5.62±0.03 -8.80±0.03 -9.33±0.03 -9.05±0.02 -9.59±0.02 

UZ-R 6.88±1.60 7.78±4.55 -4.45±0.28 -10.75±0.10 -10.87±0.10 -10.16±0.21 -10.29±0.21 

LP-R 0.59±0.41 7.04±1.34 -4.47±0.04 -11.75±0.39 -12.16±0.39 -10.03±0.06 -10.43±0.06 

Glass        

ET-G 370.8±12.9 249.4±10.8 -6.20±0.004 -8.92±0.02 -8.98±0.02 -8.71±0.01 -8.66±0.01 

UZ-G 2.85±1.23 1.48±1.28 -3.79±0.33 -11.14±0.22 -11.14±0.22 -10.89±0.35 -10.88±0.35 

LP-G 1.78±0.36 1.61±0.58 -3.64±0.44 -11.47±0.09 -11.97±0.09 -10.85±0.35 -11.36±0.16 
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5.4. DISCUSSION 

 

5.4.1. Stoichiometry of Si and Al releases during dissolution 

 
A plot of 𝑟𝐴𝑙 vs. 𝑟𝑆𝑖 for all the rock/glass specimens is used to assess the 

stoichiometry of the dissolution at steady-state (Fig. 5.2). Except LP-R for 

which 𝑟𝐴𝑙 is 53 times higher than 𝑟𝑆𝑖, the Si and Al-based rates are comparable, 

suggesting stoichiometric dissolution of the rock/glass. This result applies for 

both the 𝐴𝐵𝐸𝑇- and 𝐴𝑔𝑒𝑜-normalized dissolutions rates. Recalling that LP-R is 

a natural rhyolitic glass and LP-G represents its synthetic counterpart, the non-

stoichiometric release of Al with respect to Si in LP-R contrasts with the 

behavior of LP-G. In addition, as noticed above, the 𝑟𝑆𝑖 values are comparable 

in both materials. This suggests that the high 𝑟𝐴𝑙 of LP-R may not be a reliable 

estimate. Therefore, we will not use the Al-based dissolution rate obtained for 

LP-R in the rest of the discussion. 

 

Figure 5.2. Comparison of the dissolution rate values for ET-R, ET-G, UZ-R, 
UZ-G, LP-R and LP-G as calculated from the Al and Si concentrations in the 

output solution. 
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Stoichiometric release of Si and Al during the dissolution of basaltic and 

rhyolitic glasses was evidenced in previous experiments (Oelkers and 

Gislason, 2001; Declerq et al., 2013). Although less clear, Gudbrandson et al. 

(2014) observed a similar behavior in plagioclases. Our data suggest that the 

rocks showed less stoichiometric behavior compared to their synthetic 

counterparts. This agree with Gislason and Eugster (1987) who found that 

basaltic glass dissolved near stoichiometrically at 25 °C, whereas the 

dissolution of crystalline basalt departed slightly from this behavior.  

 

 

5.4.2. Dissolution rates of the basalt, dacite and rhyolitic glasses 

 
Previous investigations have highlighted that the dissolution rate of silicate 

glass increases with decreasing Si content (Petit et al., 1990; Jantzen and 

Plodicne, 1984; Wolff-Boenisch et al., 2004). Our experimental results agree 

with this trend (Table 5.2). Based on dissolution rate measurements obtained 

at 𝑝𝐻 4 and 25 °C for natural glasses varying in composition from basalt to 

rhyolite, Wolff-Boenisch et al. (2004) established a quantitative relationship 

linking 𝑟𝑆𝑖,𝑔𝑒𝑜 (mol m-2 s-1) to the glass silica content: 

 

log 𝑟𝑆𝑖,𝑔𝑒𝑜 =  −0.03 × [𝑆𝑖𝑂2 (𝑤𝑡. %)] − 7.58    [5.5] 

 

Eq. [5.5] indicates that 𝑟𝑆𝑖,𝑔𝑒𝑜 varies exponentially with the glass SiO2 content. 

Wolff-Boenisch et al. derived a similar expression for 𝑟𝑆𝑖,𝐵𝐸𝑇, but they 

acknowledged that this reproduce the experimental data less satisfactorily: 

 

log 𝑟𝑆𝑖,𝐵𝐸𝑇 =  −0.05 × [𝑆𝑖𝑂2 (𝑤𝑡. %)] − 7.44    [5.6] 

 

The authors attributed the discrepancy to various factors that increase 𝐴𝐵𝐸𝑇 of 

natural samples but which do not enhance their reactive surface area. For 

example, the presence on the surface of non-reactive coatings and 

microstructures as well as the dissolution reactions increase 𝐴𝐵𝐸𝑇 of natural 

samples but do not enhance their reactive surface area. 

 

The measured dissolution rates of ET-G, UZ-G and LP-G at 𝑝𝐻 4 are plotted 

in Fig. 5.3a. Surprisingly, only the basalt glass sample (low Si:O ratio) falls 

on the regression line defining the relationship between 𝐴𝑔𝑒𝑜-normalized 

dissolution rate and glass silica content (Eq. [5.5]); the silica-rich glasses (UZ-

G, LP-G and LP-R) show significantly lower ( 25-140 times) 𝑟𝑆𝑖,𝑔𝑒𝑜 values 

than those expected from Eq. [5.5]. One reason for the discrepancy may relate 

to different particle size distributions. Wolff-Boenisch et al. (2004) worked 

with a particle size fraction comprised between 45 and 125 µm, whereas we 

used slightly coarser particles in the size range 63-100 µm. As pointed out by 
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some authors (Jeschke and Dreybrodt, 2002), finer particles may dissolve 

faster. However, alone, this effect is unlikely to explain the departure of our 

samples from Wolff-Boenisch et al.’s prediction. In their calculations of 𝐴𝑔𝑒𝑜, 

the authors computed 𝑑𝑒𝑓𝑓 via Eq. [5.3], whereas we used Eq. [5.4]. Although 

recalculating 𝐴𝑔𝑒𝑜 for our samples using the average particle diameter (Eq. 

[5.3]) produces lower values (Figure A.5.2) and hence, higher 𝑟𝑆𝑖,𝑔𝑒𝑜, the 

behavior of UZ-G, LP-G and LP-R still depart largely from the empirical 

relationship (Fig. 5.3a).  

 

Figure 5.3b compares the experimental 𝑟𝑆𝑖,𝐵𝐸𝑇 values for the ET-G, UZ-G, 

LP-G and LP-R with the 𝐴𝐵𝐸𝑇-normalized dissolution rates reported by 

Wolff-Boenisch et al. (2004). The match between our results and those of 

Wolff-Boenisch improves but is far from being satisfactory. Wolff-Boenisch 

et al. (2004) emphasized that the measurement of 𝐴𝐵𝐸𝑇 by different 

laboratories is subject to uncertainties, and caution should be exerted when 

comparing 𝑟𝑆𝑖,𝐵𝐸𝑇 across studies. Adopting this view, the authors put more 

faith in 𝑟𝑆𝑖,𝑔𝑒𝑜 than in 𝑟𝑆𝑖,𝐵𝐸𝑇 estimates. Similar to Wolff-Boenisch’s study, 

we measured the specific surface areas of our samples by the 𝐵𝐸𝑇 method 

using 𝐾𝑟 as the adsorbate gas (except in the case of LP-G for which 𝑁2 was 

utilized, as this sample had a 𝐴 > 1 m2 g-1). The measurements showed a good 

reproducibility (Table 5.1). Therefore, we rule out the possibility that the 

comparatively low 𝑟𝑆𝑖,𝐵𝐸𝑇 values obtained for the UZ-G, LP-G and LP-R are 

an artefact of unreliable 𝐴𝐵𝐸𝑇 determinations. 
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Figure 5.3. The logarithm of dissolution rates for the studied glasses versus 
the silica content at pH 4 and 25 °C normalized to a) the BET specific surface 

area and b) the GEO specific surface area. The lines through the data 
represent a linear least square fit obtained by Wolff-Boenisch et al. (2004) 

for natural glasses. 
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Jeschke and Dreybrodt (2002) investigated how the dissolution rate of a 

mineral relates to its surface morphology. They developed a rigorous 

mathematical approach to assess which specific surface area should be 

utilized. According to this study, dissolution of silicates occurs over the entire 

mineral surface and in such case, dissolution rates are best normalized to the 

𝐵𝐸𝑇 specific surface area. Finally, the measured 𝐴𝐵𝐸𝑇 and estimated 𝐴𝑔𝑒𝑜 

showed good agreement (surface roughness factor ~1) in the cases of ET-G 

and UZ-G (Table 5.1). Altogether, we argue that the discrepancies between 

our 𝑟𝑆𝑖,𝐵𝐸𝑇 values for UZ-G, LP-G and LP-R and those reported by Wolff-

Boenisch et al. (2004) for glasses with similar SiO2 contents are real. We note 

that the Icelandic rhyolitic samples in Wolff-Boenisch et al.’s study display a 

higher Fe content (3.7-4.9 wt.% Fe2O3) than our LP samples (Table A.5.1). 

Depending on the redox state of the glass, Fe may act as either a network 

modifier (Fe2+) or a network former (Fe3+) (Mysen, 1988; Cook et al., 1990, 

Cooper et al., 1996). Iron in the network forming position may weaken the 

glass, making it less resistant to dissolution (Ottonello, 2001; Kuryaeva, 2004; 

Perez et al., 2015; Vercamer, 2016). We tentatively suggest that the greater 

abundance of Fe in the Icelandic glasses analysed by Wolff-Boenisch et al. is 

responsible for its comparatively higher dissolution rates.  

 

We recall that the UZ-G and LP-G specimens are synthetic glasses produced 

by remelting rocks of dacitic and rhyolitic composition, respectively. LP-R is 

the obsidian rock used to synthesize LP-G, the latter displaying a higher Si:O 

ratio (0.39 for LP-G vs. 0.35 for LP-R, Table 5.1). The specific surface area 

of LP-G is ~2 (𝐴𝐵𝐸𝑇) and ~2.4 (𝐴𝑔𝑒𝑜) times larger than that of LP-R (Table 

5.1). According to Table 5.2, the dissolution rates of LP-G and LP-R did not 

differ significantly. This result diverges from Wolff-Boenisch et al. (2006)’s 

findings, which predicted that the dissolution rates of natural glasses are 

higher than those measured for synthetic glasses with similar Si:O ratios. 

Further, the authors proposed that this effect relates to the cooling history of 

the glass. Rapidly annealed natural glasses could develop less ordered 

structures compared to slowly annealed laboratory glasses. As a result, the 

former would present a more fragmented and disconnected network, which 

would exhibit many reactive sites prone to dissolution (Hamilton et al., 2001). 

Based on Ayris (2010), our synthetic glass samples were subjected to a 

cooling rate of ~0.2 °C s-1. For comparison, Wilding et al. (1996) reported 

quench rates for natural volcanic glasses from Tenerife ranging from ~10-6 to 

10 °C s-1. Thus, the cooling rate achieved in the laboratory for producing LP-

G could be within the range of values found in the natural environment. This 

would explain why the dissolution rates of LP-G and LP-R did not differ 

significantly. 
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Figure 5.4 displays our dissolution rate determinations (ET-G, UZ-G, LP-G 

and LP-R) along with the dissolution results obtained for other natural and 

synthetic glasses in previous studies (Wolff-Boenisch et al., 2006). Although 

the spread of the data points prevents a firmed conclusion to be reached, our 

measurements may corroborate Wolff-Boenisch et al.’s view that the 

difference between the dissolution rates of synthetic and natural glasses with 

similar Si:O ratios becomes more important in high-silica glasses.  

 

Figure 5.4. The logarithm of dissolution rates for natural and synthetic 
glasses of different compositions at pH 4 and 25 °C normalized to the GEO 

specific surface area. The lines through the data represent a linear least 
square fit presented by Wolff-Boenisch et al. (2006) for natural and synthetic 

glasses. 
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5.4.3. Dissolution rates of the crystalline rocks and their glassy 

counterparts 

 
According to our results (Table 5.2), the dissolution rates of the crystalline 

rock and the glass differ to various extents, depending on their chemical 

composition. The faster 𝐴𝐵𝐸𝑇-normalized dissolution rate measured for the 

basaltic glass relative to the crystalline basalt agrees with Gislason and 

Eugster (1987), who indicated that the dissolution rate (at 25 °C and pH 9) 

varied by a factor of ten between basaltic glass and crystalline basalt. 

Similarly, Stefánson and Gislason (2001) reported higher releases of Si in 

Icelandic river catchments containing glassy basalts than in catchments 

dominated by crystalline basalts. In contrast, Wolff-Boenish et al. (2006) 

found almost no difference in the dissolution rates of ultramafic glasses and 

minerals with similar compositions.  

 

The ET-G and ET-R samples exhibit low Si:O ratios <0.30 (Table 5.1). 

Following Wolff-Boenish et al. (2006), for such compositions, glass and 

crystalline rocks should display similar dissolution rates. Therefore, the higher 

𝑟𝑆𝑖,𝐵𝐸𝑇 of ET-G relative to that of ET-R may simply result from the three-time 

lower 𝐴𝐵𝐸𝑇 of the former. Similarly, the 𝐴𝑔𝑒𝑜 and 𝑟𝑆𝑖,𝑔𝑒𝑜 of ET-G are slightly 

(~25%) larger and lower, respectively, than the 𝐴𝑔𝑒𝑜 and 𝑟𝑆𝑖,𝑔𝑒𝑜 of ET-R. 

Thus, our results seem compatible with Wolff-Boenish et al. (2006).  

 

Wolff-Boenisch et al. also highlighted a compositional effect and concluded 

that the discrepancy between glass and mineral dissolution rates increases 

with increasing Si:O ratio of the glass/mineral. Importantly, the inferred trend 

is more robust when the 𝑟𝑔𝑒𝑜 values were considered. The authors argued that 

this probably reflects the quasi invariance of 𝐴𝑔𝑒𝑜 during dissolution 

experiments, whereas 𝐴𝐵𝐸𝑇 tends to increase as the dissolution reaction 

progresses (Eggelston et al. 1989; Stillings and Brantley 1995; Gautier et al. 

2001). In our study, both the 𝑟𝑆𝑖,𝑔𝑒𝑜 and 𝑟𝑆𝑖,𝑔𝑒𝑜 estimates reveal that crystalline 

dacite dissolved significantly faster than its glassy counterpart, a finding 

opposite to Wolff-Boenish (2006)’s predictions. However, we note that the 

relationship established by Wolff-Boenish et al. (2006) which links the 

discrepancy in glass and mineral dissolution rates to glass/mineral chemistry 

includes dissolution data for high Si:O ratio compositions corresponding to 

clay minerals such as smectite, kaolinite and montmorillonite. We question 

this approach as the layered structure of phyllosilicate minerals, which are the 

products of rock weathering, likely confer them a different reactivity from that 

of tectosilicates and inosilicates that typify primary magmatic minerals with 

similar Si:O ratios. Accordingly, previous studies indicate that mixed layer 

phyllosilicates (smectites, kaolinite/halloysite, Si:O ratio of 0.39-0.4) are 
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more stable than albite (Si:O ratio of 0.38) (Jackson et al., 1948; Jackson, 

1952; Wieland and Stumm, 1992; Furrer et al.,1993; Nagy, 1995). 

 

The glassy component of UZ-R is rhyolitic in composition (Table A.5.5). As 

illustrated in Figure 5.5, the dissolution rate normalized to BET specific 

surface area at acidic pH values of rhyolitic glass is generally lower than that 

of the plagioclases: anorthite (An90-100), bytownite (An70-90) and labradorite 

(An50-70). At pH 4, the experimental 𝑟𝑆𝑖,𝐵𝐸𝑇 of UZ-G compares well with the 

reported dissolution rate of rhyolitic glass, whereas the experimental 𝑟𝑆𝑖,𝐵𝐸𝑇 

of UZ-R is closer to the dissolution rate values of the plagioclase minerals 

such as albite (An0-10) and labradorite (An50-70). It has been reported that the 

composition of plagioclase phenocrysts on dacites from the 1991 eruption of 

Mt. Unzen ranged between An35 to An75 (Nakada and Motomura, 1999).  

Thus, we posit that the overall rate of dissolution of the dacite rock seems to 

be significantly influenced by the dissolution of these mineral phases. 
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Figure 5.5. Dissolution rates (22-25 °C) of plagioclases, dacitic and rhyolitic 

glass and rhyolitic rock as a function of the solution pH taken from previous 
experimental studies (chapter 6 in this study; Wolff-Boenisch et al., 2004; 
Chou and Wollast, 1985; Gudbrandsson et al., 2014) of mineral and glass 
dissolution compared to the dissolution rates determined in this study for 

dacitic rock and glass at pH 4 and 25 °C. 
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5.4.4. Lifetimes of silicate rocks and glasses subjected to weathering 

 
Knowledge of dissolution rates allows the estimate of the lifetimes of silicate 

rocks and glasses that are subjected to weathering. Following Lasaga (1998), 

the time 𝑡 (s) required to dissolve a spherical grain completely is given by: 

 

𝑡 =  (
𝑟𝑎𝑑

𝑉𝑚× 𝑟𝑆𝑖,𝐵𝐸𝑇 
)       [5.7] 

 

Where 𝑟𝑎𝑑 (mm) stands for the grain radius and 𝑉𝑚  refers to the molar volume 

(cm3 mol-1) where a mole of rock/glass is assumed to contain one Si atom. 

Figure 5.6 shows the lifetimes for glassy and crystalline grains (1 mm in 

radius) of basaltic, dacitic and rhyolitic compositions as computed from our 

𝐴𝐵𝐸𝑇-normalized dissolution rate measurements at 25 °C and 𝑝𝐻 4. As 

expected from the dissolution rate trend, 𝑡 increased with increasing silica 

content. For example, 𝑡 of a 1-mm radius spherical grain of basaltic glass is 

almost 1500 times shorter than that of the same grain but with a rhyolitic 

composition. For comparison, Rowe and Brantley (1993) estimated that acidic 

waters (𝑝𝐻 1.4 – 2.5) in volcanic environments would dissolve a 1 mm radius 

grain of the andesitic glass matrix in a dacitic rock (SiO2 = 64 wt.%) entirely 

in ~ 90,000 years. This estimate agrees relatively with 𝑡 of UZ-G at 𝑝𝐻 4, i.e. 

~114,000 years. 

 

Wolff-Boenisch et al. (2004) derived a relationship to predict 𝑡 (at 25 °C and 

𝑝𝐻 4) of a 1-mm spherical glass grain as a function of its SiO2 content:  

 

𝑡𝑔𝑙𝑎𝑠𝑠 =  14.47 × 𝑒0.079×[𝑆𝑖𝑂2 𝑤𝑡%]     [5.8] 

 

As shown in Figure 5.6, our 𝑡 estimates strongly depart from the trend inferred 

by applying Eq. [5.8]. This reflects the lower dissolution rates obtained for the 

high-silica glasses in our study compared to those reported in Wolff-Boenisch 

et al. (2004). 

 

 

 

 

 

 

 

 

 

 

 

 



 

181 
 

 
 

 

Figure 5.6. Calculated lifetimes of 1 mm radius spheres of two natural 
volcanic rocks and one natural glass (obsidian) and their synthetic glassy 
counterparts as a function of their silica content at 25 °C and pH 4. The 

relation obtained by Wolff-Boenisch et al. (2004) for lifetime of natural glass 
is also presented. 
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5.5. CONCLUSIONS 
 

The dissolution rates (𝑟𝐵𝐸𝑇 and  𝑟𝑔𝑒𝑜) of the volcanic rocks decrease with 

increasing SiO2 content (rbasalt >rdacite> rrhyolite). Basaltic rock and basaltic glass 

exhibited significantly higher 𝑟𝑆𝑖 values than the dacite and rhyolite samples, 

in accordance with previous studies. The Si and Al-based dissolution rates 

were comparable, suggesting stoichiometric dissolution of the rock/glass 

(except LP-R for which 𝑟𝐴𝑙 was higher than 𝑟𝑆𝑖,). This result applied for both 

the 𝐴𝐵𝐸𝑇- and 𝐴𝑔𝑒𝑜-normalized dissolutions rates. Our results also suggest 

that the rocks showed less stoichiometric behavior compared to their glassy 

counterparts. 

 

We compared our experimental dissolution rates of glasses with the 

quantitative relationship linking 𝑟𝑆𝑖,𝑔𝑒𝑜 or 𝑟𝑆𝑖,𝐵𝐸𝑇 to the glass SiO2 content 

which has been proposed by Wolff-Boenisch et al. (2004). Only the basalt 

glass sample (low Si:O ratio) conformed to Wolff-Boenisch et al.’s prediction. 

Using 𝑟𝑆𝑖,𝐵𝐸𝑇 instead of 𝑟𝑆𝑖,𝑔𝑒𝑜 only slightly improved the concordance of our 

results with those of Wolff-Boenisch et al. (2004).  

 

The 𝑟𝑆𝑖 for UZ-G, LP-G and LP-R differ from the rates measured previously 

for glasses with similar SiO2 contents (Wolff-Boenisch et al. 2004; Declerq et 

al., 2013). This may relate to different particle size distributions and/or 

different chemical compositions. For example, the Icelandic basalt glasses 

analysed by Wolff-Boenisch et al. (2004) contain more Fe than our sample. 

We rule out the possibility that the comparatively low 𝑟𝑆𝑖,𝐵𝐸𝑇 values obtained 

for the UZ-G, LP-G and LP-R are an artefact of unreliable 𝐴𝐵𝐸𝑇 

determinations. 

 

The 𝑟𝑆𝑖 of LP-G and LP-R did not differ significantly. This result departs from 

Wolff-Boenisch et al. (2006)’s findings, who predicted that the dissolution 

rates of natural glasses (less ordered structure) are higher than those measured 

for synthetic glasses with similar Si:O ratios due to the different cooling 

history of the glasses. However, in our case, the cooling rate achieved in the 

laboratory for producing LP-G is probably within the range of values found in 

the natural environment, explaining the result observed in our study. 

Comparing the dissolution rates obtained for ET-G and ET-R, these estimates 

seemed compatible with the findings of Wolff-Boenish et al. (2006) who 

found almost no difference in the dissolution rates of ultramafic glasses and 

minerals with similar compositions. 
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The 𝑟𝑆𝑖,𝑔𝑒𝑜 and 𝑟𝑆𝑖,𝐵𝐸𝑇 estimates revealed that crystalline dacite dissolved 

significantly faster than its glassy counterpart, a finding opposite to Wolff-

Boenish (2006)’s predictions. Thus, we posit that the overall rate of 

dissolution of the dacite rock seemed to be significantly influenced by the 

dissolution of the mineral phase (labradorite). The dacite glass counterpart 

compared well with the reported dissolution rate of rhyolitic glass. 

 

Knowledge of dissolution rates allowed the estimate of the lifetimes (t) of 

silicate rocks and glasses that are subjected to weathering. As expected from 

the dissolution rate trend, 𝑡 increased with increasing silica content. For 

example, 𝑡 of a 1-mm radius spherical grain of basaltic glass is almost three 

orders of magnitude shorter than that of the same grain but with a rhyolitic 

composition. 

 

In Figure 5.7, a summary of the main findings of this chapter is presented: 

 

 
Figure 5.7. Summary of the main findings of chapter 5. 
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Appendix 5.1. Chemical and mineralogical composition of the 

samples presented in this study 
 

 

Table A.5.1. Bulk chemical compositions of the samples used in this study 
Calculated from the elemental composition presented by Ayris, (2010). 

 Chemical composition (wt. %) 

Sample ETNA UNZEN LIPARI 

Origin Mt. Etna, Italy Mt. Unzen, Japan Lipari, Italy 

Year of 

eruption 
2002 1991 729 

Element  ET-R ET-G UZ-R UZ-G  LP-R LP-G 

SiO2 46.8 44.9 56.1 60.4 62.9 67.2 

Al2O3 15.7 16.2 14.1 14.8 11.9 12.5 

CaO 10.3 11.0 4.5 4.5 0.8 0.7 

Fe2O3 11.1 13.2 5.7 4.6 1.8 1.8 

K2O 2.1 2.3 2.1 2.3 4.0 5.5 

MgO 6.3 6.5 3.1 2.3 0.0 0.0 

Na2O 3.6 3.5 3.3 3.5 3.9 3.7 

P2O 0.6 0.6 0.3 0.0 0.0 0.0 

TiO2 1.8 1.8 0.7 0.7 0.0 0.0 

 

 

Table A.5.2. Mineralogy of the rock samples. 

 WEIGHT % 

 Amorphous Crystalline 

Sample Glass Pl Px Ol Ox Am 

ET-R 18 42 26 5 7 - 

UZ-R 28 51 8 - -- 11 

LP-R >95 - - - - - 

Pl: plagioclase, Px: pyroxene, Ol: olivine, Ox: Fe-Ti oxides, Am: amphibole. 

 

Table A.5.3. Chemical formula of the rocks and glasses presented in this 
study. 

Sample Chemical Formula 

ET-R Al0.40Ca0.24Fe0.18K0.06Mg0.20Na0.15SiO3.49 

ET-G Al0.43Ca0.26Fe0.22K0.07Mg0.21Na0.15SiO3.60 

UN-R Al0.30Ca0.09Fe0.08K0.05Mg0.08Na0.11SiO3.07 

UN-G Al0.29Ca0.08Fe0.06K0.05Mg0.06Na0.11SiO2.79 

LP-R Al0.22Ca0.01Fe0.02K0.08Na0.12SiO2.82 

LP-G Al0.22Ca0.01Fe0.02K0.10Na0.11SiO2.54 
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Appendix 5.2. Particle size distribution of the samples used in this study 

 

Table A.5.4. D10, D50 and D90 of the samples obtained from the particle size 
distribution. 

Sample 
D10  [m]     

x 10-6 

D50  [m]     

x 10-6 

D90  [m]     

x 10-6 

ET-R 70 97 133 

ET-G 63 95 140 

 
 

 

 
Figure A.5.1. Particle size distribution of the samples used in this study: (a) 
ET-R (basalt/rock), (b) ET-G (basalt/glass), (c) UZ-R (dacite/rock), (d) UZ-G 

(dacite/glass), (e) LP-R (rhyolite/obsidian) and (f) LP-G (rhyolite/glass). 

0

2

4

6

8

10

12

14

16

%
 o

f 
to

ta
l 

v
o

lu
m

e

Particle diameter [µm]

0

2

4

6

8

10

12

14

%
 o

f 
to

ta
l 

v
o

lu
m

e

Particle diameter [µm]

a) ET-R 

b) ET-G 



 

193 
 

 

Table A.5.4 (continued). D10, D50 and D90 of the samples obtained from the 
particle size distribution. 

Sample 
D10  [m]     

x 10-6 

D50  [m]     

x 10-6 

D90  [m]     

x 10-6 

UN-R 65 98 134 

UN-G 64 95 130 

 
 

 

 
Figure A.5.1 (continued). Particle size distribution of the samples used in this 
study: (a) ET-R (basalt/rock), (b) ET-G (basalt/glass), (c) UZ-R (dacite/rock), 

(d) UZ-G (dacite/glass), (e) LP-R (rhyolite/obsidian) and (f) LP-G 
(rhyolite/glass). 
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Table A.5.4 (continued). D10, D50 and D90 of the samples obtained from the 
particle size distribution. 

Sample 
D10  [m]     

x 10-6 

D50  [m]     

x 10-6 

D90  [m]     

x 10-6 

LP-R 70 101 145 

LP-G 23 78 125 

 
 

 

 
Figure A.5.1 (continued). Particle size distribution of the samples used in this 
study: (a) ET-R (basalt/rock), (b) ET-G (basalt/glass), (c) UZ-R (dacite/rock), 

(d) UZ-G (dacite/glass), (e) LP-R (rhyolite/obsidian) and (f) LP-G 
(rhyolite/glass). 
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Appendix 5.3. Study of the variation of the geometric specific 

surface area 

 

Figure A.5.2. Comparison between the Ageo (m2 g-1) versus the ABET (m2 g-1) for 
the samples used in this study. Additionally, a second estimate is also 

presented for the values of A geo (m2 g-1) using Eq. [5.3] instead of the initial 
Eq. [5.4] in order to present the difference between the methods to obtain 

Deff. 
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Appendix 5.4. Average compositions of groundmass glass, 

plagioclase, pyroxene and amphibole in a dacite from Mt. Unzen 

eruption (1991)  
 
 

Table A.5.5. Chemical compositions of the main components (groundmass 
glass, plagioclase, pyroxene, and amphibole) found in a dacite from Mt. 

Unzen eruption (1991). 
Taken from Nakada and Motomura (1999) and Holtz et al. (2005).  

 Chemical composition (wt. %) 

Element  Groundmass 

glass 

Plagioclase Pyroxene Amphibole 

SiO2 74.4 55.1 52.3 46.4 

Al2O3 11.2 28.4 1.9 8.0 

CaO 1.1 11.8 20.9 11.0 

FeO 1.4 0.5 5.9 13.9 

K2O 4.0 0.4 0.0 0.5 

MgO 0.3 0.1 16.5 13.5 

Na2O 2.8 3.8 0.2 1.3 

TiO2 0.4 0.06 0.3 1.2 
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CHAPTER 6 Experimental dissolution study of 

polycrystalline volcanic rocks (basalt-andesite-dacite-

rhyolite) from 2≤pH≤5 at 20 °C 

 
6.1. INTRODUCTION 

 
Quantification and understanding of mineral weathering have important 

implications for many environmental problems, such as the relationship 

between silicate weathering and global climate over geological timescales 

(Berner, 1992). The atmospheric CO2 consumption by chemical weathering 

of Ca- Mg silicate rocks has a direct link with global climate (Beaulieu et al., 

2012) as demonstrated by laboratory experiments (Pronost et al., 2011), field 

test (Matter et al., 2011) and geochemical modelling (Goddéris et al., 2013). 

The application of geochemical models opens a new perspective to quantify 

weathering in future scenarios. Nowadays, the challenge for geoscientists is 

to determine most accurate parametric laws to describe weathering of 

aluminosilicates derived either from field observations or from laboratory 

(Goddéris and Brantley, 2013). 

 

Both experimental and field-based approaches have been used to quantify 

silicate weathering rates. The advantages of the experimental approach are 

that chemical, physical and biological conditions are tightly constrained and 

individual parameters, such as mineral compositions, temperature, surface 

area, and solute composition, are systematically varied to characterize 

weathering mechanisms (Lasaga, 1998). The principal disadvantage is that 

such experiments commonly react freshly prepared silicate minerals over 

relatively short time intervals, thus producing uncertainties when 

experimental rates are extrapolated to natural weathering environments. 

(White and Brantley, 2003). 

 

Weathering rates of aluminosilicates have been extensively quantified in the 

latest years, either for silicate minerals or for natural and synthetic glasses. 

The laboratory rate equations reported for dissolution rates of minerals are 

usually used as input data in geochemical modelling codes to assess the 

temporal evolution of fluids during water-rock interaction both in natural 

systems and in industrial processes (Goddéris et al., 2009). Regarding the 

dissolution of pure minerals, Palandri et al. (2004) have compiled kinetics 

parameters for over 70 minerals, including for all the major classes of silicates. 

Those rate parameters are for surface controlled reactions at conditions that 

are far from equilibrium, mainly pure minerals. In the case of more complex 

mineral arrangements, like plagioclase solid solutions/exsolutions, the study 

of Gudbrandsson et al. (2014) is presented an attempt to determine 
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experimentally the dissolution rates of plagioclase as a function of their 

composition using mixed-flow reactor techniques.  

 

In terms of glass dissolution just to mention the work done on basaltic and 

borosilicate glasses (e.g., Guy and Schott, 1989; Oelkers and Gislason, 2001; 

Gislason and Oelkers, 2003) and rhyolitic volcanic glasses (Yokoyama and 

Banfield, 2002, Declerq et al., 2013) using flow through systems.  There are 

also studies of glass leaching behavior in order to understand the role of glass 

in natural process (Cailleteau et al.,2008) and the potential utility as nuclear 

waste host (Rajmohan et al., 2010). 

 

As it has been presented, there is a plethora of dissolution studies performed 

on individual minerals and glasses, however the studies focused on 

polycrystalline and poly-mineral rocks are less frequent among dissolution 

studies. In fact, most extrusive igneous rocks are polycrystalline rocks, and 

much less is known. Accounting for multi-mineral rock dissolution studies, 

we could mention the work done on a metabasalt (actinolite and chlorite) by 

Critelli et al. (2014), on serpentinite (antigorite and magnetite) by Critelli et 

al. (2015), on a multi-mineral sediment (quartz, smectite, plagioclase and K-

feldspar) by Beckingham et al. (2016, 2017), on carbonate rich shale (calcite, 

illite, quartz) by Deng et al. (2017), on carbonate rock (calcite and dolomite) 

by Levenson et al. (2017), on organic rich shale (calcite, quartz, kaolinite) by 

Kreisserman and Emmanuel (2018). 

 

In this study we focused on the chemical weathering of igneous volcanic 

rocks, as a proxy to better understand the dissolution of a polycrystalline rock, 

incorporating the current data available in literature for laboratory dissolution 

rates of aluminosilicates. In case of volcanic igneous rocks, according to the 

degree of crystallization, it is possible to identify mineral crystals embedded 

in a glassy matrix, whose proportion is governed by the rate of cooling, 

composition and viscosity of the parent magma (Hyndman, 1985). Thus, 

taking into account the presence of these two main components of the rock 

(amorphous and crystalline); we assessed how well the reported rates of 

individual minerals can describe the whole rock dissolution, and then we 

analyzed if the dissolution rates of igneous extrusive polycrystalline rocks can 

be inferred from their individual components. Towards this goal in this study, 

whole rock dissolution experiments of four different specimens of volcanic 

rocks were performed in a fluidized bed reactor.  
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6.2. MATERIALS AND METHODS 

 

6.2.1. Characterisation of the crystalline rock samples  

 
We measured the dissolution rates of four crystalline igneous rocks 

corresponding to a basalt, an andesite, a dacite and a rhyolite. The chemical 

composition of each rock is detailed in Appendix 6.1. The mineralogy of each 

rock was determined by X-ray powder diffraction using a Bruker D8 Advance 

instrument operated at 40 kV and 20 mA, with a step width of 0.02° and 

counting time of 2.0 s step-1, using Kα radiation sourced from a Cu target 

anode. All samples were ground to fine powders in an agate mortar prior to 

analysis. Crystalline minerals were identified using the EVA© software the 

semi-quantification of crystalline mineral phases based on diffractogram 

analyses were performed with SIROQUANT software (Hill et al., 1993; Bish, 

1993; Gonzalez et al., 2003). The glass content of the crystalline rocks was 

estimated by spiking the sample with 10 wt. % of an internal standard, i.e 

metallic Si, followed by re-analysis under the same XRD operating conditions 

(Winburn et al., 2000; Ward and French, 2006; Paque et al., 2016). The 

accuracy in the weight percent determinations of the rock’s glass and major 

crystalline components is in the range 5–10% (Paque et al., 2016). The 

mineralogy of the four rocks is reported in Table 6.1 and a more detailed 

geochemical description of each rock is provided in Appendix 6.1, the X-ray 

diffractograms of the samples are presented in Appendix 6.7. 
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Prior to the dissolution experiments, the rocks and glasses were crushed by 

wrapping them in several polyethylene plastic bags and careful hammering. 

The crushed material was then dry sieved in order to retain particles within 

the 63-100 µm size range. This fraction was ultrasonically cleaned in ethanol 

several times until no suspended fine material remains after decantation. The 

cleaned samples were dried overnight at 50 °C. The specific surface area of 

the rock powders was measured by gas adsorption using the three point 

Brunauer, Edward and Teller method (ABET; Brunauer et al., 1938). Since 

powdered fresh silicate rocks and glasses generally display low specific 

surface areas <1 m2 g-1 (Brantley and Mellott, 2000), Kr was the adsorbate gas 

(American Society for Testing and Materials, 2015). The ABET values are given 

in Table 6.1. 

 

 

6.2.2. Dissolution experiments 

 
The dissolution experiments were carried out in a fluidized bed reactor at 20 

°C. The dissolution reactor consisted of 50 mL polypropylene pipettes 

equipped with a circulation pump (Watson Marlon 90 rpm) to keep the 

material in suspension (~14 mL min-1) (see Chapter 3 for details of the 

dissolution reactor). The solution was pumped through the reactor at a 

constant rate of 0.4 mL min-1 using a peristaltic pump (Miniplus 2 GILSON). 

All dissolution experiments were performed at  𝑝𝐻 values of 2, 3 and 5 and 

an ionic strength, 𝐼, of 10 mM. The acid inlet solutions were prepared with 

MilliporeTM water and Merck analytical grade NH4Cl and HCl. Composition 

of all inlet solution are listed in Table A.6.9. The concentrations of cations 

released during the dissolution experiment were ≤5% than the ionic strength 

of the inlet solution, i.e. 𝐼 did not change significantly. About 0.5 g of dry rock 

or glass was precisely weighed and introduced in the reactor. 

 

The dissolution reactor was thoroughly cleaned prior to each dissolution 

experiment by circulating a 0.1 mol L-1 HCl solution during 48 hours. The 

desired  𝑝𝐻 inlet solution was then allowed in the reactor for at least another 

24 hours.  The presence of pollution (external source of Si, Al, Fe, Ca, Mg, 

Na and K) in the output solution was then checked by Inductively Coupled 

Plasma-Atomic Emission Spectroscopy (ICP-AES). The dissolution 

experiment could then begin. About 0.5 g (precisely weighed) of dry rock or 

glass powder was introduced in the reactor and the outlet solution was 

collected after 24, 48, 72, 96, 120, 150, 175 and 200 h (the steady state 

dissolution was reached before 200 h in all our dissolution experiments). 

Then, the output solution was filtered through a 0.2 µm hydrophilic 

polypropylene membrane filter and analysed for Si, Al, Fe, Ca, Mg, Na and K 

by Inductively Coupled Plasma-Atomic Emission Spectroscopy (ICP-AES).  
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The detection limit was 10 µg L-1for Si, Na, K and S, 4 µg L-1 for Mn, 3 µg  

L-1 for Fe, 2 µg L-1 for Al, 1.5 µg L-1 for Mg and 0.8 µg L-1 for Ca. The error 

on the ICP-AES analytical measurements was estimated about 1.5% (<50 ppb) 

and 0.5% (50-200 ppb). The concentration of the studied cations in the blank 

solution (pH 4 without rock-glass sample) was: Si 17±2 µg L-1; Ca 5.7±1 µg 

L-1; Na 3±2 µg L-1. Speciation calculations performed with the geochemical 

model PHREEQC 2.6 (Parkhust and Appelo, 1999) indicated that all output 

solutions were undersaturated with respect to any mineral phases. Each 

dissolution experiment was conducted in triplicates. 
 

 

6.2.3. Calculations 

 

Experimental dissolution rates 

 
The concentration of Si in the output solutions were used to calculate the far-

from-equilibrium steady state dissolution rates (𝑟 in mol m-2 s-1): 

 

𝑟 =
𝐶𝑆𝑖 ∙ 𝑓

𝐴 ∙ 𝑚
                  [6.1] 

 
where 𝐶𝑆𝑖  (mol  L-1) designates the aqueous Si concentration in the output 

solution at certain time minus the blank concentration at the beginning of the 

experiment, 𝑓 (L s-1) represents the fluid flow rate, A (m2 g-1) and m (g) refer 

to the specific surface area and mass of the solid placed in the reactor, 

respectively. The surface area used throughout this study was obtained from 

BET analysis (𝐴𝐵𝐸𝑇).  

 

 

Theoretical dissolution rates 

 
We surmise that the steady state, far-from-equilibrium dissolution rates 

measured for the basalt, andesite, dacite and rhyolitic rocks at pH 2, 3 and 5 

can be estimated by combining the dissolution rates of their constitutive glass 

and mineral components. The expression of the theoretical dissolution rate, 

noted 𝑟∗, takes the following form (Gudbrandsson et al., 2011):  

 

𝑟∗ = ∑ 𝑥𝑖
𝑁
𝑖=0 𝑟𝑖

∗                            [6.2] 

 
where 𝑟𝑖

∗ (mol m-2 s-1) is the dissolution rate of the rock’s 𝑖𝑡ℎ component 

(glass, plagioclase, pyroxene, etc.) and 𝑥𝑖 is the relative surface area of the 

rock’s 𝑖𝑡ℎ component, i.e. the ratio of its specific surface area to the total BET 

surface area  𝐴 of the cleaned powdered rock. As a first estimate, 𝑥𝑖 is 

approximated by distributing 𝐴 among its glass and mineral components as a 
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function of their volume fraction. This approach parallels that adopted in 

previous studies (Gudbrandsson et al., 2011; Critelli et al., 2014). The mineral 

volumetric fractions of the basalt, andesite, dacite and rhyolite rocks are 

reported in Table A.6.10. The mineralogy of our rock samples varies but the 

assemblage glass + plagioclases ± pyroxenes typically represents ≥89% of the 

total rock mass (Table 6.1). Therefore, we posited that the dissolution of these 

components drives the rate at which the rock dissolves, i.e. the contribution to 

Si release from dissolution of the minor mineral phases present in the rock is 

neglected in Eq. [6.2].  

 

The individual dissolution rates of the glass, plagioclase and pyroxene (if any) 

constituents present in the crystalline rocks can be computed from existing 

rate laws established for temperature, pH and ionic strength conditions 

comparable to our experimental measurements (Table A.6.11, Gislason and 

Oelkers, 2003; Declerq et al., 2013; Gudbrandsson et al., 2014; Palandri et al., 

2014). Thus, Eq. [6.2] can be rewritten as:  

 

𝑟∗ =  [𝑥𝑔𝑙𝑎𝑠𝑠  ∙  10−5.6 𝑒−(
25.5
𝑅∙ 𝑇

) (
𝑎𝐻+

3

𝑎𝐴𝑙3+
)

𝑔𝑙𝑎𝑠𝑠

1
3

]  

               + [𝑥𝑝𝑙𝑎𝑔𝑖𝑜 ∙ 10−(0.033 𝐴𝑛%+14.77) (
𝑎

𝐻+
3

𝑎𝐴𝑙3+
)

𝑝𝑙𝑎𝑔𝑖𝑜

(0.004 𝐴𝑛%+0.05)

]      

                                     + [𝑥𝑝𝑦𝑟𝑜𝑥 ∙ 10
−(9.02+

80.0 𝑥 103

2.3025 𝑅𝑇
+0.60 𝑝𝐻)

]           [6.3] 

 
where 𝑅 (J mol-1 K-1) is the gas constant, 𝑇 (K) the temperature and 𝑎𝐻+ and 

𝑎𝐴𝑙3+ the aqueous activity of 𝐻+and 𝐴𝑙3+, respectively. Since the dissolution 

experiments were conducted at fixed 𝑝𝐻 conditions, 𝑎𝐻+ is known. We use 

the geochemical code PHREEQC (Parkhust and Appelo, 1999) to compute 

𝑎𝐴𝑙3+ in the outlet solution at steady state.  

 

As indicated in Appendix 6.1, the composition of the glassy component is 

basaltic, andesitic and rhyolitic in the basalt, andesite and dacite and rhyolite 

rocks, respectively. Since the dissolution kinetics of andesitic glass is not 

known, dissolution of the andesite’s glass component was approximated based 

on the rate law of rhyolitic glass as given by Declerq et al. (2013). Plagioclase 

is a continuous solid solution series with endmembers represented by albite 

(NaAlSi3O8) and anorthite (CaAl2Si2O8). Using previous petrological 

descriptions of the studied rocks (see Appendix 6.1), we represent the 

plagioclase constituent as a simple mixture of albite and anorthite in known 

proportions. For pyroxenes, as presented in Appendix 6.1., we represented 

them as a simple mixture of enstatite and wollastonite in know proportions. 
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6.3. RESULTS 

 

6.3.1. Composition of the output solutions  

 
The concentrations of Si, Al, Ca, Mg, Na and K measured at the different time 

points in the output solutions are shown in Figure 6.1 (a-g). The data are also 

presented in Appendix 6.5. Irrespective of the pH of the input solution, the 

dissolution of the basalt and andesite rocks produced much larger (one to two 

orders of magnitude) concentrations of Si in the output solutions compared to 

the dissolution of the dacite and rhyolite. The basalt rock released also more 

Si than the andesite. At pH 2, there was a rapid initial release of Si 

transitioning to a slower and steadier release over time.  

 

 

 
Figure 6.1 (a). Release of Si (µmol L-1) for rock dissolution at 20 °C and pH 2, 3 

and 5 as a function of time for the (a) basalt (b) andesite (c) dacite and (d) 
rhyolite rocks. 
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Figure 6.1 (a) (continued). Release of Si (µmol L-1) for rock dissolution at 20 °C 
and pH 2, 3 and 5 as a function of time for the (a) basalt (b) andesite (c) 

dacite and (d) rhyolite rocks. 
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Figure 6.1 (b). Release of Al (µmol L-1) for rock dissolution at 20 °C and pH 2, 

3 and 5 as a function of time for the (a) basalt (b) andesite (c) dacite and (d) 

rhyolite rocks. 
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Figure 6.1 (b) (continued). Release of Al (µmol L-1) for rock dissolution at 20 

°C and pH 2, 3 and 5 as a function of time for the (a) basalt (b) andesite (c) 

dacite and (d) rhyolite rocks. 
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Figure 6.1 (c). Release of Fe (µmol L-1) for rock dissolution at 20 °C and pH 2, 

3 and 5 as a function of time for the (a) basalt (b) andesite (c) dacite and (d) 

rhyolite rocks. 
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Figure 6.1 (c) (continued). Release of Fe (µmol L-1) for rock dissolution at 20 

°C and pH 2, 3 and 5 as a function of time for the (a) basalt (b) andesite (c) 

dacite and (d) rhyolite rocks. 
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Figure 6.1 (d). Release of Ca (µmol L-1) for rock dissolution at 20 °C and pH 2, 

3 and 5 as a function of time for the (a) basalt (b) andesite (c) dacite and (d) 

rhyolite rocks. 
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Figure 6.1 (d) (continued). Release of Ca (µmol L-1) for rock dissolution at 20 

°C and pH 2, 3 and 5 as a function of time for the (a) basalt (b) andesite (c) 

dacite and (d) rhyolite rocks. 
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Figure 6.1 (e). Release of Mg (µmol L-1) for rock dissolution at 20 °C and pH 2, 
3 and 5 as a function of time for the (a) basalt (b) andesite (c) dacite and (d) 

rhyolite rocks. 
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Figure 6.1 (e) (continued). Release of Mg (µmol L-1) for rock dissolution at 20 
°C and pH 2, 3 and 5 as a function of time for the (a) basalt (b) andesite (c) 

dacite and (d) rhyolite rocks. 
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Figure 6.1 (f). Release of Na (µmol L-1) for rock dissolution at 20 °C and pH 2, 
3 and 5 as a function of time for the (a) basalt (b) andesite (c) dacite and (d) 

rhyolite rocks. 
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Figure 6.1 (f) (continued). Release of Na (µmol L-1) for rock dissolution at 20 
°C and pH 2, 3 and 5 as a function of time for the (a) basalt (b) andesite (c) 

dacite and (d) rhyolite rocks. 
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Figure 6.1 (g). Release of K (µmol L-1) for rock dissolution at 20 °C and pH 2, 3 

and 5 as a function of time for the (a) basalt (b) andesite and (c) dacite rocks. 
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Figure 6.1 (g) (continued). Release of K (µmol L-1) for rock dissolution at 20 °C 
and pH 2, 3 and 5 as a function of time for the (a) basalt (b) andesite and (c) 

dacite rocks. 
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6.3.2 Experimental and theoretical dissolution rates 

  
The steady-state, far-from-equilibrium Si release rates (𝑟) at pH 2, 3 and 5 for 

the basalt, andesite, dacite and rhyolite were calculated using Eq. [6.1]. Rates 

measured in this study are shown in Table 6.2; they range from ~10-11.4 to 10-

8.8 mol m-2 s-1. They are compared to the theoretical rates (𝑟∗) computed by 

applying Eq. [6.3]. The results indicate that the theoretical values are 

systematically higher than the experimental ones by a factor varying within a 

large range, i.e. from ~1.7 up to 155. Although the theoretical rate calculations 

entail significant uncertainties related to variable mineral compositions and 

the effect of reactive solution composition other than pH on rates, the large 

discrepancies between the 𝑟∗ and 𝑟 values already suggest that other variables 

control the overall dissolution rate of the crystalline rocks tested.  
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6.4. DISCUSSION 

 

6.4.1. Element releases  

 
The ratios of the concentration of each element 𝑗 (𝑗 = 𝐴𝑙, 𝐶𝑎, 𝑀𝑔, 𝑁𝑎) relative 

to Si in the output solutions (pH 2, 3 and 5) at steady-state normalized to the 

corresponding ratio in the dissolving rocks (𝑋𝑗) are displayed in Table 6.3. A 

ratio equals to one indicates that the release rate of the element of interest is 

stoichiometric relative to Si. If 𝑋𝑗 is greater (smaller) than one, the element is 

preferentially released (retained in the rock) relative to Si. According to these 

results, Ca, Mg and Na are preferentially released from the rocks at the three 

pH conditions tested in the study, i.e. the release of these cations is non-

stoichiometric at steady-state. The only exception is Ca, which may behave 

stoichiometrically during steady-state dissolution of the basalt at pH 5 and the 

dacite at pH 2. In addition, a 𝑋𝐶𝑎value < 1 is obtained for the dissolution of 

the basalt at pH 3 (but not at pH 2). This result contrasts with the reaction of 

a synthetic crystalline basalt at pH 2.7 in a batch-reactor which led to a 

𝑋𝐶𝑎value > 1 after 300 h of dissolution (Tosca et al., 2004). However, 

Gudbrandsson et al. (2011) also reported sluggish Ca release during steady-

state dissolution of a basalt rock at low pH values (2 and 3) in a mixed flow 

reactor, although they did not provide an explanation for their observation.  

 
The release of Ca and Mg into solution during silicate rock dissolution is an 

important rate-limiting step for atmospheric CO2 consumption through the 

formation of Ca-Mg carbonates (e.g., Oelkers et al., 2008; Gislason et al. 

2009; Schaef et al., 2010; Gudbrandsson et al., 2011). Therefore, we will focus 

on the behaviour of these two cations during dissolution of the basalt, andesite, 

dacite and rhyolite rocks. In crystalline volcanic rocks, plagioclases and glass 

are the main constituents susceptible to release Ca during dissolution. 

Magnesium occurs in more mafic minerals, such as forsterite, olivine, 

pyroxene and amphibole as well as in glass. The mineralogy of the studied 

rocks is given in Appendix 6.1. 
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At steady state (with respect to Si release), 𝑋𝑖 values above 1 may point to 

preferential dissolution of one or several of the rock’s constituents (mineral 

and glass) that would be enriched in cation 𝑖 relative to the bulk rock material. 

The release of Mg from the crystalline basalt at any pH values may reflect 

such behaviour because the Mg/Si ratio in solution matches the ratio reported 

for the rock’s pyroxene. This conforms with the generally higher reactivity of 

pyroxene and olivine compared to basaltic glass and plagioclases (Lasaga 

1984; Schott et al., 1985; Murphy and Helgeson, 1987, 1989; Oelkers et al., 

2001; Pokrovsky and Schott, 2000; Gislason and Oelkers, 2003; 

Gudbrandsson et al., 2014). Similarly, Mg release during the experiment 

dissolution of the andesite and dacite rocks may be driven by the reactivity of 

amphibole and pyroxene, respectively, although in both cases Mg occurs in 

excess of what would be expected from stoichiometric dissolution of the 

minerals. This may reveal the effect of Mg-proton exchange reactions, which 

are faster than the breaking of Si–O–Si bridging bonds. For the rhyolite rock, 

Mg originates only from the glass but the 𝑋𝑀𝑔 value > 1 cannot be attributed 

to stoichiometric dissolution of this constituent since its Mg/Si ratio is much 

smaller than that measured in the output solution (Appendix 6.6). Again, one 

can evoke the rapid release of Mg from the glass through proton exchange 

reactions.  

 

Similar to Mg, the release rate of Ca in the dissolution experiments at pH 2, 3 

and 5 does not scale with the Si release rate. Calcium is a typical constituent 

of glass and plagioclases. Appendix 6.6.3 and Appendix 6.6.4 show that the 

Ca/Si ratio is much higher (100-1000 times) in the output solution than in the 

glass and plagioclase constituents of the dacite and rhyolite rocks. The 

difference is less marked for the andesite experiments and almost nil in the 

case of the basalt (except at pH 3 where the dissolved Ca/Si ratio is lower than 

the solid Ca/Si ratios). Thus, the basalt’s glass and plagioclase may approach 

stoichiometric dissolution at pH 2 and 5. This is clearly not the case of the 

other rock compositions for which the Ca release rates probably relate to fast 

exchange reactions involving protons. The releases of Na and K upon 

dissolution of the four crystalline rock are more erratic but are also likely 

controlled by the variable reactivity of the glass and mineral constituents.  

 

 

6.4.2. Far-from equilibrium steady-state dissolution rates  

 
Previous experimental determinations of dissolution rates of crystalline 

silicate rocks are sparse. Moreover, these were conducted at various 

conditions (different in duration, temperature, solution composition) and 

simple comparison with our results is not straightforward. At pH 3 and 5 (and 

correspondent temperature), our basalt rock dissolves 10 and 4 times, 

respectively, faster than the Stapafell crystalline basalt studied by 
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Gudbrandsson et al. (2011). These authors indicate that their basalt rock did 

not contain glass; its mineralogy being dominated by plagioclase, pyroxene 

and olivine. Using the equation reported by Gislason and Oelkers (2003), the 

dissolution rate of basaltic glass at pH 3 and 25 °C is ~10-8.8 mol m-2 s-1. This 

rate is significantly faster than the values found for plagioclases 

(Gudbrandsson et al., 2014) and pyroxenes (Schott et al., 1985; Murphy and 

Helgeson, 1987, 1989; and Rimstidt and Dove, 1986; Palandri et al., 2004) 

under the same acidity conditions. Thus, the presence of glass (24 wt. %) in 

our basalt rock may account for the comparatively higher dissolution rates at 

pH 3 and 5. However, at pH 2, the dissolution rate reported by Gudbrandsson 

et al. (2011) for the Stapafell crystalline basalt (𝑟 = ~10-9.5 mol m-2 s-1) is close 

to our measurement (𝑟  ~10-9.5 mol m-2 s-1), apparently contradicting our 

previous hypothesis. This point is discussed further below. 

 

The dissolution rates of five andesitic tephra varying slightly in composition 

were determined in batch reactors at pH 4 and room temperature (but not 

reported) by Welch et al. (2015). The authors emphasised that the rate values 

were more representative of mineral reactivity at pH ~5 owing to the 

consumption of protons by the dissolution reaction in the batch reactor. The 

experimentally-derived rates varied between 10-12.1 and 10-11.3 mol m-2 s-1. 

These values are compatible with that inferred in our study for the andesitic 

rock at pH 5 (r ~10-11.2 mol m-2 s-1, Table 6.2). Yokohama and Banfield (2002) 

investigated the dissolution of a powdered glass-dominated rhyolite rock at 

pH 6 and 20 °C using a flow-through reactor. The far-from equilibrium steady-

state dissolution rate was 10-12.3 mol m2 s-1, i.e. a value approximately tenfold 

lower than that derived for our rhyolite rock at pH 5. 

  

At the three pH values tested, 𝑟 tends to decrease with increasing rock Si 

content (Fig. 6.2). Based on a compilation of published dissolution rates for 

natural aluminosilicate glasses and minerals with various compositions, 

Wolff-Boenisch et al. (2006) highlighted an inverse relationship between 𝑟 

and Si:O ratio. The dependency of dissolution rate on composition has been 

explained by considering that the breaking of Si–O–Si bridging bonds is the 

rate limiting step of the dissolution reaction (Brantley and Chen, 1995; 

Brantley, 2003). Our dissolution rate estimates suggest that the same 

reasoning applies to crystalline volcanic rocks, i.e. the bulk Si:O ratio dictates 

the ease with which the rock dissolves, despite the fact that it comprises glass 

and mineral constituents with different Si:O ratio values and in various 

proportions. In addition, dissolution rates increase with decreasing pH (Fig. 

6.2). This is consistent with the dissolution behaviour of silicates where rates 

increase with decreasing pH at acidic conditions and increase with increasing 

pH at basic conditions (e.g., Blum and Lasaga, 1991; Welch and Ullman, 

1993). 
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Figure 6.2. Dissolution rates in function of the Si:O ratio for the basalt 

(Si:O=0.28), andesite (Si:O=0.33), dacite (Si:O=0.35) and rhyolite 
(Si:O=0.38) rocks. 

 

Two dissolution experiments seem to depart from the general behaviour 

described above: the basalt rock at pH 2 which produced a 𝑟 value comparable 

to that derived for the andesite at the same pH, and the rhyolite rock at pH 5 

which dissolved at a rate on par with that of the dacite at the same pH. The 

dissolution of the crystalline basalt at pH 2 is also more than five times slower 

than at pH 3 (Table 6.2), a result that does not conform with the known pH-

dependency of reaction rate. Therefore, we suspect a systematic error in the 

measurement of dissolved Si concentration in the output solution from the pH 

2 dissolution experiment. The similar dissolution behaviour of the dacite and 

rhyolite rocks at pH 5 could relate to a diminution of the effect of increasing 

Si:O ratio on the dissolution rate of S-rich rocks as the pH of the reactive 

solution increases. 

 

 

6.4.3. Theoretical dissolution rates versus experimental dissolution 

rates 
  

According to the results reported in Table 6.2, Eq [6.2] overestimates, in some 

cases largely, the actual rock dissolution rates, although no simple pattern 

could be inferred. This may indicate that the theoretical contribution of one or 

several reactive components to Si release is larger than that measured at the 

end of the dissolution experiment at steady state. Some authors emphasize that 

the chemical dissolution rate of a crystalline rock is influenced by the 
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abundances of its lower-reactivity mineral constituents (White and Brantley, 

2003; Wigley et al., 2013). In other words, the presence of a small amount of 

a low-reactivity phase in a rock may produce a large reduction in its overall 

dissolution rate (Israeli and Emmanuel, 2018). Conversely, major mineral 

constituents may limit exposure of the minor phases to the reactive solution 

(Critelli et al., 2014). In addition, the proportions of the glass and mineral 

surface areas that can react with the solution change with time as dissolution 

does not progress at the same pace for the rock constituents. These 

considerations call for a reassessment of our initial assumption that the 

reactive surface areas of the glass and minerals initially present in the basaltic, 

andesite, dacite and rhyolite rocks are directly proportional to the volume 

fractions that these components occupy.  

 

Critelli et al. (2014) found that the dissolution rates of major minerals present 

in a metabasalt are not influenced by the presence of other and less abundant 

minerals. The authors suggested that the same conclusion applies to multi-

mineral rocks. In our study, the andesite and dacite rocks contain minor 

pyroxenes and amphibole, respectively (Table 6.1). Thus, we repeated the 

dissolution rate calculations but the value of xi associated with the pyroxenes 

(andesite) and amphibole (dacite) terms in Eq [6.2] was reduced iteratively 

until obtaining a good match between the estimated and measured dissolution 

rate (i.e. r* ⁄ r ~1±0.5). As shown in Table 6.4, this approach reconciled the 

calculated and experimental values satisfactorily, possibly implying that the 

dissolution rates measured for pure glass and plagioclase minerals are 

approximately equal to corresponding rates during dissolution of the andesite 

and dacite rocks.  

 

In the cases of the basalt and rhyolite samples, neither a mineral phase nor the 

glass can a priori be neglected in the theoretical calculation of the whole rock 

dissolution rate since these constituents are major ones (Table 6.1). 

Nevertheless, we note that the experimentally-derived rates of dissolution of 

the rhyolite at pH 2, 3 and 5 are close to the dissolution values reported for 

rhyolitic glass in the same pH window, but are significantly slower than those 

predicted for plagioclase dissolution at the same acidity conditions (Fig. 6.3). 

This may reflect a minor contribution from plagioclases to Si release during 

dissolution of the rhyolite rock. Accordingly, we obtain a good agreement 

between the measured and calculated dissolution rates by neglecting or 

decreasing the relative surface area of plagioclases in Eq. [6.2] (Table 6.4). 
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Figure 6.3. Graphs showing the dissolution rates of glass, plagioclase 

and pyroxene at pH 2, 3 and 5 as derived from their characteristic rate 
laws (Table A.6.11). The dissolution rate values measured 

experimentally for the (a) basalt, (b) andesite, (c) dacite and (d) 
rhyolite rocks are also plotted. 
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Figure 6.3 (continued). Graphs showing the dissolution rates of glass, 
plagioclase and pyroxene at pH 2, 3 and 5 as derived from their 

characteristic rate laws (Table A.6.11). The dissolution rate values 
measured experimentally for the (a) basalt, (b) andesite, (c) dacite and 

(d) rhyolite rocks are also plotted. 
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The dissolution rates determined at pH 2, 3 and 5 for the basalt rock, which is 

comprised of three major components (i.e. glass, plagioclases and pyroxenes), 

depart significantly from the theoretical estimates (Table 6.2). At pH 2, the 

measured rate value is compatible with that at which dissolution of individual 

plagioclases occurs, although this observation must be weighed against the 

possibility that Si release was underestimated (see above). At pH 3 and 5, it is 

close to the dissolution rate of basaltic glass (Fig. 6.3). The dissolution of 

wollastonite and enstatite is much faster and slower, respectively, than those 

determined for the basalt rock hosting them. Based on these observations, 

there is no solid rationale for adjusting the relative surface areas of the three 

main rock constituents. Rather, we surmise that they all drive dissolution of 

the basalt rock, but no simple behaviour can be deciphered. 
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6.5. CONCLUSIONS 

 
Regarding the composition of the output solutions in the dissolution 

experiments, irrespective of the pH of the input solution, the dissolution of the 

basalt and andesite rocks produced much larger (one to two orders of 

magnitude) concentrations of Si compared to the dissolution of the dacite and 

rhyolite. The basalt rock released also more Si than the andesite. The release 

of Al during rock dissolution was always highest at pH 2. The evolution of the 

concentrations of Ca, Mg, Na and K over time was more erratic and no simple 

pattern could be inferred. Calcium, Mg and Na are preferentially released from 

the rocks at the three pH conditions tested in the study, i.e. the release of these 

cations is non-stoichiometric at steady-state. 

 

At the three pH values tested (2, 3 and 5), experimental dissolution rates 

tended to decrease with increasing rock Si content. The bulk Si:O ratio 

dictated the ease with which the rock dissolves, despite the fact that it 

comprises glass and mineral constituents with different Si:O ratio values and 

in various proportions. In addition, dissolution rates increased with decreasing 

pH. 

 

Theoretical dissolution rates for the rocks studied were calculated assuming 

that the reactive surface areas of the glass and minerals initially present in 

them are directly proportional to the volume fractions that these components 

occupy. The theoretical values were systematically higher than the 

experimental ones by a factor varying within a large range, i.e. from ~1.7 up 

to 155, suggesting that other variables control the overall dissolution rate of 

the crystalline rocks tested.  

 

A second approach was proposed to calculate the dissolution rate values of the 

rocks, in which the adjustment of the relative surface areas of the main rock 

constituents was considered. This second approach reconciled the calculated 

and experimental values satisfactorily for andesite, dacite and rhyolite rocks. 

Thus, dissolution rates measured for pure glass and plagioclase minerals were 

approximately equal to corresponding rates during dissolution of the andesite 

and dacite rocks, with no influence of the minor rock components, pyroxenes 

and amphibole, respectively. In the case of the rhyolitic rock, this approach 

reflected a minor contribution from plagioclases to Si release during 

dissolution. However, in the case of basalt, there was no solid rationale for 

adjusting the relative surface areas of the three main rock constituents (i.e. 

glass, plagioclases and pyroxenes), suggesting a more complex behaviour.  
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Appendix 6.1. Mineralogical analysis of the studied samples 

 

A.6.1.1. Basaltic rock: Katla (E-934) 

 

The only historical eruption in the Katla system outside of the central volcano 

was the 934-940 AD Eldjá Fires, which is the largest known flood-lava 

eruption on Earth during the historical period. Eldjá lava is characterised as a 

transitional alkali basalt (Oladóttir, 2005, 2007). The 934 AD Eldgjá products 

are sparsely porphyritic (≤2 vol. %) transitional alkali basalts, containing ≤ 2 

mm subhedral to euhedral phenocryst of plagioclase (An65-92), clinopyroxene 

(En40Fs17Wo43-En46Fs8Wo46), olivine (Fo70-89), and magnetite.  The bulk of the 

erupted tephra has groundmass glass compositions identical to and slightly 

more evolved than the whole-rock compositions (Thordarson et al. 2001). The 

chemical composition of Katla rock and its components is presented in Table 

A.6.1.  

 

Table A.6.1. Chemical composition of Katla rock and its components (wt. %). 

Component 

(wt. %) 

Whole 

Rock [1] 

Glass [1] Plagioclase 

[2] 

Pyroxene[2] 

SiO2 46.97 47.01 57.65 54.04 

TiO2 4.46 4.67   

Al2 O3 12.74 12.57 26.60  

Fe2 O3 15.34 15.77   

MnO 0.21 0.23   

MgO 5.28 5.07  24.71 

CaO 10.06 10.01 8.49 21.24 

Na2O 2.89 2.87 5.88  

K2O 0.69 0.75 1.37  

P2O5 0.52 0.52   

An (%)   41  

Ab (%)   50  

Or (%)   8  

En (%)    43 

Fs (%)    13 

Wo (%)    44 
[1]Thordarson et al. (2001) [2] Calculated from data of Jakobsson (1979) 
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The chemical formula for the main constituents of the basaltic rock is 

presented in Table A.6.2: 

Table A.6.2. Chemical formula of the main components of Katla rock. 

Rock Chemical Formula 

Whole rock 

Glass 

Plagioclase 

Pyroxene 

Al0.32Ca0.32Fe0.24K0.02Mg0.17Na0.12SiO3.57 

Al0.31Ca0.32Fe0.25K0.02Mg0.16Na0.12SiO3.57 

Al1.36Ca0.56K0.08Na0.51Si2.55O8 

Ca1.08Mg1.25Si1.83O6 
 

References 

Jakobsson, S.P. (1979) Petrology of Recent basalt of the Eastern Volcanic 

Zone, Iceland. Acta Naturalia Islandica 26. pp. 37-38. 

 

Oladóttir, B. A., Sigmarsson, O., Larsen G., Thordarson, T. (2007) Katla 

volcano, Iceland: magma composition, dynamics and eruption frequency as 

recorded by Holocene tephra layers. Bull Volcanol 70:475-493 

 

Oladóttir, B. A., Larsen, G., Þórðarson, Þ., Sigmarsson, O. (2005) The Katla 

volcano S-Iceland: Holocene tephra stratigraphy and eruption frequency. 

JÖKULL No. 55. 53-74. 

 

Thordarson, T., Miller, D.J., Larsen, G., Self, S., Sigurdsson, H. (2001) New 

estimates of sulfur degassing and atmospheric mass-loading by the 934 AD 

Eldgjá eruption, Iceland. Journal of Volcanology and Geothermal Research 

108. 33-54. 
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A.6.1.2. Andesitic rock: Tungurahua (TUNG-PS-25B Glassy block 14 

July 2006) 

 

The Tungurahua rock is a juvenile glassy block. Juveniles blocks from the 

pyroclastic flow deposits are dark, vesicular, porphyritic (~10-20 vol. % 

phenocrysts) andesites. The mineral assemblage consists of plagioclase, 

clinopyroxene, orthopyroxene and magnetite, with scarce olivine cyrstals. 

Plagioclase is the most abundant phenocryst phase (5-15 vol. %). 

Clinopyroxene phenocrysts (2-4 vol. %) show diopsidic or augitic 

compositions. Orthopyroxene appears in andesitic samples as euhedral 

phenocryst or microphenocryst (2-4 vol. %). Olivine is an accessory phase in 

andesitic samples (<1 vol. %). Fe-Ti oxides appear as microphenocrysts and 

microlites in the matrix (<1-2 vol. %), as well as inclusions in clinopyroxene, 

orthopyroxene, and plagioclase phenocrysts. They correspond to 

titanomagnetite crystals (8-14 wt. % TiO2). The July 14th samples show dacitic 

glass (64.7±1.6 wt. % SiO2) (Samaniego, 2011). The chemical composition of 

Tungurahua rock and its components is presented in Table A.6.3.  

 

Table A.6.3. Chemical composition of Tungurahua rock and its components 
(wt. %). 

Component 

(wt. %) 

Whole 

Rock 
[1] 

Glass[1] 

[2] 

Pl [1] Pyroxene[1] Olivine 
[1] 

    Cl-Px O-Px  

SiO2 57.9 62.84 57.73 50.28 51.94 37.32 

TiO2 0.87 0.87 0.01 0.72 0.38 0.04 

Al2 O3 16.8 6.25 29.19 3.42 1.17 0.03 

Fe2 O3 7.32 13.27 0.79[3] 9.56[3] 19.91[3] 26.60[3] 

MnO 0.11 0.18 0.00 0.28 0.45 0.40 

MgO 4.33 5.65 0.03 14.47 23.37 35.19 

CaO 6.88 2.94 8.99 19.68 1.77 0.14 

Na2O 3.95 2.51 6.18 0.43 0.06 0.03 

K2O 1.69 3.59 0.66  0.02  

P2O5 0.25 0.66     

An (%)   42.91    

Ab (%)   53.37    

Or (%)   3.72    

En (%)    42.40 64.75  
Fs (%)    16.19 31.70  
Wo (%)    41.40 3.55  

[1] Samaniego et al. (2011) [2] Calculated from data of Samaniego et al. 

(2011) [3] Total iron as FeO.                                                                           

Pl: plagioclase; Cl-Px: clinopyroxene; O-Px: orthopyroxene 
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The chemical formula for the main constituents of the andesitic rock is 

presented in Table A.6.4: 

Table A.6.4. Chemical formula of the main components of Tungurahua rock. 

Rock Chemical Formula 

Whole rock 

Glass 

Plagioclase 

Al0.34Ca0.18Fe0.1K0.04Mg0.11Na0.13SiO3.06 

Al0.11Ca0.07Fe0.17K0.07Mg0.13Na0.08SiO2.78 

Al1.46Ca0.57Fe0.02K0.03 Mg0.002Na0.51Si2.46O8 

 

References 

Samaniego, P., Le Pennec, J., Robin, C. and Hidalgo, S. (2011) Petrological 

analysis of the pre-eruptive magmatic process prior to the 2006 explosive 

eruptions at Tungurahua volcano (Ecuador) Journal of Volcanology and 

Geothermal Research 199 (2011) 69-84 
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A.6.1.3. Dacitic rock: Guagua Pichincha (PICH 158 B) 

 

The dacitic rock sample is from the 1999 Guagua Pichincha eruption (PICH 

158 B). According to García-Aristizabal et al. (2007) and Samaniego et al. 

(2010) the dacite is porphyritic (~30-35 vol. %) with phenocrysts of 

plagioclase (10-20 vol. %), amphibole (<10 vol. %), orthopyroxene (<5 vol. 

%) and Fe-Ti oxides (<1-2 vol. %). The groundmass in mostly glass with a 

rhyolitic composition (73.1-79.6 wt. % SiO2). Plagioclase is the most 

abundant phenocryst, with a euhedral form and a wide compositional range 

(An30-80). Amphibole is the most important mafic mineral. Guagua Pichincha 

amphibole divides into two compositional groups: (1) low-Al amphiboles 

(mostly magnesium-hornblendes, with 5.3-10.5 wt. % Al2O3); and (2) high-

Al amphiboles (scarce tschermakite and magnesium-hastingsite, with 10.9-

14.7 wt. % Al2O3). In Table A.6.5., the chemical composition of Guagua 

Pichincha rock and its components is presented.  

 

Table A.6.5. Chemical composition of Guagua Pichincha rock and its 

components (wt. %). 

Component 

(wt. %) 
Whole 

Rock [1] 

Glass [2] Plagioclase 
[1] 

Amphibole 
[1] 

SiO2 62.42 75.87 54.6 43.89 

TiO2 0.48 0.97 0.02 1.44 

Al2 O3 16.33 1.81 28.05 11.02 

Fe2 O3 5.98 13.05 0.23 13.05 

MnO 0.09 0.18 0.02 0.20 

MgO 3.72 0.55 0.001 13.61 

CaO 5.49 - 10.78 10.72 

Na2O 3.97 3.12 5.16 1.99 

K2O 1.58 4.07 0.22 0.54 

P2O5 0.14 0.39 0.00 0.04 

An (%)   36.60  

Ab (%)   62.37  

Or (%)   1.03  
[1] Samaniego et al. (2010) [2] Calculated from data of Samaniego et al. 

(2010) [3] Total iron as FeO. 
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The chemical formula for the main constituents of the dacitic rock is presented 

in Table A.6.6: 

Table A.6.6. Chemical formula of the main components of Guagua Pichincha 

rock. 

Rock Chemical Formula 

Whole rock 

Glass 

Plagioclase 

Al0.31Ca0.13Fe0.07K0.03Mg0.09Na0.12SiO2.89 

Al0.02Fe0.13K0.07Mg0.01Na0.08SiO2.36 

Al1.46Ca0.72Fe0.08K0.012Na0.44Si2.42O8 

 

References 

Garcia-Aristizabal, A., Kumagai H., Samaniego, P., Mothes, P., Yepes H., 

Monzier, M. (2007) Seismic, petrologic, and geodetic analyses of the 1999 

dome-forming eruption of Guagua Pichincha volcano, Ecuador. Journal of 

Volcanology and Geothermal Research 161 (2007) 333–351. 

Samaniego, P., Robin, C., Chazot, G., Bourdon E. and Cotten Joseph (2010) 

Evolving metasomatic agent in the Northern Andean subduction zone, 

deduced from magma composition of the long-lived Pichincha volcanic 

complex (Ecuador) Contrib Mineral Petrol (2010) 160:239–260. 
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A.6.1.4. Rhyolitic rock: Puyehue (PUY_2013_003) 

 

The Puyehue-Cordón Caulle volcanic complex is located in the Southern 

Volcanic Zone of the Chilean Andes. The erupted products of the 2013 

activity are mainly rhyolitic, containing approximately 69.5 wt. % SiO2. The 

phenocryst assemblage comprises the following euhedral phases, in order of 

decreasing abundance: plagioclase, orthopyroxene, clinopyroxene, magnetite 

and ilmenite. Accessory phases include apatite and pyrhotite. The crystals 

often form intergrowth clusters but may also be found separate and enclosed 

in highly vesicular microlite-free glass. The plagioclase phenocrysts contain 

about 37 mol % anorthite. Plageoclase phenocrysta assemblage may include 

som rare Ca-rich plagioclase. Pyroxene occurs as both ortho- and 

clinopyroxene (Castro et al., 2013, Schipper et al., 2015). In Table A.6.7., the 

chemical composition of Puyehue rock and its components is presented.  

 

Table A.6.7. Chemical composition of Puyehue rock and its components (wt. 

%). 

Component 

(wt. %) 
Whole 

Rock [1] 

Glass 
[2]  

Plagioclase  
[2] 

Pyroxene  
[2] 

Fe-Ti 

oxides[2]  

SiO2 69.95 75.58  65.03 50.60 11.95 

TiO2 0.70 0.52 0.12 0.65 16.47 

Al2 O3 14.35 11.31 20.55 0.94 2.24 

Fe2 O3 4.66 2.56 0.74 28.47 61.97 

MnO 0.12 0.09 0.01 1.42 0.96 

MgO 0.55 0.09 0.03 11.95 1.98 

CaO 2.29 0.45 4.39 5.74 0.90 

Na2O 5.13 2.54 7.27 0.21 0.80 

K2O 2.75 4.70 1.09 0.14 0.33 

P2O5 0.12 - - - - 

An (%)   30.94   

Ab (%)   62.83   

Or (%)   6.23   
[1] Castro et al., (2013) [2] Major and minor element compositions of all 

crystalline phases and glassy groundmasses were determined by EPMA 

using the JEOL Superprobe at the Institut für Geowissenschaaften, 

University of Mainz. 
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The chemical formula for the main constituents of the rhyolitic rock is 

presented in Table A.6.8: 

Table A.6.8. Chemical formula of the main components of Puyehue rock. 

Rock Chemical Formula 

Whole rock 

Glass 

Plagioclase 

Al0.24Ca0.05Fe0.05K0.05Mg0.012Na0.14SiO2.46 

Al0.17Ca0.009Fe0.002K0.08Mg0.002Na0.06SiO2.36 

Al1.06Ca0.29Fe0.02K0.06 Mg0.002Na0.62Si2.86O8 

 

References 

Castro, J.M., Schipper, C.I., Mueller, S.P., Militzer, A.S., Amigo, A., et al. 

(2013) Storage and eruption of near-liquidus rhyolite magma at Cordón 

Caulle, Chile. Bulletin of Volcanology, Springer Verlag, 75 (702), pp.1-17. 

 

Castro, J.M. & Dingwell, D., B., (2009) Rapid ascent of rhyolitic magma at 

Chaitén volcano Chile. Nature. Vol461. 780-783. 

 

Schipper, C.I, Castro, J.M., Tuffen, H., Wadsworth, F.B., Chappell, D., 

Pantoja, A.E., Simpson, M.P., Le Ru, E.C. (2015) Cristobalite in the 2011-

2012 Cordón Caulle eruption. Bull Volcanol 77:34. 

 

 

 

Appendix 6.2. Experimental conditions 

Table A.6.9. Composition of the input solutions used in the dissolution 

experiments. 

pH (20°C) HCl (mol/L) NH4Cl (mol/L) 

2 0.01  

3 0.001 0.00900 

5 0.00001 0.00999 
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Appendix 6.3. Mineral volumetric fractions of the basalt, andesite, 

dacite and rhyolite rocks 

 

Ta
b

le
 A

.6
.1

0
. M

in
er

al
 v

o
lu

m
et

ri
c 

fr
ac

ti
o

n
s 

o
f 

th
e 

b
as

al
t,

 a
n

d
es

it
e,

 d
ac

it
e 

an
d

 r
h

yo
lit

e 
ro

ck
s.

 

 
 

 

  
G

la
s
s
 

P
la

g
io

c
la

s
e
 

P
y
ro

x
e
n

e
 

O
li

v
in

e
 

A
m

p
h

ib
o

le
 

F
e
-T

i 

o
x

id
e
s 

A
p

a
ti

te
 

R
o

c
k

 
  

  
  

v
o

l.
%

 
  

  
  

B
a
s
a
lt

 
2
6
.8

 
4
0
.5

 
2
4
.9

 
3
.7

 
  

3
.9

 
  

A
n

d
e
s
it

e
 

3
7
.9

 
4
9
.7

 
9
.8

 
2
.3

 
  

  
  

D
a
c
it

e
 

3
2
.6

 
5
3
.8

 
4
.9

 
  

7
.7

 
  

0
.9

 

R
h

y
o

li
te

 
6
5
.6

 
3
0
.6

 
3
.0

 
  

  
0
.8

 
  

 



 

246 
 

Appendix 6.4. Estimated dissolution rates based on kinetics laws 

of glasses (basaltic and rhyolitic) and plagioclase from literature 

Table A.6.11. Dissolution kinetic laws for pure silicate minerals and volcanic 
glasses. 

 Kinetic law 

AMORPHOUS 

𝑟+ = 𝐴 𝑒
−(

𝐸𝑎
𝑅 𝑇

)
 (

𝑎𝐻+
3

𝑎𝐴𝑙3+
)

1/𝑛

 

Basaltic glassa 

(48 wt.% SiO2) 

 

 rGlass+Si (mol cm−2 s−1)

= 10−5.6 𝑒
−(

25.5 𝑘𝐽/𝑚𝑜𝑙
𝑅 𝑇

)
 (

𝑎𝐻+
3

𝑎𝐴𝑙3+
)

1/3

 

 

Rhyolitic glassb 

(70 wt.% SiO2) 

 

 rGlass+Si (mol cm−2 s−1)

= 1.4 𝑥10−5 𝑒
−(

55.15 𝑘𝐽/𝑚𝑜𝑙
𝑅 𝑇

)
 (

𝑎𝐻+
3

𝑎𝐴𝑙3+
)

1/11.1

  

 

CRYSTALLINE   

Feldspar  

(Plagioclase)c 

 

For pH<6 

log rplagio+Si = (0.004 An% + 0.05) log (
𝑎𝐻+

3

𝑎𝐴𝑙3+
)

− 0.033An% − 14.77 

∗ log rplagio+Si  [mol cm−2 s−1] 

** An% represents the percent anorthite in the 

plagioclase solid solution 

Pyroxene  

 (Enstatite)d 

 
 log rEnstatite+Si (mol m−2 s−1) = −9.02

−
80.0 𝑥 103

2.3025 𝑅𝑇
− 0.60 𝑝𝐻 

(Wollastonite)e 

 
 log rWollastonite+Si (mol m−2 s−1) = −5.37

−
54.7 𝑥 103

2.3025 𝑅𝑇
− 0.40 𝑝𝐻 

Amphibole  

Hornblendef 

 
 log rHornblende+Si (mol m−2 s−1) = −7.00

−
75.5 𝑥 103

2.3025 𝑅𝑇
− 0.6 𝑝𝐻 

 
Taken from (a) Gislason et al. (2003) (b) Declerq et al. (2012) (c) Gudbransson et 

al. (2014) (d) Palandri et al. (2004). Based on Schott et al. (1985) (e) Palandri et al. 

(2004). Based on Murphy and Helgeson (1987; 1989) and Rimstidt and Dove (1986) 

(f) Palandri et al. (2004). Based on Sverdrup (1990). 
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Appendix 6.5. Average concentrations (µmol L-1, three 

replicates) of Si, Al, Fe, Ca, Mg, Na and K in the output solutions 

as measured during the dissolution of the basalt, andesite, dacite 

and rhyolite rocks 
 

BASALT 

pH 2 

 

Time (h) 
Average 

Si(µmol L-1) 
Standard 

deviation 
Average 

Al(µmol L-1) 
Standard 

deviation 
24 199.98 10.33 4.64 0.23 
48 78.30 8.07 4.00 0.08 
72 36.77 2.20 3.82 0.06 
96 25.79 6.83 3.85 0.10 

120 10.95 1.38 3.49 0.17 
150 6.85 0.76 3.54 0.04 
175 4.73 0.42 3.63 0.05 
200 3.22 0.27 3.49 0.11 

 

Time (h) 
Average 

Fe(µmol L-1) 
Standard 

deviation 
Average 

Ca(µmol L-1) 
Standard 

deviation 
24 263.63 13.41 34.01 3.34 
48 89.79 9.73 6.59 1.70 
72 37.70 2.27 1.71 0.46 
96 19.19 1.65 1.29 0.57 

120 9.95 1.53 2.46 2.12 
150 5.82 0.97 1.79 0.76 
175 3.63 0.42 0.66 0.15 
200 2.31 0.27 1.64 0.89 

 

 

Time (h) 
Average 

Mg(µmol L-1) 
Standard 

deviation 
Average 

Na(µmol L-1) 
Standard 

deviation 
24 124.06 5.60 2.09 0.26 
48 62.70 5.42 2.93 1.18 
72 32.99 1.71 1.23 0.66 
96 18.58 1.38 1.03 0.40 

120 10.03 1.42 1.73 0.80 
150 5.74 0.80 1.39 0.24 
175 3.49 0.47 0.81 0.31 
200 2.01 0.27 0.83 0.36 

 



 

248 
 

BASALT 

pH 2 

Time (h) 
Average 

K(µmol L-1) 
Standard 

deviation 
24 0.26 0.05 
48 0.28 0.15 
72 0.04 0.02 
96 0.19 0.05 
120 0.42 0.18 
150 0.46 0.35 
175 0.18 0.12 
200 0.39 0.28 

 

BASALT 

pH 3 

 

Time (h) 
Average 

Si(µmol L-1) 
Standard 

deviation 
Average 

Al(µmol L-1) 
Standard 

deviation 
24 28.32 1.24 1.88 0.27 
48 45.83 2.79 1.07 0.09 
72 44.82 3.63 0.80 0.09 
96 40.57 2.53 0.66 0.07 

120 34.04 2.37 0.54 0.07 
150 30.72 1.62 0.52 0.05 
175 27.10 1.89 0.51 0.07 
200 23.03 1.36 0.47 0.06 

 

Time (h) 
Average 

Fe(µmol L-1) 
Standard 

deviation 
Average 

Ca(µmol L-1) 
Standard 

deviation 
24 38.80 1.21 42.16 5.29 
48 60.94 3.60 20.75 2.04 
72 58.24 4.71 11.51 1.46 
96 50.91 3.11 6.47 0.93 

120 41.57 2.81 4.62 1.45 
150 36.29 1.83 1.36 0.42 
175 31.24 2.07 0.97 0.73 
200 26.16 1.35 0.45 0.22 
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BASALT 

pH 3 

 

Time (h) 
Average 

Mg(µmol L-1) 
Standard 

deviation 
Average 

Na(µmol L-1) 
Standard 

deviation 
24 14.38 0.68 1.43 0.21 
48 25.56 1.47 3.78 2.18 
72 26.67 1.80 0.81 0.12 
96 25.94 1.71 0.74 0.18 

120 23.21 1.60 1.52 0.86 
150 22.08 1.18 0.52 0.11 
175 20.09 1.35 0.63 0.22 
200 17.74 1.05 0.47 0.14 

 

Time (h) 
Average 

K(µmol L-1) 
Standard 

deviation 
24 0.40 0.18 
48 0.29 0.13 
72 0.17 0.01 
96 0.18 0.02 
120 0.50 0.32 
150 0.16 0.05 
175 0.23 0.09 
200 0.15 0.03 

 

BASALT 

pH 5 

 

 

Time (h) 
Average 

Si(µmol L-1) 
Standard 

deviation 
Average 

Al(µmol L-1) 
Standard 

deviation 
24 0.54 0.16 0.18 0.01 
48 0.66 0.18 0.09 0.01 
72 0.56 0.12 0.06 0.00 
96 0.40 0.11 0.07 0.01 

120 0.25 0.11 0.07 0.00 
150 0.37 0.10 0.06 0.01 
175 0.44 0.03 0.05 0.02 
200 0.32 0.09 0.04 0.00 

 

 

 



 

250 
 

BASALT 

pH 5 

 

Time (h) 
Average 

Fe(µmol L-1) 
Standard 

deviation 
Average 

Ca(µmol L-1) 
Standard 

deviation 
24 0.72 0.08 1.28 0.43 
48 1.17 0.12 0.40 0.14 
72 1.15 0.07 0.30 0.16 
96 1.17 0.06 0.25 0.22 

120 1.16 0.07 0.13 0.06 
150 1.33 0.10 0.18 0.16 
175 1.56 0.24 0.14 0.03 
200 1.43 0.14 0.14 0.05 

 

Time (h) 
Average 

Mg(µmol L-1) 
Standard 

deviation 
Average 

Na(µmol L-1) 
Standard 

deviation 
24 0.11 0.04 0.78 0.15 
48 0.20 0.02 0.65 0.24 
72 0.19 0.03 0.43 0.10 
96 0.18 0.03 0.43 0.05 

120 0.16 0.01 0.32 0.02 
150 0.22 0.01 0.34 0.06 
175 0.24 0.07 0.21 0.03 
200 0.20 0.02 0.23 0.06 

 

 

ANDESITE 

pH 2 

 

Time (h) 
Average 

Si(µmol L-1) 
Standard 

deviation 
Average 

Al(µmol L-1) 
Standard 

deviation 
24 4.05 0.21 3.72 0.18 

48 3.01 0.17 3.24 0.20 

72 2.61 0.14 3.00 0.16 

96 2.58 0.17 3.02 0.21 

120 2.36 0.15 2.91 0.22 
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ANDESITE 

pH 2 

 

 

Time (h) 
Average 

Fe(µmol L-1) 
Standard 

deviation 
Average 

Ca(µmol L-1) 
Standard 

deviation 
24 1.29 0.08 68.05 0.46 

48 0.86 0.04 3.09 0.17 

72 0.67 0.04 1.35 0.18 

96 0.65 0.04 1.79 0.19 

120 0.58 0.03 3.81 1.59 

 

Time (h) 
Average 

Mg(µmol L-1) 
Standard 

deviation 
Average 

Na(µmol L-1) 
Standard 

deviation 
24 4.81 1.10 21.85 15.27 

48 2.92 0.17 7.28 1.07 

72 2.56 0.43 13.02 2.13 

96 2.39 0.56 1.73 0.55 

120 5.19 2.08 29.88 17.57 

 

Time (h) 
Average 

K(µmol L-1) 
Standard 

deviation 
24 0.48 0.24 

48 0.10 0.04 

72 0.21 0.05 

96 0.11 0.02 

120 1.63 0.86 

 

 

ANDESITE 

pH 3 

 

Time (h) 
Average 

Si(µmol L-1) 
Standard 

deviation 
Average 

Al(µmol L-1) 
Standard 

deviation 
24 1.18 - 0.47 0.01 

48 0.69 0.02 0.39 0.02 

72 0.64 0.02 0.35 0.03 

96 0.50 - 0.29 0.02 

120 0.45 0.04 0.26 0.01 

150 0.42 0.03 0.34 0.01 

175 0.38 0.06 0.31 0.03 
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ANDESITE 

pH 3 

 

 

Time (h) 
Average 

Fe(µmol L-1) 
Standard 

deviation 
Average 

Ca(µmol L-1) 
Standard 

deviation 
24 0.44 0.05 0.96 0.18 

48 0.26 0.02 0.51 0.21 

72 0.23 0.02 0.24 0.04 

96 0.19 0.02 0.18 0.14 

120 0.18 0.02 1.69 0.86 

150 0.22 0.02 0.77 0.07 

175 0.16 0.03 0.18 0.09 

 

 

Time (h) 
Average 

Mg(µmol L-1) 
Standard 

deviation 
Average 

Na(µmol L-1) 
Standard 

deviation 
24 3.84 0.15 21.76 0.15 

48 0.83 0.08 1.81 0.26 

72 0.75 0.09 1.31 0.38 

96 0.70 0.03 1.24 0.12 

120 0.90 0.10 2.70 0.53 

150 0.65 0.05 1.57 0.05 

175 0.62 0.21 2.32 1.07 

 

 

Time (h) 
Average 

K(µmol L-1) 
Standard 

deviation 
24 0.56 0.03 

48 0.23 0.03 

72 0.12 0.01 

96 0.12 0.03 

120 0.21 0.04 

150 0.24 0.19 

175 0.13 0.07 
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ANDESITE 

pH 5 

 

Time (h) 
Average 

Si(µmol L-1) 
Standard 

deviation 
Average 

Al(µmol L-1) 
Standard 

deviation 
24 0.16 0.06 0.33 0.15 

48 0.19 0.04 0.10 0.05 

72 0.08 0.04 0.04 0.01 

96 0.06 0.04 0.03 0.01 

120 0.06 0.03 0.03 0.01 

150 0.06 0.04 0.03 0.01 

175 0.04 0.01 0.01 0.002 

200 0.02 0.01 0.01 0.005 

 

 

Time (h) 
Average 

Fe(µmol L-1) 
Standard 

deviation 
Average 

Ca(µmol L-1) 
Standard 

deviation 
24 0.15 0.02 0.21 0.04 

48 0.07 0.02 1.03 0.78 

72 0.08 0.02 0.81 0.17 

96 0.06 0.02 1.12 0.50 

120 0.04 0.02 0.54 0.19 

150 0.03 0.02 0.77 0.27 

175 0.002 0 3.67 1.66 

200 - - 0.68 0.35 

 

 

Time (h) 
Average 

Mg(µmol L-

1) 

Standard 

deviation 

Average 

Na(µmol L-

1) 

Standard 

deviation 

24 0.24 0.03 0.95 0.04 

48 0.57 0.35 2.30 1.83 

72 0.38 0.04 1.81 0.32 

96 0.53 0.13 3.17 1.57 

120 0.75 0.22 4.83 1.70 

150 0.63 0.17 3.46 1.02 

175 3.44 0.90 33.46 13.65 

200 1.05 0.40 5.22 1.43 
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ANDESITE 

pH 5 

 

Time (h) 
Average 

K(µmol L-1) 
Standard 

deviation 
24 0.07 0.03 

48 0.46 0 

72 0.32 0.18 

96 0.16 0.08 

120 0.15 0.06 

150 0.14 0.03 

175 0.98 0.21 

200 0.22 0.10 

 

 

 

 

 

DACITE 

pH 2 

 

 

Time (h) 
Average 

Si(µmol L-1) 
Standard 

deviation 

Average 

Al(µmol L-

1) 

Standard 

deviation 

24 1.55 0.15 2.62 0.23 

48 1.28 0.14 2.19 0.19 

72 1.16 0.09 2.01 0.16 

96 0.98 0.11 1.49 0.13 

120 1.06 0.11 1.76 0.17 

 

 

Time (h) 
Average 

Fe(µmol L-1) 
Standard 

deviation 
Average 

Ca(µmol L-1) 
Standard 

deviation 
24 0.21 0.02 1.23 0.14 

48 0.11 0.01 1.41 0.20 

72 0.07 0.01 0.58 0.34 

96 0.08 0.01 2.98 1.10 

120 0.06 0.01 0.37 0.04 
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DACITE 

pH 2 

 

 

Time (h) 
Average 

Mg(µmol L-1) 
Standard 

deviation 
Average 

Na(µmol L-1) 
Standard 

deviation 
24 0.43 0.14 0.97 0.33 

48 0.21 0.06 0.68 0.27 

72 0.13 0.08 0.54 0.21 

96 7.78 0.16 53.25 0.70 

120 0.93 0.03 5.29 0.17 

 

 

Time (h) 
Average 

K(µmol L-1) 
Standard 

deviation 
24 0.10 0.02 

48 0.05 0.01 

72 0.05 0.02 

96 1.58 0.20 

120 0.12 0.01 

 

 

 

DACITE 

pH 3 

 

 

Time (h) 
Average 

Si(µmol L-1) 
Standard 

deviation 

Average 

Al(µmol L-

1) 

Standard 

deviation 

24 0.32 0.04 0.52 0.04 

48 0.27 0.05 0.44 0.04 

72 0.21 0.04 0.36 0.04 

96 0.17 0.04 0.27 0.03 

120 0.14 0.04 0.17 0.03 

 

Time (h) 
Average 

Fe(µmol L-1) 
Standard 

deviation 
Average 

Ca(µmol L-1) 
Standard 

deviation 
24 0.09 0.01 3.99 0.78 

48 0.05 0.01 1.90 0.48 

72 0.03 0.006 0.47 0.30 

96 0.02 0.008 0.43 0.09 

120 0.02 0.006 2.01 0.24 
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DACITE 

pH 3 

 

Time (h) 
Average 

Mg(µmol L-1) 
Standard 

deviation 
Average 

Na(µmol L-1) 
Standard 

deviation 
24 2.16 0.39 12.98 4.94 

48 0.97 0.23 5.64 1.77 

72 0.45 0.20 1.64 0.40 

96 0.30 0.11 2.08 0.43 

120 4.46 0.12 37.64 0.78 

 

Time (h) 
Average 

K(µmol L-1) 
Standard 

deviation 
24 0.42 0.08 

48 0.35 0.07 

72 0.18 0.04 

96 0.17 0.04 

120 0.70 0.10 

 

 

DACITE 

pH 5 

 

 

Time (h) 
Average 

Si(µmol L-1) 
Standard 

deviation 
Average 

Al(µmol L-1) 
Standard 

deviation 
24 0.19 0.03 0.15 0.003 

72 0.09 0 0.07 0.02 

120 0.09 0.03 0.07 0.01 

150 0.06 0.005 0.01 0.004 

175 0.05 0.02 0.03 0.01 

200 0.05 0 - - 

 

 

Time (h) 
Average 

Ca(µmol L-1) 
Standard 

deviation 
Average 

Mg(µmol L-1) 
Standard 

deviation 
24 4.36 0.36 0.13 0.04 

72 1.13 0.19 0.04 0 

120 2.93 0.93 0.41 0.14 

150 0.47 0.20 0.11 0.08 

175 3.11 0.55 0.27 0.03 

200 1.01 0.64 0.06 0.04 
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DACITE 

pH 5 

 

Time (h) 
Average 

Na(µmol L-1) 
Standard 

deviation 
Average 

K(µmol L-1) 
Standard 

deviation 
24 2.10 0.50 0.17 0.05 

72 0.84 0.41 0.06 0.04 

120 2.35 0.39 0.21 0.10 

150 1.38 0.52 0.07 0.02 

175 2.25 0.45 0.17 0.02 

200 1.05 0.18 0.10 0.01 

 

 

 

RHYOLITE 

pH 2 

 

Time (h) 
Average 

Si(µmol L-1) 
Standard 

deviation 
Average 

Al(µmol L-1) 
Standard 

deviation 
24 0.66 0.05 0.63 0.08 

48 0.38 0.03 0.47 0.04 

72 0.25 0.04 0.38 0.05 

96 0.18 0.02 0.36 0.03 

120 0.19 0.05 0.36 0.03 

150 0.07 0.02 0.30 0.04 

175 0.04 0.004 0.30 0.05 

 

Time (h) 
Average 

Fe(µmol L-1) 
Standard 

deviation 
Average 

Ca(µmol L-1) 
Standard 

deviation 
24 0.36 0.09 1.38 0.19 

48 0.11 0.01 1.23 0.26 

72 0.07 0.01 1.72 0.25 

96 0.05 0.004 2.49 1.16 

120 0.03 0.001 0.84 0.29 

150 0.01 0.001 0.76 0.39 

175 0.01 0.001 1.60 0.30 
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RHYOLITE 

pH 2 

 

 

Time (h) 
Average 

Mg(µmol L-1) 
Standard 

deviation 
Average 

Na(µmol L-1) 
Standard 

deviation 
24 0.28 0.09 0.84 0.14 

48 0.26 0.14 3.12 1.82 

72 0.18 0.08 0.22 0.18 

96 0.14 0.08 0.74 0.50 

120 0.08 0.06 0.04 0 

150 0.06 0.04 0.10 0.08 

175 0.12 0.08 0.49 0.21 

 

 

 

RHYOLITE 

pH 3 

 

 

Time (h) 
Average 

Si(µmol L-1) 
Standard 

deviation 
Average 

Al(µmol L-1) 
Standard 

deviation 
24 0.22 0.01 0.20 0.01 

48 0.11 0.02 0.11 0.02 

72 0.08 0.03 0.07 0.01 

96 0.06 0.02 0.06 0.01 

120 0.07 0.04 0.05 0.01 

150 0.05 0.01 0.03 0.005 

175 0.02 0 0.01 0.005 

200 0.03 0.02 0.01 0.004 

 

Time (h) 
Average 

Fe(µmol L-1) 
Standard 

deviation 
Average 

Ca(µmol L-1) 
Standard 

deviation 
24 0.50 0.03 4.97 0.70 

48 0.10 0.006 1.71 1.24 

72 0.06 0.003 0.22 0.07 

96 0.04 0.002 0.26 0.01 

120 0.04 0.01 0.90 0.37 

150 0.01 0 0.24 0.06 

175 0.01 0 0.24 0.06 

200 0.01 0.004 0.41 0.11 
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RHYOLITE 

pH 3 

 

Time (h) 
Average 

Mg(µmol L-1) 
Standard 

deviation 
Average 

Na(µmol L-1) 
Standard 

deviation 
24 0.14 0.06 4.97 0.70 

48 0.09 0.04 1.71 1.24 

72 0.03 0.02 0.22 0.07 

96 0.03 0.02 0.26 0.01 

120 0.07 0.05 0.90 0.37 

150 0.04 0.03 0.24 0.06 

175 0.004 0 0.24 0.06 

200 0.02 0.01 0.41 0.11 

 

 

 

RHYOLITE 

pH 5 

 

Time (h) 
Average 

Si(µmol L-1) 
Standard 

deviation 

Average 

Al(µmol L-

1) 

Standard 

deviation 

24 0.16 0.01 0.11 0.01 

48 0.07 0.02 0.07 0.004 

72 0.05 0.01 0.06 0.002 

96 0.06 0.01 0.06 0.01 

120 0.04 0.005 0.04 0.01 

150 0.03 0.01 0.04 0.01 

175 0.04 0.002 0.03 0.002 

200 0.04 0.002 0.02 0 

 

Time (h) 
Average 

Fe(µmol L-1) 
Standard 

deviation 
Average 

Ca(µmol L-1) 
Standard 

deviation 
24 0.79 0.10 1.06 0.73 

48 0.29 0.01 1.06 0.73 

72 0.13 0.01 0.32 0.03 

96 0.07 0.01 1.25 0.73 

120 0.04 0.01 0.96 0.09 

150 0.02 0.005 1.38 0.44 

175 0.02 0.01 0.65 0.07 

200 0.01 0.006 2.37 0.12 
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RHYOLITE 

pH 5 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Time (h) 
Average 

Mg(µmol L-

1) 

Standard 

deviation 

Average 

Na(µmol L-

1) 

Standard 

deviation 

24 0.07 0.02 0.35 0.18 

48 0.07 0.02 0.35 0.18 

72 0.01 0 0.06 0 

96 0.08 0.10 1.63 0 

120 0.07 0 0.42 0 

150 0.05 0.006 0.08 0.01 

175 0.04 0 0.08 0.01 

200 0.06 0.02 0.11 0.05 
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Appendix 6.6. Evolution of Ca/Si, Mg/Si and Na/Si rations in the 

output solution as function of time 
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6.6.1.BASALT 

 

 

 
 

 

6.6.2. ANDESITE 
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6.6.2. ANDESITE 
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6.6.3. DACITE 
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6.6.3. DACITE 

 

 
 

6.6.4. RHYOLITE 
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6.6.4. RHYOLITE 
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Appendix 6.7. X-ray (XRD) diffractograms of the rock samples, 

spiked with metallic Si, used in this study 

 

 
6.7.1. Basalt 

 

 

 
 

 

Figure A.6.7.1. Analysis of the XRD diffractogram of the basaltic rock sample 

(Katla) spiked with metallic Si in the EVA software. The peaks corresponding 

to metallic Si (red); plagioclase (Pl: blue); pyroxene (Px: green) and Fe-Ti 

oxides (black). 
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6.7.2. Andesite 

 

 

Figure A.6.7.2. Analysis of the XRD diffractogram of the andesitic rock sample 

(Tungurahua) spiked with metallic Si in the EVA software. The peaks 

corresponding to metallic Si (red); plagioclase (Pl: blue) and pyroxene (Px: 

green). 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 



 

269 
 

 

6.7.3. Dacite 

 

 

Figure A.6.7.3. Analysis of the XRD diffractogram of the dacitic rock sample 

(Guagua Pichincha) spiked with metallic Si in the EVA software. The peaks 

corresponding to metallic Si (red); plagioclase (Pl: blue); pyroxene (Px: 

green); amphibole (Am: magenta) and apatite (Ap: orange). 
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6.7.4. Rhyolite 

 

 

Figure A.6.7.4. Analysis of the XRD diffractogram of the rhyolitic rock 

sample (Puyehue) spiked with metallic Si in the EVA software. The peaks 

corresponding to metallic Si (red) and plagioclase (Pl: blue). 
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CHAPTER 7 Impact of a continent-size tephra deposit on 

chemical weathering fluxes and atmospheric CO2 

consumption  

 
7.1. INTRODUCTION 

 
Enormous volcanic eruptions occur sporadically at the Earth’s surface (Self, 

2006; Rougier et al., 2018). These include the flood basalt eruptions that built 

large igneous provinces over periods of several hundreds of thousands of 

years. Examples include the Columbia River flood basalts (~2 Ma) in USA, 

the Deccan Traps (~65 Ma ago) in India and the Siberian Traps (~251-252 Ma 

ago) in Russia. There is evidence that these eruptions disgorged vast amounts 

of CO2 gas into the atmosphere, possibly impacting the global carbon cycle 

significantly (Self et al., 2006; Delmelle et al., 2015). Conversely, 

emplacement of fresh basaltic rocks across large area is thought to amplify 

chemical weathering over geological time scales, resulting in net drawdown 

of atmospheric CO2 (Dessert et al., 2001; Dessert et al., 2003). Thus, the 

formation and weathering of large basaltic provinces exerted an important 

control on the geochemical and climatic changes on Earth. 

 

Short-lived supereruptions powered by the explosive release of huge volumes 

(> 1000 km3) of silicic magmas are another type of episodic volcanic event 

that has the potential to disrupt geochemical processes at the Earth’s surface. 

Toba (~74 ka ago) in Indonesia, Yellowstone Caldera (~640 ka ago) in USA 

and La Pacana (~2-4 Ma ago) in Chile belong to this class of eruptions. 

Compared to flood basalts, and although sizeable, CO2 emissions from 

supereruptions probably had a minor effect on the atmospheric C reservoir 

(Frölicher et al., 2011). Importantly, the tephra expelled by these explosive 

volcanic events form extensive deposits, known as ignimbrites, blanketing 

areas of up to several millions of km2, i.e. a surface area much larger than that 

covered by lavas from flood basalt eruptions. However, the contribution of 

such continent-size tephra deposits to the global weathering flux into the 

ocean and long-term drawdown of atmospheric CO2 has never been assessed. 

While silicic igneous rocks should weather less rapidly than mafic ones (Oliva 

et al., 2003), the predominance of fine-grained tephra in ignimbrites (Sparks 

et al., 1997) confer them a high surface area, potentially compensating for the 

subdued chemical reactivity. The tephra material is also typically glassy and 

thus, more reactive than its crystalline chemical equivalent. Furthermore, 

tephra deposits are porous, allowing efficient removal of the weathering 

products and thus, maintenance of far-from equilibrium conditions. A recent 

study concluded that the return period for supereruptions may be as low as 17 

ka (Rougier et al., 2018) has been been estimated to 17 ka. As such, it is 
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important to characterise the potential effect of such events on the 

biogeochemical cycles of important elements such as carbon and silicon.  

 

Mechanistic models that incorporate physical descriptions of the below 

ground hydrology and weathering reactions have been used successfully to 

predict weathering of continental rocks where time and climate are the 

variables (Maher et al., 2009; Goddéris et al., 2010; Moore et al., 2012; 

Goddéris et al., 2013). Here we use the WITCH model (Goddéris et al., 2006; 

Goddéris et al., 2010) to simulate the weathering of a continent-size tephra 

deposit. WITCH calculates the changes in the mineral assemblage that occurs 

as water drains vertically through the weathering profile. It provides the 

chemical composition of pore water as a function of depth which assists the 

computation of the dissolved element fluxes leaving the deposit. The 

calculations can be performed for weathering occurring over annual to 

multimillennial timescales. In this study, we address the following question: 

given modern climate conditions, what will be the effect of weathering of a 

continent-size tephra deposit on the geochemical fluxes of Si and base cations, 

and on the consumption of atmospheric CO2. We investigate this question by 

using the spatial distribution of a deposit formed by a supereruption at 

Yellowstone Caldera as modelled by Mastin et al. (2014).  

 

 

7.2. MODEL SET-UP 

 

7.2.1. Continent-size tephra deposit  

 
We simulated the weathering of a continent-size tephra deposit from an 

eruption of the Yellowstone Caldera in Wyoming, USA. Tephra from the last 

large Yellowstone eruptions (2.1 Ma, 1.3 Ma, and 640 ka) spread over tens of 

thousands of km2 across North America (Christiansen, 2001). Mastin et al. 

(2014) estimated the distribution of tephra fall that would result from a 

modern-day Plinian supereruption at Yellowstone volcano under different 

eruptive scenarios. We used Mastin et al.’s results for a one-week long 

supereruption that produced 330 km3 of tephra, dense-rock equivalent. The 

total terrestrial surface area covered by the tephra deposit is ~5.4 x 106 km2. 

We considered a maximum deposit thickness of 20 cm. While thicker tephra 

accumulations are likely to occur in the immediate vicinity of the volcanic 

source, they typically represent a small contribution to the total surface area 

affected by tephra (Mastin et al., 2014).  
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The Yellowstone tephra fall deposit was divided into five isopachs with 

thickness values of 0.3, 0.7, 2, 7 and 20 cm (Fig. 7.1). The surface areas of the 

isopachs are ~13 x 106, 9.6 x 106, 7.4 x 106, 4.6 x 106 and 2.5 x 106 km2, 

respectively. For each isopach, the tephra deposit was subdivided into n 

vertical layers of roughly equivalent thickness, i.e. n = 1, 2, 3, 5 and 8 for the 

0.3, 0.7, 2, 7 and 20 cm isopach, respectively (Fig. S7.1). This allowed similar 

water residence times at each depth of the tephra deposit.  

 

 
Figure 7.1. Distribution of tephra from a one-week long Yellowstone eruption 

as modelled by Mastin et al. (2014). The tephra deposit is divided into five 
isopachs corresponding to deposit thicknesses of 0.3, 0.7, 2, 7 and 20 cm. 

7.2.2. The WITCH model  

 
Weathering of a continent-size tephra deposit that would result from a 

Yellowstone eruption was simulated using the geochemical code WITCH 

(Goddéris et al., 2006; Goddéris et al., 2009). WITCH is a numerical box 

model initially developed to predict weathering processes in soil profiles and 

in river catchments above silicate bedrock. The model has been coupled to 

biospheric and climate models to investigate rock weathering and atmospheric 

CO2 consumption under various conditions (e.g., Le Hir et al., 2009; Beaulieu 

et al., 2010; Goddéris et al., 2010; Roeland et al., 2010; Beaulieu et al., 2012; 

Goddéris et al., 2013).  

Briefly, WITCH computes the amount of dissolved and precipitated mineral 

phases resulting from vertical drainage of water through n layers of a 
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weathering profile as a function of time. A mass balance is computed for each 

layer at each time step using:  

 
𝑑 (𝑧 ∙𝜃 ∙𝐶)

𝑑𝑡
=  𝐹𝑡𝑜𝑝 − 𝐹𝑏𝑜𝑡𝑡𝑜𝑚 +  𝐹𝑤𝑒𝑎𝑡ℎ𝑒𝑟𝑖𝑛𝑔                                                                                                          

                         − 𝐹𝑝𝑟𝑒𝑐𝑖𝑝𝑖𝑡𝑎𝑡𝑖𝑜𝑛  ±  𝐹𝑒𝑥𝑐ℎ𝑎𝑛𝑔𝑒            [7.1] 

 
where 𝐶 is the concentration of a given species in layer n of thickness 𝑧 and 

water volumetric content 𝜃, 𝐹𝑡𝑜𝑝 and 𝐹𝑏𝑜𝑡𝑡𝑜𝑚 are the input flux from the n-1 

layer above and output flux from the n+1 layer below, respectively, 

𝐹𝑤𝑒𝑎𝑡ℎ𝑒𝑟𝑖𝑛𝑔 represents additions from dissolution of primary and secondary 

minerals, 𝐹𝑝𝑟𝑒𝑐𝑖𝑝𝑖𝑡𝑎𝑡𝑖𝑜𝑛 accounts for losses through precipitation of secondary 

minerals and 𝐹𝑒𝑥𝑐ℎ𝑎𝑛𝑔𝑒 describes fluxes associated with cation exchange 

reactions involving clay minerals and organic matter. The last term is not 

considered in our model set-up. Since WITCH does not include a nucleation 

model, mineral precipitation rates are assumed to be proportional to the 

reactive surface areas of the minerals.  

 

The dissolution 𝐹𝑤𝑒𝑎𝑡ℎ𝑒𝑟𝑖𝑛𝑔 and precipitation 𝐹𝑝𝑟𝑒𝑐𝑖𝑝𝑖𝑡𝑎𝑡𝑖𝑜𝑛 terms for silicate 

minerals in Equation [7.1] are calculated using kinetic laws derived from the 

transition state theory (Eyring, 1935; Lasaga, 1981). The overall dissolution 

rate of a mineral in layer n is the sum of three parallel elementary reactions 

involving protons, hydroxyls and water. We did not consider reactions with 

organic ligands as organic matter was posited to be absent from the deposit. 

The limitations of this assumption are discussed in section 7.4.5. The overall 

dissolution rate of a mineral 𝑅𝑠 is derived using (Schott et al., 2009; Goddéris 

et al., 2010): 

 

𝑅𝑠 = 𝐴 ∙ 𝑆𝑤  [∑ 𝑘𝑖 ∙ exp (
𝐸𝑎

𝑖

𝑅𝑇
) ∙  𝑎𝑖

𝑛𝑖 ∙ 𝑓𝑖𝑛ℎ𝑖 ] (1 − Ω𝑠)                      [7.2] 

 
where A stands for the mineral reactive surface, 𝑆𝑤 is the moisture saturation 

(which depends on the water volumetric content (Sverdrup and Warfinge, 

1995) of layer n, 𝑘𝑖 and 𝐸𝑎
𝑖  are the dissolution rate constant and activation 

energy for the i species-promoted dissolution, respectively, 𝑎𝑖 and 𝑛𝑖 represent 

the activity and the order of reaction with respect to the dissolving species i, 

respectively. The parameter 𝑓𝑖𝑛ℎ describes the inhibiting effect of aqueous 

species on proton and hydroxyl-promoted aluminosilicate dissolution 

reactions. In general, 𝐴𝑙3+ is regarded as the main inhibiting species (e.g., 

Oelkers et al., 1994; Oelkers and Schott, 1995; Devidal et al., 1997). The 

effect of departure from equilibrium on mineral dissolution rates is accounted 

for by the factor (1 − Ω𝑠), where Ω stands for the solution saturation index 

with respect to the particular solid and s reflects stoichiometry (i.e. the number 

of metal atoms that need to be removed to form one precursor complex during 
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dissolution). 𝐹𝑝𝑟𝑒𝑐𝑖𝑝𝑖𝑡𝑎𝑡𝑖𝑜𝑛 is computed from Eq. [7.2] when precipitation of 

secondary phases is allowed to occur, i.e. when the affinity term in equation 

term is negative (i.e. Ω𝑠 > 1).  

 

The WITCH database contains kinetic laws and thermodynamic parameters 

for 31 minerals (Goddéris et al., 2006). Kinetic data for the minerals included 

in our study are summarized in Table 7.1.  

 

 

Table 7.1. Kinetic dissolution constants at 25 °C (mol m-2 s-1) and activation 
energy (kJ mol-1) of the dissolution reactions promoted by protons (H), 

hydroxyl (OH) and water (w), as used in the WITCH model. The symbol 𝑛 is 
the reaction order with respect to H- or OH-promoted dissolution. n.e.: no 

effect. Further details can be found in Goddéris et al. (2006; 2010). 

 

𝑝kH 

𝐸𝑎
𝐻 

𝑛𝐻  

𝑝kOH 

𝐸𝑎
𝑂𝐻 

𝑛𝑂𝐻 

𝑝kw 

𝐸𝑎
𝑤 
 

Albite (An6)(a) 

9.50 

60 

0.5 

9.95 

50 

0.3 

12.60 

67 

 

K-feldspar(b) 

9.65 

60 

0.5 

10.70 

50 

0.3 

12.85 

67 

Quartz(c) 

n.e. 

n.e. 

n.e. 

11.00 

85 

0.25 

13.40 

85 

 
(a) Fitting using with the framework of Eq. [7.2]; data reported by Blum and 
Stillings (1995) for albite. We assumed that the anorthite content (An6) did 
not modify the rate of albite dissolution. (b) Fitting of data for orthoclase as 

reported by Blum and Stillings (1995). (c) Dove (1994). 
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In order to compute the dissolution of the tephra’s glass constituent, we used 

the rate equation for rhyolitic glass obtained experimentally by Declerq et al. 

(2013): 

 

𝑟+ = 𝐴 𝑒−(
𝐸𝑎

𝑅 𝑇
)  (

𝑎
𝐻+
3

𝑎𝐴𝑙3+
)

1/𝑛

                                                                 [7.3] 

where r+ is the dissolution rate (mol cm -2 s-1), 𝐴 a pre-exponential factor, Ea 

the activation energy, n the stoichiometric factor, R the gas constant, T the 

absolute temperature and 𝑎𝐻+ and 𝑎𝐴𝑙3+ the activity of 𝐻+ and 𝐴𝑙3+, 

respectively. 

 

Weathering reactions involving glass-rich tephra often lead to precipitation of 

short-range order clay-size minerals known as allophanes and to a minor 

extent, imogolite (Harsh, 2012). Depending on drainage condition, halloysite 

may also form. Since the kinetics of allophane and imogolite precipitation is 

not known, we approximated their rate of formation to that described for 

amorphous silica (Rimstidt and Bathes, 1980). For halloysite, precipitation 

was quantified based on kaolinite precipitation rate (Drever, 1997). The 

solubility products of primary and secondary minerals along with the enthalpy 

of their dissolution reactions are listed in Table 7.2. 
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7.2.3. Model inputs  

 
The mineralogy, reactive surface area 𝐴, water volumetric content 𝜃 and CO2 partial 

pressure of the tephra deposit are important controls of weathering intensity 

(e.g., Brantley et al., 2008). Values for these variables must be fed in WITCH. 

We used the mineralogy of the rhyolitic tephra from the Lava Creek Tuff 

eruption (0.64 Ma ago) as determined by Christiansen (2001) (Table 7.3). We 

hypothesised the mineralogy of the tephra to be homogeneous across the entire 

deposit. A value of 1 m2 g-1 was taken as representative of the reactive surface 

area of tephra (Delmelle et al., 2015). We set a fixed value of 0.2 for 𝜃 of the 

tephra deposit and we did not account for the potential influence of dissolution 

and precipitation of mineral phases in the tephra deposit on 𝜃. As biomass was 

absent in the tephra deposit, a biogenic source of CO2 is excluded from our 

model. The partial pressure of CO2 in the tephra deposit’s pore spaces was set 

arbitrarily to eight times that in the atmosphere, i.e. 3.12 x 10-3 atm. 

 

Table 7.3. Mineralogy of the rhyolitic tephra from the Lava Creek Tuff 
eruption (0.64 Ma ago) as reported by Christiansen (2001). 

 wt.% 

rhyolitic glass 

Al0.19Ca0.005Fe0.02K0.09Mg0.001Na0.08SiO2.40 

80.0 

quartz 7.34 

k-feldspar (Or50-Or60) 6.26 

albite (An10-An20) 5.54 

 

The CRU TS dataset (v.2.1; http://www.cru.uea.ac.uk/) provided spatial 

climate data covering North America at a grid resolution of 0.5 x 0.5 degree 

(Mitchell and Jones, 2005). The rainwater reacting with the tephra deposit did 

not contain any dissolved species. Terrestrial runoff estimates over the tested 

area were obtained from the UNH-GRDC Composite Runoff Fields V1.0 

dataset (http://www.compositerunoff.sr.unh.edu; Fekete et al., 2000). The 

runoff is assumed to be equal to the vertical drainage of the weathering profile 

for each grid element. Figure S7.2 in the supplementary material shows the 

spatial distributions of the average temperature and runoff of the area covered 

by the tephra deposit. 
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Weathering of the continent-size deposit was simulated with WITCH over 

different periods, namely 0.1, 1, 10, 100, 1000 and 10,000 yr. In order to 

reduce computational time, an acceleration factor was introduced for 

simulations spanning 100, 1000 and 10,000 yr. A more detailed description of 

the model adapted to our case study is presented in Appendix 7.1. 

 
 

7.3. RESULTS 

 

7.3.1. Spatial variations in the Si and cation weathering fluxes  

 

Si weathering fluxes 

 
Figure 7.2 shows the spatial distribution of the flux of Si (kmol km-2 yr-1) after 

0.1, 1, 10, 100, 1,000 and 10,000 yr of weathering of the continent-size 

rhyolitic tephra deposit as simulated by WITCH. The highest flux values 

always occur in the northern Rocky Mountains (500-800 kmol Si km-2 yr-1). 

The Superior Upland, Central Lowland, Interior Low Plateaus, Interior 

Highlands, southern part of the Appalachian Highlands, north of the Cascade-

Sierra Mountains and north of the Pacific Border and Southern and Central 

Rocky Mountains are characterized by intermediate Si fluxes (100-500 kmol 

Si km-2 yr-1). The rest of the United States typically displays low weathering 

flux values < 100 kmol Si km-2 yr-1. 
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Although the spatial distribution of Si weathering fluxes evolves with time, 

the general pattern is conserved. Silicon flux increases after 10 yr of 

weathering in some regions of the West Gulf Coastal Plain (100-200 kmol Si 

km-2 yr-1). Similarly, the Florida peninsula and interior of the Coastal Plains 

display higher flux values after 100 and 1,000 yr, respectively. Depending on 

location, the Interior Highlands and Interior Low Plateaus produce higher or 

lower Si weathering after 1,000 yr. The flux decreases in the Coastal Plain and 

southern part of the Appalachian Highlands. Irrespective of the physiographic 

region, there is a general reduction in Si fluxes after 10,000 yr of tephra 

weathering.  

 

 

Ca and Mg weathering fluxes 

 
The spatial distribution of Ca weathering fluxes resembles that described for 

Si (Fig. 7.3). The northern Rocky Mountains exhibit the highest values, i.e. 

18-30 kmol Ca km-2 yr-1, whereas lower fluxes (3-18 kmol Ca km-2 yr-1) are 

found in the Superior Upland, Central Lowland, Interior Low Plateaus, 

Interior Highlands, north of the Cascade-Sierra Mountains, north of the 

Pacific Border and Rocky Mountains System. Elsewhere, the Ca weathering 

flux is less than 3 kmol Ca km-2 yr-1. 

 
After 1 yr of simulation, Ca weathering flux (3-6 kmol Ca km-2 yr-1) increases 

in the Great Plains, specifically the eastern part of the High Plains and the 

Plains Border. In contrast, the fluxes decline to values < 3 kmol Ca km-2 yr-1 

in the south of the Central Lowland, Interior Highlands and Interior Low 

Plateaus after 10 yr of weathering. Calcium weathering is also reduced (12-15 

kmol Ca km-2 yr-1) in the northern Rocky Mountains. For longer time scales 

(100, 1,000 and 10,000 yr), the Rocky Mountains is the only region where a 

significant flux of Ca is sustained (3-6 kmol Ca km-2 yr-1). 

 

The behaviour of Mg release in response to weathering of the tephra deposit 

follows closely that of Ca, although the fluxes are typically lower (Fig. 7.4). 

Magnesium weathering increases in the northern part of the Great Plains in 

the first 10 yr, but the fluxes decrease across all regions after 100 yr to reach 

values < 1 kmol Mg km-2 yr-1 after 1,000 yr. 
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Na and K weathering fluxes 

 
The fluxes of Na generated through weathering of the continent-size tephra 

deposit generally exceed those of Ca and Mg (Fig. 7.5). Again, the highest 

values (42-80 kmol Na km-2 yr-1) coincide with the northern Rocky 

Mountains. Lower weathering fluxes (7-42 kmol Na km-2 yr-1) occur in areas 

corresponding to the Superior Upland, Central Lowland, Interior Low 

Plateaus, Interior Highlands, southern part of the Appalachian Highlands, 

north of the Cascade-Sierra Mountains, north of the Pacific Border, Rocky 

Mountains System and south of the Coastal Plain, including the Florida 

Peninsula. Other regions have weathering flux values < 7 kmol Na km-2 yr-1. 

 
Contrary to Ca and Mg, significant Na weathering persisted after 100 yr. After 

10 yr, the Na flux increases (7-14 kmol Na km-2 yr-1) in some parts of the West 

Gulf Coastal Plain. The interior of the Atlantic Coastal Plains and some areas 

in the Interior Low Plateaus and the Pacific Border also display comparatively 

higher flux values (14-21 and 42-80 kmol Na km-2 yr-1, respectively) after 

1,000 yr. A significant reduction in Na release occurs in the Interior 

Highlands, Interior Low Plateaus, Coastal Plain, southern part of the 

Appalachian Highlands and south of the Pacific Border after 10,000 yr of 

weathering. The weathering of K closely mimics that of Na, although the 

fluxes are slightly lower (Fig. 7.6).  
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7.3.2. Temporal variations in the Si and cation weathering fluxes 

 
The temporal evolution of the total fluxes of Si, Ca, Mg, Na and K generated 

by weathering of the continent-size tephra deposit is shown in Fig. 7.7. The 

total weathering flux of Si varies between ~833 and 1,308 Gmol yr-1. It 

increases by ~24% between 0.1 and 1,000 yr, but it then decreases sharply 

(~36%) after 10,000 yr of weathering. Much lower flux values are found for 

the other cations, i.e. Ca: 5-40; Mg: 1.2- 19, Na: 80-131 and K: 81-123 Gmol 

yr-1. The total fluxes of Na and K follow the same trend as Si. In contrast, a 

pulse of Ca occurs during the first year and after that, the flux gradually 

becomes smaller. At the end of the simulation, the total Ca flux is only ~13% 

of the initial release. Magnesium exhibits a similar behaviour, except that the 

total flux begun to decrease later, i.e. after 100 yr of weathering.  

 

 
Figure 7.7. Total fluxes of Si, Ca, Mg, K and Na after 0.1, 1, 10, 100, 1000 and 

10,000 yr of weathering of the continent-size rhyolite tephra deposit. 

 

 

7.3.3. CO2 consumption  

 
In WITCH, the instantaneous atmospheric CO2 consumption by weathering is 

calculated as the flux of bicarbonate (HCO3
-) required to balance the cation 

release by the dissolution of the tephra’s silicate components (i.e. glass and 

minerals) integrated over the whole weathering profile (Goddéris et al., 

2010).According to the simulation results, weathering of the continent-size 

tephra deposit consumes ~0-10 kmol CO2 km-2 y-1 in the arid Midwest and up 

to 100-200 kmol CO2 km-2 y-1 in the northern Rocky Mountains and areas in 

the North-eastern part of the continent (Fig. 7.8). Carbon dioxide consumption 

decreases with time, notably in south of the Coastal Plain, including the 

Florida Peninsula. 
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Figure 7.9 shows the total consumption of CO2 (Gmol yr-1) by chemical 

weathering of the continent-size tephra deposit as computed after 0.1, 1, 10, 

100, 1,000 and 10,000 yr. The first thousand years of weathering produces a 

total CO2 drawdown of ~261-310 Gmol yr-1. However, total CO2 consumption 

decreases by ~45% after 10,000 yr of weathering. 

 

 
Figure 7.9. Total CO2 consumption (Gmol yr-1) by chemical weathering of the 

continent-size rhyolitic tephra deposit. 

 

 

7.4. DISCUSSION 

 

7.4.1. Influence of tephra deposit thickness and runoff on 

weathering fluxes 

 
The spatial variations in the Si and base cation fluxes generated by chemical 

weathering of the continent-size tephra deposit (Figs. 7.1 to 7.5) are the result 

of the complex interplay between deposit thickness, runoff and temperature. 

High weathering fluxes, irrespective of the element considered, generally 

coincide with regions of thick tephra accumulations and elevated runoff 

values (i.e. short solution residence time). Chemical weathering rates of 

silicate rocks, and thus fluxes, often increase in tandem with runoff as the 

removal of weathering products by aqueous transport can drive departure from 

thermodynamic equilibrium (i.e. transport-controlled weathering) (White and 

Blum, 1995; Oliva et al., 2003; Dessert et al., 2003; Beaulieu et al., 2010; 

Maher, 2010; Goddéris et al., 2012). The Great Plains region displays 

relatively low runoff values and is also characterised by smaller weathering 

fluxes when compared to other regions covered by a similar or thinner tephra 

deposit but where higher runoffs prevail, such as the Rocky Mountains, the 

Interior Highlands and the Appalachian Highlands. A dependence of 

weathering on temperature does not manifest clearly in our simulations as 
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parallel variations in runoff and deposit thickness exert a larger influence on 

weathering fluxes. In a weathering system controlled by solution transport, the 

effect of temperature on weathering rates occurs largely in response to 

changes in mineral solubility and not mineral kinetics (White, 2008; Maher, 

2010). Thus, the tephra deposit thickness and drainage conditions are the 

dominant factors controlling the spatial distribution of the Si and base cation 

fluxes. 

 

7.4.2. Control of the tephra deposit mineralogy on weathering 

fluxes 

 
The fluxes of Si, Na and K originate from weathering of glass, albite and K-

feldspar present in the tephra. In contrast, Ca and Mg releases originate from 

glass dissolution only. As shown in Figure 7.10, the glassy component always 

largely dominates the release of Si during weathering of the tephra deposit, 

irrespective of the deposit thickness and despite the fact that rhyolitic glass 

should dissolve at a much slower rate (i.e. at least one order of magnitude) 

than albite and K-feldspar (Declerq et al., 2013; Gudbrandsson et al., 2014). 

This result implies that weathering of the tephra deposit is transport-limited 

and essentially controlled by mineral solubilities, the rhyolitic glass being 

more soluble than the feldspars (Table 7.2). 
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Inspection of Figure 7.11 reveals that the pore water saturates with respect to 

glass as it percolates deeper in the tephra deposit. Consequently, strong 

suppression of glass dissolution occurs below 7 cm and the tephra’s glass 

content hardly decreases (Fig. S7.3). The saturation state of pore waters with 

respect to albite and K-feldspar also evolves with depth in the deposit (Fig. 

7.11). However, the feldspars are comparatively more strongly undersaturated 

in high runoff regions (e.g., Rocky Mountains) and more strongly 

oversaturated in low-runoff regions (e.g., Great Plains), a tendency that is 

particularly manifest for K-feldspar. This indicates that, in contrast to glass, 

dissolution of the primary minerals in the deeper layers of the tephra deposit 

remains effective under high drainage conditions. At lower runoff values, 

weathering is transport-limited and the reactivity of K-feldspar is lower than 

that of albite due to greater thermodynamic saturation of the former mineral 

(White, 2008; Goddéris et al., 2010; Goddéris et al., 2013). This explains why 

the initial content of albite in the bottom layers (> 7 cm) of the tephra deposit 

is reduced by ~70%, whereas that of K-feldspar decreases only by ~30% (Fig. 

S7.3). 

 

Ten thousand years of chemical weathering leads to significant removal (up 

to ~60%) of glass in the upper layers (< 2 cm) of the continent-size tephra 

deposit (Fig. S7.3). The contents of albite and K-feldspar are also strongly 

reduced. This is accompanied by a significant reduction in the total weathering 

fluxes of Si and base cations (Fig. 7.7). The advance of the weathering front 

deeper in the tephra deposit cannot balance the mass losses in the surface 

layers because the increase in the saturation state of the percolating pore water 

with respect to glass, albite and K-feldspar limits weathering rates at depth 

(see above). Thus, weathering fluxes are a non-linear function of tephra 

deposit thickness. In contrast to the other cations, the fluxes of Ca and Mg 

start to decrease after only 10 years of weathering (Fig. 7.7). Again, this 

reflects the rapid inhibition of glass dissolution (i.e. the only source of Ca and 

Mg) in response to a thermodynamic control on weathering.  
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Ten thousand years of chemical weathering leads to significant removal (up 

to ~60%) of glass in the upper layers (< 2 cm) of the continent-size tephra 

deposit (Fig. S7.3). The contents of albite and K-feldspar are also strongly 

reduced. This is accompanied by a significant reduction in the total weathering 

fluxes of Si and base cations (Fig. 7.7). The advance of the weathering front 

deeper in the tephra deposit cannot balance the mass losses in the surface 

layers because the increase in the saturation state of the percolating pore water 

with respect to glass, albite and K-feldspar limits weathering rates at depth 

(see above). Thus, weathering fluxes are a non-linear function of tephra 

deposit thickness. In contrast to the other cations, the fluxes of Ca and Mg 

start to decrease after only 10 years of weathering (Fig. 7.7). Again, this 

reflects the rapid inhibition of glass dissolution (i.e. the only source of Ca and 

Mg) in response to a thermodynamic control on weathering.  

 

 

7.4.3. Weathering flux response  

 
The Si flux generated by weathering of the continent-size rhyolitic tephra 

deposit varies between <100 and 800 kmol km-2 yr-1, depending on location 

but irrespective of the period during which weathering was simulated (Fig. 

7.2). These estimates are in the lower value range reported for granitic 

catchments under a large variety of climates (Oliva et al., 2003), but are 

considerably lower than the Si fluxes associated with the weathering of 

basaltic lithologies (~4.5 x 105-12.2 x 106 kmol Si km-2 yr-1; Dessert et al. 

2003). As discussed above, the spatial fluctuations in the Si flux originating 

from tephra weathering reflect primarily the combined effects of runoff and 

deposit thickness variability.  

 

The total Si weathering flux from the continent-size tephra deposit ranges 

between 833 (10,000 yr) and 1308 (1000 yr) Gmol Si yr-1. These values are 

upper bound estimates that do not account for retention of dissolved Si within 

the fluvial system. The natural retention of Si within lakes and wetlands may 

decrease its export from the continent to the ocean by at least ~15% (Dürr et 

al., 2011; Lauerwald et al., 2013). Factoring this effect in our model 

predictions produces a total flux of dissolved Si in the range ~708-1112 Gmol 

yr-1. This compares to the annual export of dissolved Si from North America 

of 786 Gmol yr-1, which is also roughly equivalent to that (~752 Gmol yr-1) 

carried by the Amazon river (which drains silicate-dominated lithologies) into 

the Atlantic Ocean (Dürr et al., 2011). Thus, the model results suggest that 

weathering of a continent-size tephra deposit by a modern supereruption at 

Yellowstone will have a large impact on the transfer of dissolved Si from the 

North America continent to the ocean, potentially altering the Si budget of 

coastal waters for several thousands of years.  
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The base cation (Na + K + Ca + Mg) flux produced by weathering of the 

Yellowstone tephra deposit varies between ~18 and 190 kmol km-2 yr-1 and 

~18 and 158 kmol km-2 yr-1 after 1 and 10,000 yr of weathering, respectively. 

For comparison, cationic weathering fluxes of ~3.8 x 103 kmol km2 yr-1 and 

3.1-31.7 x 103 kmol km-2 yr-1 have been reported for volcanic rocks in Luzon, 

Philippines (Schopka et al., 2011) and andesitic lithologies in Panama 

(Harmon et al., 2013), respectively. A major difference is that the cationic flux 

in these regions is dominated by Ca and Mg, whereas it is Na and K that drive 

it in our simulations. This relates to the absence of Ca and Mg silicates in the 

mineralogy of the rhyolitic tephra from Yellowstone. The total base cation 

flux from the continent-size tephra deposit ranges from 167.6 (10,000 yr of 

weathering) to 254.0 (1 yr of weathering) Gmol yr-1. These values are about 

2.6 to 1.7 times lower than the cationic mass flux inferred for the Amazon 

river (Gaillardet et al., 1999). 

 

 

7.4.4. CO2 consumption response 

 
The spatial variations in the predicted CO2 consumption by chemical 

weathering of the continent-size tephra deposit (Fig. 7.8) simply mirror the 

simultaneous effects of runoff and tephra deposit thickness on the weathering 

fluxes (see section 7.4.3). The annual consumption of CO2 (up to 200 kmol 

km-2 yr-1) is within the range of values obtained for present-day weathering of 

acid volcanic rocks on the North American continent, i.e. ~100 and 500 kmol 

CO2 km-2 yr-1 (Moosdorf et al., 2011). However, much higher values have 

been reported for volcanic terrains elsewhere. For example, Goldsmith et al. 

(2008) calculated CO2 consumption fluxes of 1182-2,390 kmol km-2 yr-1 for 

the Taranaki region rivers, which drain soils formed from andesitic pyroclasts 

on North Island, New Zealand. In Luzon, weathering of volcanic rocks 

consumes on average 3,580 kmol CO2 km-2 yr-1 (Schopka et al., 2011). The 

rate of CO2 drawdown by chemical weathering of the ~65 Ma Deccan Traps’ 

basalts is 580-2,540 kmol km-2 yr-1 (Dessert et al., 2003). 

 

The total amount of atmospheric CO2 that would be consumed yearly if North 

America was covered by a tephra deposit from a supereruption of Yellowstone 

compares to the CO2 drawdown by silicate rock weathering in the Amazon 

basin (~0.32 x 103 Gmol CO2 yr-1; Gaillardet et al., 1999). However, it is more 

than an order below the present-day total CO2 consumption in North America 

(i.e. ~4.2 x 103 Gmol CO2 yr-1; Mossdorf et al. 2011), and it represents less 

than 3% of the global value of ~11.7-11.9 x 103 Gmol CO2 yr (Gaillardet et 

al., 1999; Moon et al., 2014). While weathering of fresh basaltic rocks 

emplaced during flood basalt eruptions such as the Deccan Traps and Central 

Atlantic Magmatic Province may bring atmospheric CO2 below pre-eruptive 

concentration levels (e.g. Kump et al., 2000), our modelling results indicate 



 

298 
 

that the influence of an extensive continental tephra deposit, blanketing areas 

of up to several millions of km2, on atmospheric CO2 is comparatively minor. 

 

 

7.4.5. Limitations of the model 

 
The hydrology of the tephra deposit, or of any weathering profile, exerts a 

crucial control on weathering processes. A deposit that drains well favours the 

removal of dissolved cations liberated by dissolution reactions. Drainage is 

determined primarily by porosity, which depends on the particle size 

distribution and compaction of the deposit. In general, tephra particle size 

decreases with distance from the volcanic vent and therefore, one may expect 

a concomitant change in the deposit porosity. However, silicic eruptions such 

as those produced by Yellowstone volcano are typically associated with a 

large proportion of very fine tephra (< 63 µm) (Sparks et al., 1997), arguing 

for a relatively invariant deposit porosity across most of the affected area.  

 

Another important control on the hydrology of a weathering profile is 

evapotranspiration, which in turn is governed by the presence of vegetation. 

In our study, we assumed complete destruction of flora by the tephra deposit. 

This is a simplistic hypothesis since plants that are not completely buried by 

tephra are likely to survive (Ayris and Delmelle, 2012). To our knowledge, 

there is no studies of the decline in vegetation following a supereruption. 

Furthermore, depending on location, climate conditions and other ecological 

factors, vegetation will begin to recolonize the tephra-blanketed land quickly, 

i.e. within a few decades. In turn, through evapotranspiration, vegetation 

recovery will impact on drainage of the tephra deposit. The presence of plants 

will also modulate the below-ground partial pressure of CO2, which was 

assumed to be invariant in our simulations. 

 

Allophanes are short-range order hydrous aluminosilicates that commonly 

form in volcanic soils derived from tephra weathering. Since the 

thermodynamic properties of allophanes are poorly described, we 

approximated their solubility product using that of amorphous silica. This is a 

simplification that also does not account for the well-known dependence of 

allophane precipitation on pH (Shoji et al., 1993). Further, data on the kinetics 

of precipitation/dissolution of allophanes are lacking. In addition, allophane 

formation in weathered tephra is responsible for the development of a 

substantial cation exchange capacity. While WITCH can accommodate the 

calculation of ion exchange reactions, our model neglected them.  
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7.5. CONCLUSIONS 

 
Supereruptions are catastrophic volcanic events that can blanket continent-

size areas with fine-grained tephra. Through chemical weathering of such 

voluminous deposits, these eruptions have the potential to enhance the 

geochemical fluxes of elements exported to the ocean and to decrease the 

atmospheric concentration of CO2. Using the mechanistic model WITCH, we 

simulated the weathering of a rhyolite tephra material deposited across USA 

by a modern-day supereruption of Yellowstone Caldera eruption. We 

simulated 0.1, 10, 100, 1000 and 10,000 yr of weathering. The model results 

showed that tephra deposit thickness and drainage conditions are the main 

factors dictating the spatial distribution of the Si and base cation fluxes 

generated though weathering. We also found that weathering is transport-

limited and that mineral solubility exerted a key control on the development 

of the weathering front in the deposit. Thus, weathering fluxes are a non-linear 

function of tephra deposit thickness. 

 

Weathering of the continent-size deposit generated on average a yearly Si flux 

more than three orders of magnitude lower than that reported for basaltic 

lithologies. Despite the low value, the total flux of tephra-derived dissolved Si 

is on par with the annual export from North America and that carried by the 

Amazon river. This finding highlights the multimillenial impact of a 

continent-size tephra deposit on the transfer of dissolved Si to the ocean. 

While significant, the calculated cationic weathering fluxes were substantially 

lower than those reported elsewhere for volcanic terrains with mixed 

lithologies. The average annual consumption of atmospheric CO2 resulting 

from weathering of the rhyolite tephra is also much small compared to the 

estimates made for these regions. This difference is largely due to the absence 

of Ca- and Mg-silicate minerals in the modelled rhyolite tephra. Finally, the 

total amount of atmospheric CO2 that would be consumed yearly due to 

weathering of the continent-size tephra deposit is less than 3% of the global 

weathering-induced CO2 drawdown. Overall, we conclude that a 

supereruption will enhance considerably the weathering flux of Si during 

thousands of years but will have a relatively minor impact on CO2 drawdown. 

The mechanistic simulation of tephra weathering would benefit from a better 

knowledge of the thermodynamics and kinetics of precipitation/dissolution of 

short-range order allophane minerals that typically form in tephra-derived 

volcanic soils.  
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SUPPLEMENTARY MATERIAL 

 

Figure S.7.1. Schematic representation of the deposit thickness. 
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Figure S.7.2. Zone covered by the tephra deposit expressed as (a) average 

temperature (°C) and (b) runoff (cm yr-1). 
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Figure S.7.3. (a) Distribution map of glass content at 0.3, 0.7, 2 and 7 cm 

after 1 and 10,000 years of weathering. 
 
 



 

309 
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Figure S.7.3. (b) Distribution map of albite content at 0.3, 0.7, 2 and 7 cm 

after 1 and 10,000 years of weathering. 

 



 

310 
 

K-feldspar 
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Figure S.7.3. (c) Distribution map of K-feldspar content at 0.3, 0.7, 2 and 7 cm 

after 1 and 10,000 years of weathering 
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Appendix 7.1. WITCH description adapted to our case study 

 

The geochemical model WITCH has been applied to simulate the alteration of 

a volcanic ash deposit (rhyolitic glass 80%, quartz 7.34%, K-feldspar 6.26% 

and albite 5.54%), similar to those deposed by a super-eruption in 

Yellowstone (USA) but incorporating actual data of temperature and runoff. 

The model provides the fluxes of elements due to chemical weathering. The 

release of cations, which is promoted by water-mineral interactions, is 

controlled by the abundance of reactive components in the ash deposit 

(rhyolitic glass, K-feldspar and albite). Through dissolution kinetics laws of 

minerals and glasses, which have been coupled to the model, it is possible to 

quantify the concentration of cations exported from the ash deposit. Based on 

the budget of cations in solution, parameters as alkalinity and solution pH are 

estimated. Including as well, the eventual formation of secondary phases 

(allophanes and halloysite) based on the saturation index of the secondary 

phases. The difference in alkalinity in the output solution for the deepest layer 

is used to estimate the CO2 consumption flux. In Figure A.7.1, a schema of the 

main inputs and outputs generated by the WITCH model are presented: 

 

 

Figure A.7.1. Schematic representation of the main inputs required by the 
geochemical model WITCH. 
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The output is injected at each time step into the speciation module that 

calculates the complete speciation of the solution for some chemical species 

as H+, OH-, HCO3
-, CO3

2-, H2CO3, Al3+, AlOH2
+, Al(OH)2+, Al(OH)4

-, H4SiO4, 

H3SiO4
-, H2SiO4

2-. WITCH does not include a nucleation model, and 

precipitation rate is assumed to be proportional to the reactive surface area of 

the mineral, an input parameter calculated from the observed relative 

abundance of minerals in the ash layer. Reactive surface area is distributed 

among the various minerals according to their volume abundance; itself 

calculated form the weigh abundance reported for the ash layer (Goddéris et 

al., 2006). 

 

A.7.1.1. General context for the main inputs used in our case 

study 
 

A.7.1.1.1. Characterization of the rhyolitic ash deposit 

 
The main characteristics of our simulated volcanic ash deposit were estimated 

from the geological registers documented for one of the biggest eruptions in 

Yellostone (Lava Creek Tuff 640 000 years ago) (Christiansen, 2001). The 

average chemical composition of the rhyolitic ash deposit was 77.07 ± 0.1 wt. 

% of SiO2, 12.5 ± 0.36 wt. % of Al2O3, 1.44 ± 0.27 wt. % of FeO, 0.07 ± 0.06 

wt. %  of MgO, 0.36 ± 0.11 of  wt. % Ca, 3.26 ± 0.4 of wt. % Na2O and 5.15 

± 0.19 of wt. % K2O. The average idealized mineralogy (CIPW norm) was 

36.54 ± 3.53 wt. % of quartz, 30.44 ± 1.15 wt. % of K-feldspar, 27.57 ± 3.42 

wt.  % of albite and 1.58 ± 0.62 wt. % of anorthite. We considered that 80 

vol% of the deposit corresponds to rhyolitic glass. The chemical formula 

estimated was Al0.19Ca0.005Fe0.02K0.09Mg0.001Na0.08SiO2.40. In terms of petrology of 

the rhyolites of the Yellowstone Plateau volcanic field, Christiansen (2001) 

has signaled that the historical deposits coming from Lava Creek Tuff have 

phenocrysts of quartz, sanidine and subordinate sodic plagioclase. Minor 

phenocrysts include magnetite, ilmenite, ferroaugite, fayalite, iron-rich 

hornblende, zircon, chevkinite and allanite. 

 

 

A.7.1.1.2. Surface coverage 
 

The surface covered by the rhyolitic ash deposit was defined using the ashfall 

simulated maps presented by Mastin et al. (2014). They used the volcanic ash 

transport and dispersion model Ash3d to estimate the distribution of the 

ashfall from a modern-day super eruption at Yellowstone. Initially in our study 

we have selected the two extreme scenarios corresponding to the minimal and 

the maximal surface covered by volcanic ash reported by Mastin et al. (2014). 
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The briefest eruption (3 days) produces a relative narrow tephra deposit that 

extends toward the southwest. Instead, simulations with an umbrella cloud 

produce ash deposits that are much more widely dispersed. Without the 

umbrella cloud, the 10 mm isopach in the minimal scenario covers 1.2 million 

km2, with the umbrella cloud, it covers 5.4 million, 4.5 times the area (Mastin 

et al., 2014). The maximal scenario corresponds to simulated fall thickness 

resulting from a week-long Yellowstone eruption. The minimal scenario 

corresponds to an eruption with no umbrella cloud that happened during 3 

days (21-27 January) (see Figure A.7.2.).   

 

 

 

MINIMAL COVERTURE 

3 days eruption 

No umbrella cloud 

MAXIMAL COVERTURE 

Week-long eruption 

Umbrella cloud 

  

  

Figure A.7.2. Maximal and minimal surface covered by Yellowstone super 

eruption, presented by Mastin et al. (2014) and compared to the maps used 

in our study. 
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However, the first scenario (minimal surface covered) was not included in the 

final version of the study due to the low probability of occurrence of this kind 

of eruption in nature. 

 

 

A.7.1.1.3. Erupted volume 

 
In our study, the total amount of buoyant ash deposited by the super-eruption 

was already given by the ashfall maps of Mastin et al. (2014), which 

considered that only a fraction of the total erupted volume rouse in buoyant 

ash during a super-eruption. Mastin et al. (2014) fixed a value of 330 km3 

dense-rock equivalent (DRE) of magma. Sparks et al. (2005) mentioned that 

in terms of a super-eruption, the total volume of material erupted is around 

1000 km3 bulk or 400 km3 dense-rock equivalent (DRE). Comparing with the 

geological records, the three major caldera-forming eruptions from 

Yellowstone that produced the Huckleberry Ridge Tuff, Messa Falls Tuff, and 

Lava Creek Tuff expelled about 2450, 280 and 1000 km3 DRE of magma 

(Cristiansen, 2001). Therefore, the 330 km3 volume, used in our study, 

represents about one third of a 1000 km3 DRE eruption, which is above the 

threshold for a super-eruption (1000 km3 bulk or 400 km3 DRE) (Sparks et al., 

2005). 

 

 

A.7.1.1.4. Thickness of the volcanic ash deposit 

 
The tephra deposit was divided in five isopatches of increasing thickness (3, 

7, 20, 70 and 200 mm) surrounding the Yellowstone formed caldera. 

According to Mastin et al. (2014), the radially symmetric isopachs produced 

are only secondarily modified by ambient wind. In order to keep the same 

residence time of water for same depths independently of the isopatch, each 

isopatch was subdivided into layers keeping the same resolution. Thus, the 

3mm isopatch has one layer of 3 mm, the 7 mm isopatch has two layers (3 and 

4 mm), the 20 mm isopatch has three layers (3, 4 and 1.3 mm), the 70 mm 

isopatch has five layers ( 3-4-13-25-25 mm) and the 200 mm isopatch has 8 

layers (3-4-13-25-25-30-50-50 mm).  
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A.7.1.1.5. Temperature 

 

Average temperature values are extracted from the database CRU TS vs.2.1 

(Mitchell and Jones, 2005). This data set comprises 1224 monthly grids of 

observed climate, for the period 1901-2002, and covering the global land 

(excluding Antarctica) surface at 0.5 degree resolution. This database has been 

developed by the Climatic Research Unit at the University of East Anglia and 

the Tyndall Centre for Climate Change Research. 

 

The set of grids provides estimates of month by month variations in nine 

climate variables: daily mean, minimum and maximum temperature, diurnal 

temperature range, precipitation, wet day frequency, vapour pressure and 

cloud cover. (Mitchell and Jones, 2005). 

 

 

A.7.1.1.6. Runoff  
 

The data set used for quantifying the runoff was the UNH-GRDC Composite 

Runoff Fields V1.0. It has been developed by the Water Systems Analysis 

Group (WSAG) at CSRC at the University of New Hampshire (UNH) and the 

Global Runoff Data Centre (GRDC) (Fekete et al., 2000). 

 

The data set combines observed river discharge information with a climate-

driven water balance model in order to develop composite runoff fields which 

are consistent with observed discharges. The method applied utilized a 

gridded river network at 30-minutes spatial resolution to represent the riverine 

flow pathways and to link the continental land mass to oceans through river 

channels (Fekete et al., 2000).  

 
 

A.7.1.2. Simulation code features 
 

The WITCH model turns over the whole planet divided into regions of 1° lat. 

x 1° long., which were assigned with a number. Number 1 has been assigned 

for oceans, 2 for terrestrial crust not covered, 3 to 7 corresponds to covered 

regions increasing the thickness as its increase the value, ranging from 0.3 cm 

to 20 cm respectively (see figures 3.16 and 3.17). The simulation code stops 

in each cell (1° lat. x 1° long), and calculates the output parameters for the 

corresponding covered cells (3-7) for each box, passing through the whole set 

of layers before moving to the contiguous cell. 

 

Due to the huge quantity of data generated by the model, it is not practical to 

print the results every single path of time, obtaining only the final simulated 

values at the end of the simulation. Thus in order to evaluate the evolution of 
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the parameters (geochemical fluxes, CO2 consumption, etc.), we proposed six 

individual runs ranging from 0.1 years, 1 year, 10 years, 100 years, 1000 years 

and 10000 years. For longer time scales (> 10 years), an acceleration factor 

for the simulation has been included in order to diminish the simulation time. 

Being for 10 years (1 year x 10 times), 100 years (10 years x 10 times), 1000 

years (10 years x 100 times) and 10 000 years (10 years x 1000 times). The 

initial conditions for all the simulated runs were obtained from a previous run 

(0.01 years). 
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CHAPTER 8 Conclusions and Outlook 
 

8.1. SUMMARY OF MAIN FINDINGS 
 

The importance of continental chemical weathering on the Si and C global 

cycles is being continuously highlighted with the arrival of new geochemical 

studies (e.g., Oelkers et al., 2012; Jones et al., 2014; Eiriksdottir et al., 2015; 

Raymond, 2017). Mechanistic modelling is a useful tool for describing water-

rock interactions in natural systems. A critical requirement in such approach 

is a sound understanding of the weathering processes. In the case of 

polycrystalline volcanic rock weathering, it is necessary to buildup knowledge 

on the dissolution kinetics and thermodynamics of primary silicate minerals 

and glass and their secondary weathering products. These data can then be 

coupled to hydrological processes.  

 

The experimental work undertaken in this PhD contributes to this effort by 

providing new insight into the dissolution rates of volcanic rocks differing in 

composition and crystallinity. Further, we apply for the first time a 

mechanistic model to predict the mineralogical evolution of a tephra deposit 

subjected to weathering over multimillennial timescales. This allowed the 

computation of the associated weathering fluxes and atmospheric CO2 

consumption.  

  

 

8.2. SUMMARY OF EXPERIMENTAL DETERMINATION OF 

DISSOLUTION RATES OF PARTICULATE VOLCANIC 

ROCKS USING A FLUIDIZED BED REACTOR 

 
We performed a series of dissolution experiments (Chapters 4, 5 and 6) of 

volcanic rocks in the laboratory using a homemade fluidized-bed reactor. A 

fluidized bed reactor offers some advantages over other devices such as the 

flow through reactor. For example, the former allows better agitation while 

diminishing the sample wear.  

 

In chapter 4, we investigated the continuous dissolution of a volcanic ash 

sample (i.e. a pyroclastic rock) of basaltic composition at acidic (pH 2, 3 and 

5) and alkaline (pH 8, 10, 11) conditions. Dissolution was carried out at a 

given pH value for 100 h, and then a new solution pH was introduced while 

keeping the same sample in suspension in the fluidized bed reactor.  

 

Based on the temporal changes in the concentration of Si, Al, Fe, Ca, Mg, Na 

and K, we highlighted incongruent dissolution of the basaltic ash in both 

acidic and alkaline conditions. Further, we inferred the formation of a residual 

layer on the ash surface. The residual layer is Si-rich when dissolution takes 
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place at acidic pH values, and Al-rich in alkaline conditions. The thickness of 

the layer was on the order of a few micrometres, which is in good accordance 

with previous observations from several dissolution studies in silicate glasses.  

Besides, the calculation of the diffusivities of the alkali (Na and K) and 

alkaline earth (Ca and Mg) cations through the residual layer produces values 

that are comparable to those reported in other studies. Finally, we showed that 

dissolution of the ash decreased with increasing pH in the acid pH zone, and 

increased with increasing pH in the alkaline pH zone. The two dissolution 

behaviours could be described by fitting two equations that account for 

changing aH+ and aAl3+.  

 

In chapter 5, we studied the effect of crystallinity on the dissolution rates of 

volcanic rocks. In contrast to previous works, we compared natural rocks (a 

basalt, a dacite and a rhyolite) with their actual glassy counterparts obtained 

through melting and rapid quenching. The dissolution experiments were 

conducted at pH 4 and room temperature in a fluidized bed reactor. The 

dissolution rates were found to decrease with the rock/glass SiO2 content (rbasalt 

>rdacite> rrhyolite). The basaltic rock and the basaltic glass exhibited significantly 

higher 𝑟𝑆𝑖 values than the dacitic and rhyolitic samples, in accordance with 

previous studies. However, discrepancies between the Si-based dissolution 

rate of the crystalline material and that of its glassy equivalent were noticed. 

The Si and Al-based rates were comparable, suggesting stoichiometric 

dissolution of the rock/glass. Only the basaltic glass sample (low Si:O ratio) 

agreed with the dissolution behaviour proposed in a previous study and which 

quantifies the dependence of 𝑟 on the silica content of the solid. The 

discrepancy may arise from different particle size distributions. Alternatively, 

it may point to the important but unknown role of Fe content in increasing the 

susceptibility of Si-rich volcanic rocks to dissolution reactions. Comparable 

dissolution rates were obtained for the rock and glass with basaltic 

composition, in accordance with earlier findings. In contrast, differences were 

noticed for the silicic compositions. We suspected that the rapid dissolution 

of labradorite present in the dacite rock drove the high 𝑟 values. This result 

invalidates the hypothesis that crystalline rocks will always dissolve at a 

slower pace than their glassy equivalents. Interestingly, the rhyolitic rock 

behaved like its glass. We interpreted this finding in terms of similar cooling 

rates, i.e. in the natural environment and in the laboratory.  

 

Chapter 6 tested the hypothesis that the dissolution rate of a polycrystalline 

volcanic rock can be approximated from the dissolution rates of its individual 

silicate glass and mineral constituents. We determined the dissolution rates of 

a basalt, andesite, dacite and rhyolite rock at pH 2, 3 and 5 in our fluidized 

bed reactor (20 °C). The experimentally-derived rate values did not compare 

well with those calculated for the major rock’s silicate constituents from 

kinetics rate laws available in the scientific literature. We posited that the 
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discrepancy originated from the surface areas of the rock constituents actually 

available for dissolution. By adjusting the relative surface areas of the rock 

constituents iteratively, we improved the agreement between the experimental 

and theoretical dissolution rates considerably, except in the case of the basalt. 

Overall, and unsurprisingly, we conclude that the dissolution rates of 

intermediate and silicic volcanic rocks mostly reflect the dissolution 

behaviour of their glass and major mineral constituents. Relatively minor 

mineral phases can, in first approximation be ignored. Further, we suggest that 

the dissolution behaviour of the rock increasingly approaches that of its glass 

constituent as the rock SiO2 content increases.  

 

 

8.3. SUMMARY OF WEATHERING OF CONTINENT-SCALE 

VOLCANIC ASH DEPOSIT USING THE MECHANISTIC 

MODEL WITCH 
 

In chapter 7, we simulated the weathering of a continent-size tephra (rhyolite) 

deposit using the mechanistic model WITCH. The simulations were run for 

weathering periods of 0.1, 10, 100, 1000 and 10,000 yr. The model results 

emphasized the importance of tephra deposit thickness and drainage 

conditions in dictating the spatial distribution of the Si and base cation fluxes 

generated through weathering. We also found that weathering is transport-

limited and that mineral solubility exerted a key control on the development 

of the weathering front in the deposit. The key finding of our study is that 

weathering of a continent-size tephra deposit such as those produced by 

supereruptions is likely to enhance the transfer of dissolved Si to the ocean 

significantly and over timescales of thousands of years. However, this effect 

will not lead to a sizeable consumption of atmospheric CO2 if the tephra 

deposit that is being weathered is devoid of Ca- and Mg-silicate minerals. The 

mechanistic simulation of tephra weathering would benefit from a better 

knowledge of the thermodynamics and kinetics of precipitation/dissolution of 

short-range order allophane minerals that typically form in tephra-derived 

volcanic soils. Additionally, it would be useful to assess the impact of 

vegetation recovery on weathering dynamics. Finally, one could simulate with 

WITCH the weathering of supereruption tephra deposit in a different climate 

zone, i.e. characterized by high runoffs. For example, the eruption of Toba 

volcano (74 ka ago) produced an extensive deposit that blanketed large 

portions of Southeast Asia, including the entire subcontinent of India 

(Chesner, 2011).  
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8.4. INSIGHTS ACROSS CHAPTERS 

8.4.1. Comparison of the experimentally-derived dissolution rates of 

basaltic samples (Chapters 4, 5 and 6) 

In Chapters 4, 5 and 6, we measured the dissolution of basaltic materials (ash-

rock-glass) with low SiO2 content (~45-47%) in different pH conditions (2, 3, 

4, 5, 8, 10 and 11) at 20-25 °C. Figure 8.1 summarizes the main findings. 

 

Figure 8.1. Dissolution rate of the basaltic rock/glass samples collected as a 
function of pH as measured in Chapters 4, 5 and 6. 

 

The comparison focuses only on the dissolution rate values of the basaltic 

material as determined in the acidic zone (pH: 2, 3, 4 and 5), since dissolution 

rate values in the alkaline zone (pH: 8, 10 and 11) were measured exclusively 

for one sample, i.e. the Etna ash (Chapter 4). At acidic conditions (pH 5 and 

5.5), the dissolution rates of the Katla rock (24 % glass, Chapter 6) and Etna 

ash (54% glass, Chapter 4) converge (Log rSi,BET ~ -10.5). At pH 4, the 

dissolution rate values corresponded to those of the Etna rock (18% glass) 

(Log rSi,BET = -9.33)  and its glassy counterpart (Chapter 5) (Log rSi,BET = -

8.98). At pH 3 the dissolution rate of the Katla rock (24% glass, Chapter 6) 

(Log rSi,BET = -8.79) was eight times higher than that found for the Etna ash 

(54% glass, Chapter 4) (Log rSi,BET = -9.68). In contrast, at pH 2, the 

dissolution rate of the Etna ash (54 % glass, Chapter 4) (Log rSi,BET = -9.21) is 

twice the dissolution rate of the Katla rock (24% glass, Chapter 6) (Log rSi,BET 

= -9.53). Clearly, a trend that would describe the dissolution behaviour of a 

basaltic composition at acidic pH does not emerge. 
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Using the experimental data from Chapter 4, we can derive an equation (Log 

rSi, BET = 0.29 log (a3
H+ / aAl3+) - 8.83 Eq. [8.1]; R2=0.97; see Figure 4.3) relating 

the dissolution rate of the Etna ash to the activity of H+ and Al3+ in the acidic 

pH zone (pH 2, 3 and 5). This equation was used to estimate the corresponding 

dissolution rates of the basaltic rock (Katla, Chapter 6) based on the calculated 

activities of H+ and Al3+ derived from the experimental concentrations of 

cations (see Appendix 6.5), using the geochemical model PHREEQC 2.6 

(Parkhust and Appelo, 1999). The calculated dissolution rates of the Katla 

rock are plotted in Figure 8.2. 

Figure 8.2. Comparison between the experimental dissolution rates obtained 

for the Katla rock (Chapter 6) and the dissolution rates calculated using the 

equation derived based on the dissolution of the Etna ash (Eq. [8.1], Chapter 

4). The theoretical dissolution rates computed by applying Eq. [4.2] for the 

dissolution of basaltic glass (Gislason and Oelkers, 2003) are also shown. 

According to Figure 8.2, the dissolution rate values obtained by applying Eq. 

[8.1], also described in Chapter 4) are smaller than those produced based on 

Eq. [4.2] from Gislason and Oelkers (2003). The match between the estimated 

and the measured dissolution rate values measured for the basaltic rock in 

Chapter 6 did not improve significantly, except at pH 2. At pH 3 and 5, the 

dissolution rates of the basaltic rock are closer to those corresponding to the 

dissolution of basaltic glass at the same pH using Eq. [4.2], as already 

mentioned earlier (section 6.4.3). 
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8.4.2. Comparison between the experimentally-derived dissolution rates 

of a rhyolitic rock (Chapters 6) and the dissolution rates of the 

Yellowstone rhyolitic ash inferred from the weathering model (Chapter 

7) 

 

We estimated the dissolution rates (r+Si mol m-2 s-1) of the Yellowstone 

rhyolitic ash using the Si exported from the deposit predicted by WITCH at 

different locations across North America (Chapter 7). These locations 

corresponded variable deposit thicknesses (see Figure 7.1). By considering the 

Si concentration maps (mol L-1) produced by the weathering model, the flow 

of water passing through a 1-km2 deposit (L s-1) (runoff (mm yr-1) x surface 

(km2)), the corresponding mass of ash ( average bulk density of 1.30 g cm-3 

based on the range of bulk densities reported for natural ash deposits, 

Leavesley et al. 1989; Spence et al., 2005) and the specific surface area of the 

ash (1 m2 g-1), we estimated dissolution rate values ranging from 2.9 x 10-12 to 

9.8 x 10-10 mol m-2 s-1 (log= -9.01 and -11.5) (Table 8.1). 
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Based on our experimental study (see Table 6.2), the dissolution rates (at 20 

°C and pH 2, 3 and 5) of a Si-rich polycrystalline rocks (dacite: Guagua 

Pichincha and rhyolite: Puyehue) are comprised between 4 x 10-12 and 1 x 10-

10 mol m-2 s-1 (log = -11.4 and -9.9). These values are comparable with those 

derived from the weathering model (2.9 x 10-12 and 9.8 x 10-10; log = -11.5 and 

-9.01). 

Previous studies have repeatedly highlighted that weathering rates measured 

in the field are typically lower (one to five orders of magnitude) than the 

dissolution rates determined in laboratory experiments (e.g., Paces, 1983; 

Velbel, 1986; Sverdrup, 1990; Swoboda-Colberg and Drever, 1993; White 

and Brantley, 2003; Navarre-Sitchler and Branley, 2007; Salehikhoo et al., 

2013). Several authors (Sverdrup and Warfvinge, 1988; Velbel, 1989; 

Hochella and Banfield, 1995; White et al., 1996; Harley and Gilkes, 2000; Li 

et al., 2006, 2010; Maher et al., 2006, 2009; Song and Seagren, 2008; Zhu, 

2009; Moore et al., 2012) pointed such discrepancies probably reflect an 

inability to characterize and account for various inhibitory effects that occur 

in natural systems. There are several factors that may limit weathering rates 

in natural conditions, such as limitations on flow and transport into low 

permeability zones in heterogeneous material; limited diffusion of ions 

(affected by diffusion distance, residence time, tortuosity and soil water 

content); the effect of reaction affinity; changes in reactive surface with time 

(due to mineral coatings, secondary mineral-clay precipitation, and aging of 

reacting minerals), limitations of reactive surface area in natural porous media, 

and inhibitory-enhancing effects of (micro) biological activity. In contrast, in 

laboratory experiments involving continuously stirred or flushed systems, 

surface reactions and not diffusion processes are likely to be the rate limiting 

steps. The WITCH model, does not fully reproduce the natural conditions 

under which dissolution occurs. This may explain why, for the rhyolitic ash, 

there is a good agreement between the modelled dissolution rates and the 

experimental values. 
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8.5. FUTURE PROSPECTS FOR STUDYING CHEMICAL 

WEATHERING OF POWDERED VOLCANIC ROCKS USING 

A FLUIDIZED BED REACTOR 
 

8.5.1. Dissolution behaviour of crystalline and glassy volcanic rocks 

 

In Chapter 4, we highlighted the formation of a micrometric leached layer at 

the surface of the Etna ash subjected to dissolution. A detailed analysis of the 

leached layer using scanning and transmission electron microscopy would 

give more insights into its chemical composition and structure (Valle et al., 

2010; Arab et al., 2008). 

 

In Chapter 5, we compared the dissolution rates of a natural and synthetic 

rhyolitic glass samples. Our results depart from Wolff-Boenisch et al. (2006)’s 

findings, who predicted that the dissolution rate of a natural glass is higher 

than that of its synthetic counterpart (similar Si:O ratios). It would be 

interesting to expand the dataset to other glass compositions. Additionally, the 

influence of Fe content and quenching rate on the dissolution rate of glasses 

with similar SiO2 content deserves further attention. 

In Chapter 6, we argued that the relative surface areas of the main rock glass 

and silicate mineral constituents available for dissolution reactions may differ 

from those inferred based on their volumetric proportions. This hypothesis 

requires more investigations. In particular, detailed surface studies involving 

techniques such as scanning electron microscopy and X-ray photoelectron 

spectroscopy would help to describe more quantitatively the mineralogical 

and chemical evolution of the surface of the weathered samples. For example, 

one should confirm that the adjustment of the reactive surface area as applied 

in Chapter 6 is compatible with a selective weathering mechanism (e.g., Lai 

et al., 2015; Beckigham et al. 2017; Jung and Navarre-Sitchler, 2018). 

 

 

8.5.2. Further applications using the fluidized bed reactor 

 

The dissolution experiments carried out in this study were performed at room 

temperature (20-25 °C). The fluidized bed reactor could be used to derive 

temperature-dependent dissolution rate laws (Lowe, 1986). The results of 

dissolution experiments at different temperatures would provide new insights 

into the dissolution behaviour of polycrystalline rocks. 

 

We measured the dissolution rates of volcanic rock/ash/glass materials using 

reactive solutions with different pH values (2, 3, 5, 8, 10, and 11) and constant 

ionic strength (0.01 M). The effect of ionic strength on dissolution rate is 

worth studying. A significant amount of silicate particles eroded from 
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extrusive magmatic rocks or ash deposits emplaced on the continents reaches 

the ocean (Jeandel and Oelkers (2015). The dissolution of these particles may 

constitute a significant, but largely overlooked, contribution to the dissolved 

chemical load of the ocean. 

 

Finally, there is a lack of knowledge regarding the thermodynamics and 

kinetics of dissolution/precipitation of secondary minerals generated during 

the weathering of volcanic rocks. In particular, new studies should focus on 

allophanic minerals, which dominate the mineralogy of many soils derived 

from volcanic products (Lowe 1986; Parfitt 2009). 

 

 

8.6. SIMULATION OF ASH WEATHERING USING THE 

MECHANISTIC MODEL WITCH 

 

In Chapter 7, we modelled the weathering of a continent-size ash deposit that 

would be generated by a modern-day super-eruption of a hot-spot volcano, i.e. 

Yellowstone caldera in the United States. Similarly, other super-eruptions in 

the past which involved subduction-zone volcanoes produced voluminous ash 

deposits. For example, along the Pacific Ring of Fire, the eruption of Toba, 

Indonesia, expelled 2800 km3 of magma in a single event 74,000 years ago. 

An extensive ash deposit blanketed large portions of Southeast Asia, including 

the entire subcontinent of India (Chesner, 2011). Climate in these equatorial 

latitudes differs from that found in the mid latitude region covered by the 

Yellowstone ash deposit. In South East Asia and parts of India, a high runoff 

regime may prevail, potentially enhancing weathering rates (Hartman et al., 

2009). Thus, using the mechanistic model WITCH, it would be interesting to 

assess the impact of weathering of a Toba-like ash deposit (in equatorial 

latitudes) on the Si weathering flux and atmospheric CO2 consumption, and to 

compare the results with the Yellowstone case study. 
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